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Abstract 46 

The protracted oxygenation of the ocean-atmosphere system is one of the most fundamental 47 

changes to the Earth system through its history. The uranium isotopic composition (238U/235U, 48 

denoted as δ238U) of marine carbonates has been developed as a proxy to quantitatively track the 49 

timing, duration, and extent of global marine redox chemistry changes. This proxy has been applied 50 

to many critical evolutionary intervals in the last decade, significantly advancing our understanding 51 

of how life on Earth and its environment have co-evolved through geological history. Successful 52 

application of the uranium isotope paleoredox proxy requires a thorough understanding of the marine 53 

uranium budget, the processes by which seawater U-isotope signatures are recorded in marine 54 

carbonates, and the potential for alteration of these primary signatures by syn- and post-depositional 55 

diagenetic processes. Here, we provide a critical review of the U isotope proxy in marine carbonates 56 

with a focus on the current problems and areas where future work is needed to further develop this 57 

proxy. We also use a recently developed global C-P-U cycle model to illustrate that when the carbon 58 

cycle is perturbed by volcanic carbon injections, the ensuing transient relationship between seafloor 59 

anoxic area and δ238U can be complex and sometimes counter-intuitive. 60 
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1. Introduction 64 

Profound changes in the abundance of molecular oxygen (O2) in Earth’s atmosphere and oceans 65 

has shaped the course of biological evolution (Fig. 1; e.g., Canfield, 2005; Lyons et al., 2014; Sperling 66 

et al., 2015; Li et al., 2017; Zhang et al., 2018a, 2019a). Understanding the redox history of surface 67 

environments is therefore central to understanding the evolution of the Earth as a planet capable of 68 

hosting complex life. 69 

Uranium (U) isotopes (238U/235U, reported as δ238U) in marine carbonates have emerged as an 70 

important tool for determining the oxygenation state of ancient oceans. The basic principles 71 

underlying this proxy are that (1) U is a redox-sensitive element whose solubility is strongly 72 

controlled by dissolved oxygen levels (e.g., Tribovillard et al., 2006), and (2) redox reactions result 73 

in large and detectable isotope fractionations that are unrelated to radioactive decay of U (e.g., Weyer 74 

et al., 2008; Andersen et al., 2016; Brown et al., 2018). As a consequence, seawater U isotopic 75 

compositions reflect changes in marine redox conditions. Dissolved uranium exists mainly as U(VI) 76 

in the form of uranyl and uranyl carbonate ions in seawater, which is readily incorporated into marine 77 

carbonates, either biogenic or abiogenic, with a relatively limited range of isotope fractionation (Fig. 78 

2; e.g., Stirling et al., 2007; Weyer et al., 2008; Romaniello et al., 2013; Andersen et al., 2014; Tissot 79 

and Dauphas, 2015; Chen et al., 2016, 2018; Tissot et al., 2018), serving as an ideal archive of 80 

seawater δ238U (e.g., Brennecka et al., 2011; Dahl et al., 2014, 2017; Lau et al., 2016, 2017; Jost et 81 

al., 2017; Bartlett et al., 2018; White et al., 2018; Clarkson et al., 2018; Zhang et al., 2018a, 2018b, 82 

2018c, 2019a, 2019b, 2020a, 2020b; Wei et al., 2018; Tostevin et al., 2019; Gilleaudeau et al., 2019). 83 
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In surface environments, uranium is present either as soluble U(VI) or sparingly soluble U(IV). 84 

Uranium oxidation occurs predominantly in oxic terrestrial environments, and this process is not 85 

associated with a large isotope fractionation (Andersen et al., 2014; Tissot and Dauphas, 2015; Wang 86 

et al., 2015). Reduction of U(VI) will lead to U(IV) removal from solution (i.e., solid phase U 87 

accumulation; Tribovillard et al., 2006), and this process is accompanied by a large isotope 88 

fractionation (up to 20 times typical analytical uncertainty; Stirling et al., 2007; Weyer et al., 2008; 89 

Andersen et al., 2014). Uranium reduction in natural environments today appears to be predominately 90 

biotic (e.g., enzymatic activity of sulphate or other dissimilatory metal-reducing bacteria; Barnes and 91 

Cochran, 1993; Rademacher et al., 2006; Basu et al., 2014; Stylo et al., 2015), and the fractionation 92 

associated with this process is caused by the nuclear volume effect (NVE) (Bigeleisen, 1996; Nomura 93 

et al., 1996; Schauble, 2007), which favors the heavy 238U isotope in the reduced state. However, 94 

abiotic reduction also results in observable isotope fractionation (e.g., Stylo et al., 2015), which can 95 

be due to the NVE as well as more standard mass-dependent effects (Brown et al., 2018). The 96 

direction of isotope fractionation depends on the rate of U removal (i.e., of insoluble U(IV) from 97 

solution): fast removal is primarily controlled by kinetic effects (mass-dependent fractionation, 98 

fractionation factor α < 1, favoring the light isotope; however, we should note that kinetic 99 

fractionation is very small with α ~ 1 due to the large mass number of U), whereas slow removal 100 

leads to equilibrium (NVE, fractionation factor α> 1, favoring the heavy isotope) (Brown et al., 2018). 101 

Recent work has shown that the rate of microbial U reduction may play an important role in 102 

modulating the magnitude of U isotope fractionation, with limited U isotope fractionation occurring 103 

at the fastest U reduction rates due to diffusion limitation across a boundary layer at the cell surface 104 

(Basu et al. 2020). However, in most natural systems with relatively slow rates of U reduction, the 105 

impact of this effect may be minor. U isotope fractionation can also be influenced by aqueous 106 

speciation―for instance, aqueous Ca concentrations [e.g., which determines the abundance of the 107 
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neutrally charged U species, Ca2UO2(CO3)3(aq), in the solution] can affect the fractionation factor 108 

associated with reduction (Brown et al., 2018). In general, the magnitude of U isotope fractionation 109 

increases with greater proportions of neutrally charged aqueous Ca–U–CO3 species as a function of 110 

seawater Ca/Mg ratio, carbonate chemistry, and pH. We note that changes in aqueous U speciation 111 

are not likely to affect U isotope fractionation over short geological timescales (e.g., few millions of 112 

years) given the long residence time of Ca in seawater. The U speciation (reflecting pH, [Ca2+], etc.) 113 

can also result in a small fractionation during carbonate precipitation (Chen et al., 2016, 2017). 114 

Despite the potential effect of varying U speciation, there is general agreement that the global 115 

extent of reducing marine conditions has the strongest influence on seawater U isotopic compositions 116 

(Andersen et al., 2014; Tissot and Dauphas, 2015, among others). The heavier U isotope (238U) is 117 

preferentially removed from seawater during reduction leaving behind 235U-enriched waters. At any 118 

given time, the U isotopic composition of seawater—as recorded by marine carbonates deposited 119 

under oxic conditions—will track relative changes in the proportions of reducing and oxic settings 120 

(Brennecka et al., 2011; Tissot and Dauphas, 2015; Anderson et al., 2016; Lau et al., 2019). Because 121 

of the long residence time of U in seawater (400–500 kyr for the modern, Dunk et al., 2002), U is 122 

generally well-mixed with a uniform isotopic composition globally, even during geologic intervals 123 

of expanded oceanic anoxia such as the Middle-Late Ediacaran and latest Permian-Early Triassic 124 

(e.g., Brennecka et al., 2011; Lau et al., 2016; Elrick et al., 2017; Wei et al., 2018; Zhang et al., 2018a, 125 

2018b, 2018c, 2019a, 2019b, 2020a; Tostevin et al., 2019).  126 

Building from this framework, the U isotopic composition of ancient carbonates has been used to 127 

identify secular shifts of the redox conditions of past oceans linked to important Earth-system changes 128 

(Brennecka et al., 2011; Dahl et al., 2014, 2017; Lau et al., 2016, 2017; Elrick et al., 2017; Jost et al., 129 

2017; Bartlett et al., 2018; Clarkson et al., 2018; Zhang et al., 2018a, 2018b, 2018c, 2019a, 2019b, 130 

2020a, 2020b; White et al., 2018; Wei et al., 2018; Gilleaudeau et al., 2019; Tostevin et al., 2019). 131 
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During periods of enhanced marine anoxia, the U isotopic composition of seawater is lower owing to 132 

preferential removal of 238U from solution. Even though the foundations of this framework are very 133 

robust, problems with this approach can arise from oversimplified treatment of U isotope mass 134 

balances or from insufficient consideration of diagenetic alteration.  135 

Marine carbonate precipitates, including skeletal and nonskeletal grains (i.e., ooids), appear to 136 

faithfully record modern seawater U isotope value, within 0.09 ‰ (Fig. 2; Romaniello et al., 2013; 137 

Chen et al., 2018), but carbonate sediments are subject to near-continuous diagenetic transformations 138 

in the subsurface environment (e.g., Morse, 2013). Ancient carbonates are overwhelmingly composed 139 

of low-Mg calcite and dolomite today—but in many cases they were deposited as metastable phases 140 

(e.g., aragonite, high-Mg calcite, proto-dolomite) that undergo dissolution and recrystallization upon 141 

burial (Morse, 2013).  142 

The influence of diagenesis on marine carbonate U isotope compositions is a topic of ongoing 143 

research. Recent work from the modern Bahamian carbonate platform has shown that an offset from 144 

overlying seawater typically develops during early diagenesis (e.g., before lithification) with a value 145 

ranging between 0 and 0.5 ‰ (Romaniello et al., 2013; Chen et al., 2018; Tissot et al., 2018). This 146 

observation indicates that modern Bahamian carbonates do not preserve their original seawater 147 

values—a major complication to the use of carbonate 238U as a paleoredox proxy. A correction factor 148 

can, in theory, be applied to account for this early diagenetic offset (e.g., White et al., 2018; Zhang et 149 

al., 2019a, 2019b), but the magnitude of this effect may vary substantially in different settings, 150 

complicating the paleoredox interpretations (e.g., Zhang et al., 2020b). Although these considerations 151 

introduce a degree of uncertainty, U isotopes nonetheless remain a powerful tool for paleo-oceanic 152 

redox reconstructions. This is especially the case when multiple coeval carbonate sections yield 153 

identical δ238U trends such as those observed across the Ediacaran Shuram negative δ13Ccarb excursion 154 

(Zhang et al., 2019a; Cao et al., 2020) during the terminal Ediacaran period (Zhang et al., 2018c; 155 
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Tostevin et al., 2019; Wei et al., 2018), and across the Permian-Triassic boundary (Brennecka et al., 156 

2011; Lau et al., 2016; Elrick et al., 2017; Zhang et al., 2018a, 2018b, 2020a). In this review, we 157 

critically evaluate the theory of the carbonate U isotope proxy and issues that can be refined with 158 

future work. 159 

 160 

2. Uranium isotopes and diagenesis 161 

One of the main hurdles when using δ238U as a paleoredox proxy is establishing the relationship 162 

between present carbonate values and original seawater values. Most carbonate sediments have 163 

undergone several stages of diagenesis that can include dissolution, recrystallization, and cementation 164 

under the influence of either marine or meteoric fluids, and these reactions often modify the original 165 

chemistry of the sediment. The tendency of a given element to deviate from its original a seawater 166 

signature depends on the degree of disequilibrium between the carbonate and diagenetic fluid, the 167 

water/rock ratio during diagenesis,  the distribution coefficient, and rate of diagenetic reaction (e.g., 168 

Land, 1980; Banner and Hanson, 1990; Maliva, 1998; see Fantle et al. 2020 for a summary). Some 169 

isotopic systems are easily reset (e.g., δ18O; Muehlenbachs and Clayton, 2008), whereas other 170 

geochemical signatures are more resistant to alteration (e.g., δ13C; e.g., Banner and Hanson, 1990). 171 

In general, elements with high distribution coefficient and/or closer to equilibrium between the 172 

carbonate and diagenetic fluid are less sensitive to diagenesis (e.g., Banner and Hanson, 1990; Zhao 173 

and Zheng, 2017). Although the partition coefficients of U(VI) between primary marine carbonates 174 

and seawater are not very high (<2, e.g, Zhao et al., 2016), low concentrations of U in freshwater 175 

(~410-11 g/g, Taylor and McLennan, 1985) may make it rock-buffered. Original U isotope signatures 176 

are more likely to be preserved than those of other trace elements, although the U system can 177 

nonetheless be affected by diagenetic alteration (e.g., Brand and Veizer, 1980; Banner and Hanson, 178 

1990; Chung and Swart, 1990; modelled by Lau et al., 2017; Chen et al., 2018b). Furthermore, the 179 
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redox state of porewaters during diagenesis plays a large role in controlling U diagenetic behavior 180 

(Romaniello et al., 2013; Zhang et al., 2020b). 181 

In addition to bulk carbonates, low-Mg calcite brachiopod shells are regarded as a potential 182 

recorder of seawater δ238U based on the relative thermodynamic stability of low-Mg calcite over 183 

geological timescales (de Leeuw and Parker, 1998) and the general resistance of brachiopod shells to 184 

diagenetic alteration (Samtleben et al., 2001; Wang et al., 2020).  185 

 186 

2.1 Marine diagenesis and authigenic enrichment of reduced U 187 

Reducing porewater conditions associated with the degradation of organic matter within marine 188 

sediments will induce U isotope fractionation during reduction of U(VI) to U(IV) (Rademacher et al., 189 

2006; Romaniello et al., 2013; Stylo et al., 2015; Andersen et al., 2017; Brown et al., 2018). Reduction 190 

leads to preferential incorporation of 238U into secondary minerals, shifting the original isotopic 191 

signatures of carbonates toward higher values (Weyer et al., 2008; Romaniello et al., 2013; Andersen 192 

et al., 2014; Chen et al., 2018b; Tissot et al., 2018). This process has been proposed as the explanation 193 

for the positive offset observed in Bahamian platform carbonate sediments (0 to +0.5‰, Romaniello 194 

et al., 2013) and drillcores (average of +0.27 ± 0.14‰, 1SD; Chen et al., 2018b; Tissot et al., 2018), 195 

influenced by the development of sulfidic porewaters as a result of organic matter degradation. Based 196 

on the assumption that the diagenetic behavior of modern Bahamian carbonate sediments is broadly 197 

representative of carbonate diagenesis in the geological past, the mean offset observed in these units 198 

(+0.27 ± 0.14‰, 1 SD) has been used as a correction factor in reconstruction of seawater δ238U from 199 

ancient carbonates (Chen et al., 2018b). Notably, the magnitude of this offset can have a significant 200 

effect on U isotope mass balance models and paleoenvironmental reconstructions (e.g., White et al., 201 

2018; Zhang et al., 2019a).  202 
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Despite porewater redox fluctuations (e.g., Tribble et al., 1992; Tribble, 1993; Falter and Sansone, 203 

2000), a near-primary marine δ238U signal may be preserved in carbonates if the U system remains 204 

closed or rock-buffered (i.e., the composition of the diagenetic fluid is dominated by that of the 205 

sediment, Banner and Hanson, 1990; Higgins et al., 2018). This is possible because U tends to become 206 

immobile after reduction, as shown by near-zero U concentrations in anoxic porewaters in deep 207 

Bahamian drill cores (e.g., Henderson et al., 1999). Although these considerations highlight the 208 

importance of determining the degree to which a carbonate unit of interest is rock-buffered, more 209 

research is needed to further assess the circumstances for which carbonate δ238U can remain closed 210 

over geological timescales.  211 

 212 

2.2 Meteoric diagenesis 213 

Carbonate sediments are particularly prone to diagenetic transformations when exposed to 214 

meteoric waters during sea-level lowstands (e.g., Melim et al., 2002; Gill et al., 2008; Swart, 2015; 215 

Higgins et al., 2018; Swart and Oehlert, 2018). Meteoric diagenesis can occur above or below the 216 

groundwater table (vadose and phreatic zones, respectively) and in freshwater or mixed freshwater-217 

seawater settings (e.g., Melim et al., 2002; Swart, 2015; Higgins et al., 2018; Swart and Oehlert, 218 

2018). Since U reduction does not occur under oxic conditions, meteoric diagenesis in the vadose 219 

zone should not induce U isotope fractionation. However, dissolution/recrystallization of carbonates 220 

under oxic conditions can potentially alter their original U isotopic signatures (Romaniello et al., 221 

2013; Chen et al., 2018b). Preferential oxidation and remobilization of isotopically-heavy U(IV) 222 

phases during interaction with oxidized meteoritic fluids may lead to preferential incorporation of 223 

heavy U isotopes into secondary carbonate phases in vadose-zone carbonates, as observed in the 224 

Bahamas (Romaniello et al., 2013; Chen et al., 2018b). In the phreatic zone, authigenic U enrichment 225 

can occur under reducing porewater conditions, with isotope fractionation linked to reduction of U(VI) 226 
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to U(IV) (Chen et al., 2018b). The contamination of U(IV) during diagenesis may be resolved by 227 

valence-special U isotopic measurements (i.e. by separating U(IV) and U(VI) and measure their U 228 

isotopic compositions separately) in the future. The final U isotopic signature of meteorically 229 

influenced carbonate sediments depends on the initial marine-carbonate δ238U composition and the 230 

oxidation-reduction history of U in the meteoric system. However, meteoric effects on carbonate U 231 

isotopic compositions have yet to be fully studied and are an obvious direction for future research.   232 

 233 

2.3 Dolomitization 234 

Dolomitization can occur through multiple different processes resulting in a wide range of 235 

potential effects on original δ238U signals, depending on the style and timing of this process (i.e., early 236 

versus late dolomitization) (Hood et al., 2016, 2018; Zhang et al., 2018a, 2018c, 2019b, 2020a; Dahl 237 

et al. 2019). Large U isotopic variability has been reported within dolomitized units, with some 238 

yielding very negative δ238U signatures (to −0.84‰; Stirling et al., 2007; Romaniello et al., 2013; 239 

Herrmann et al., 2018) and others higher signatures (to −0.05‰; Romaniello et al., 2013; Herrmann 240 

et al., 2018). The lower values are regarded as not a product of the dolomitization process itself but, 241 

rather, incorporation of U from an isotopically light source (Romaniello et al., 2013; Herrmann et al., 242 

2018). Recent work has interpreted the lack of covariation between δ238U and δ13C or δ18O in 243 

dolomites as evidence that the dolomitization process did not alter the U isotope signature, despite 244 

significant changes in stable isotopic compositions (Herrmann et al., 2018). Moreover, the congruent 245 

behaviour of dolomites in relation to non-dolomitized samples, as seen in the modern Bahamas 246 

(Romaniello et al., 2013), Permian-Triassic units (Brennecka et al., 2011; Lau et al., 2016; Elrick et 247 

al., 2017; Zhang et al., 2018a, 2018b, 2019b, 2020a), and Ediacaran units (Zhang et al., 2019a), 248 

suggests that syngenetic and early diagenetic dolomite can still track seawater U isotope patterns. 249 

However, each dolomitized unit is unique and must be independently evaluated. Because 250 
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dolomitization is a fluid-rich process, there is great potential—especially during late-stage 251 

dolomitization—for significant overprinting of original U isotope signatures if those fluids have 252 

different δ238U and high U concentrations that result in a fluid-buffered system. Additional research 253 

on various types of dolomite formation is needed for a more complete understanding of the effects of 254 

this process on carbonate U isotope signatures. 255 

 256 

2.4 Primary and secondary signatures in pelagic carbonates 257 

Modern pelagic carbonates from oxic environments have not yet been studied in the same 258 

detail as platform settings, leading to a limited knowledge of both the relationship of carbonate δ238U 259 

to modern seawater and its preservation during diagenesis. Pelagic carbonate sediments are important 260 

archives for events such as the Paleocene−Eocene Thermal Maximum (PETM) and Mesozoic oceanic 261 

anoxic events (OAEs) (Clarkson et al., 2018), and further study is required to understand U isotope 262 

signals in such settings. Tissot et al. (2018), who analyzed δ238U for mixed aragonite and calcite slope 263 

carbonates from the Bahamas, suggested that the more calcite-rich samples (i.e., those with a greater 264 

fraction of pelagic-derived material) tend to have δ238U closer to modern seawater compared to 265 

samples with a greater fraction of platform-derived material, which tend to show greater positive 266 

offsets in δ238U. By contrast, a negative δ238U offset of ~0.15‰ relative to seawater that was measured 267 

in pure calcitic pelagic sediments of Holocene age from the Indian Ocean was hypothesized to reflect 268 

initial U fixation via adsorption to calcite (Clarkson et al., 2020), in a manner similar to clays (Jemison 269 

et al., 2006) and Fe-Mn-oxides (Brennecka et al., 2010). Importantly, adsorption-related isotope 270 

fractionation may occur during synsedimentary diagenesis, accompanying the early precipitation of 271 

calcite cements and overgrowths, but U isotope measurements on isolated planktonic and benthic 272 

calcifiers have not been made to date. The importance of adsorption-related isotope fractionation in 273 

pelagic sediments requires further investigation at a greater number of localities.  274 
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The later diagenetic preservation of δ238U signatures in pelagic settings is also poorly 275 

understood. There are a number of reasons why diagenetic alteration of δ238U in pelagic sediments 276 

may differ from that in platform settings, including the fact that pelagic sediments tend to be relatively 277 

diagenetically ‘unreactive’ due to the thermodynamic stability of their low-Mg calcite composition 278 

(e.g., de Leeuw and Parker, 1998; Swart., 2015), the greater homogeneity of their sedimentary 279 

components, lower organic carbon accumulation rates, and early diagenetic fluid compositions that 280 

are similar to seawater. Whilst their low-Mg calcite composition limits extensive recrystallization, U 281 

concentrations in calcitic pelagic carbonates are typically 10-100 times lower than modern aragonitic 282 

platform carbonates due to the structural coordination change required for U incorporation into calcite 283 

(Reeder et al., 2000, 2001), which can potentially make their U isotope compositions more sensitive 284 

to diagenetic change. Despite differences in diagenetic pathways, pelagic carbonates can also 285 

experience changes in porewater Ca concentrations due to pressure solution of calcite during burial 286 

(e.g., Schlanger and Douglas, 1974; Frank et al., 1999), which may lead to aqueous U-speciation-287 

related isotope fractionation (Brown et al., 2018) in a similar manner as in platform settings. Redox-288 

related authigenic U enrichments that would lead to the accumulation of isotopically heavy U(IV) 289 

(Romaniello et al., 2013, Chen et al., 2018; Tissot et al., 2018) can also occur during burial (e.g., 290 

Morford et al., 2005). 291 

Whilst differences in U diagenetic behaviour between platform and pelagic carbonates are 292 

largely theoretical at this point, one study of the mid-Cretaceous OAE2 has highlighted important 293 

differences between these environments. Clarkson et al. (2018) analyzed uranium isotopes in three 294 

sections, including two pelagic chalk deposits (Eastbourne and South Ferriby, UK) and a platform 295 

section (Raia del Pedale, Italy). The Eastbourne section consists of poorly lithified chalk and is 296 

petrographically the best preserved, whereas the South Ferriby section is slightly more lithified and 297 

contains an organic-rich horizon, and the Ria del Pedale section shows evidence of extensive 298 
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recrystallization and partial dolomitization and, thus, is the most strongly altered. These sites have 299 

different δ238U compositions for the post-OAE2 interval, with Eastbourne yielding the lowest δ238U 300 

values (−0.46 ± 0.05 ‰, 1SD), South Ferriby being ~+0.1 to 0.2 ‰ higher, and Raia del Pedale being 301 

~+0.2 to 0.3‰ higher. In this example, the platform carbonates exhibit the greatest degree of 302 

recrystallization and the highest δ238U values. Furthermore, coeval black shales from ODP Site 1261 303 

(Montoya-Pino et al., 2010) yield δ238U values that are ~0.5 to 0.6‰ higher than those in the 304 

Eastbourne section, which is consistent with the expected direction and magnitude of fractionation 305 

under anoxic conditions. Based on these patterns, Clarkson et al. (2018) inferred that the Eastbourne 306 

section preserved δ238U values closest to the original seawater composition, and that the smaller 307 

offsets of pelagic carbonates from inferred seawater δ238U were due to their generally lower degree 308 

of alteration compared to platform deposits. Although further work is required to understand U in 309 

pelagic carbonates, such offsets represent a useful tool for identifying the best-preserved sections and 310 

provide confidence in the identification of seawater U isotope signatures. 311 

 312 

2.5 Geochemical tests for diagenetic influences on U isotopes 313 

Geochemical tests (δ18O, Mn content, Sr content, Mn/Sr, Mg/Ca, Sr/Ca, TOC) are commonly 314 

used to evaluate the extent of diagenesis in marine carbonates and its possible influence on δ238U 315 

signatures (Dahl et al., 2014; Lau et al., 2016; Herrmann et al., 2018; Romaniello et al., 2018; Zhang 316 

et al., 2018c). However, considering that every formation has a unique diagenetic history, and that U 317 

isotope fractionation is not intrinsically governed by diagenetic transformations, such proxies should 318 

be treated as first-pass filters. Owing to differences in water/rock ratios, primary carbonate δ18O 319 

values are almost invariably altered but δ13C values only rarely so (Banner and Hanson, 1990). 320 

Uranium is intermediate in terms of its susceptibility to water-rock exchange (Lau et al., 2017; Chen 321 

et al., 2018b), and whether a primary signature is retained depends not only on water/rock ratios but 322 
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also on the U concentration in diagenetic fluid, porosity, distribution coefficient, isotope fractionation 323 

factor, redox state, the stability of U host phases and timing of their alteration (e.g., Land, 1980; 324 

Banner and Hanson, 1990; Maliva, 1998; Hood et al., 2016; Lau et al., 2017). Mg/Ca and Sr/Ca 325 

variations are commonly linked to differences in primary mineralogy, which are not intrinsically 326 

related to major U isotope fractionation (unless the small, speciation-dependent fractionation 327 

observed in aragonite and calcite precipitation is considered; Chen et al., 2016), as well as 328 

recrystallization. Mn/Sr, which is used to discern diagenetic alteration on the premise that meteoric 329 

fluids are low in Sr and high in Mn, is indicative of diagenetic alteration for values > 1–3 (Brand and 330 

Veizer, 1980). The ratio of Al (and other siliciclastic elements) to Ca can help to evaluate the presence 331 

of detrital material within carbonate sediments, but this is not a major concern considering that most 332 

studies using carbonate δ238U as a paleoredox proxy analyse only the carbonate fraction of the 333 

samples (see Methods). Moreover, carbonate U is not easily contaminated by detrital materials due 334 

to the high partition coefficient of U between seawater and continental upper crust (Zhao and Zheng, 335 

2014). A lack of correlation with total organic carbon (TOC) content has been cited as evidence that 336 

carbonate δ238U values were not systematically influenced by porewater redox conditions (Lau et al., 337 

2016), but a recent study argued against this approach (Tissot et al., 2018).   338 

As a result, standard geochemical tests for carbonate diagenesis, although useful in characterizing 339 

carbonate samples, cannot provide a definitive evaluation of whether measured δ238U values were 340 

altered by diagenesis. A lack of correlation between diagenetic tracers and U-system data (i.e., δ238U 341 

and [U]) is even considered to be expected (Chen et al., 2018b; Herrmann et al., 2018). This, however, 342 

is not the case when evaluating the concentrations of other redox-sensitive metals (e.g., V and Re) 343 

and their relationship to δ238U, as low concentrations of these metals generally indicate a lack of 344 

reducing porewaters and therefore, δ238U values closer to seawater (or less modified after diagenesis; 345 

Herrmann et al., 2018; Zhang et al., 2020b). Geochemical diagenetic tracers in bulk carbonate rocks 346 
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are always more effective if placed in a sound petrographic context, a once standard practice that has 347 

become more infrequent over the past decade (see Hood et al., 2016, 2018). 348 

In summary, diagenetic processes such as dissolution, recrystallization, and precipitation do not 349 

intrinsically impart significant U isotope fractionations (ca. <0.1‰, for biotic and abiotic carbonates; 350 

Chen et al., 2016, 2017, 2018b). It is presumably the composition and amount of the diagenetic fluid 351 

(i.e., fluid- vs rock-buffered diagenesis) together with the redox state of sediment porewater that are 352 

the main factors determining U isotope fractionation during burial and diagenesis of carbonate 353 

sediments.  354 

 355 

 3. The marine U isotope budget 356 

A schematic of the marine U isotope budget is shown in Figure 3. In an oxidative surface 357 

environment (e.g., post-Archean), U is weathered from continental crust and transported by rivers as 358 

dissolved U(VI) to the oceans (Tissot and Dauphas, 2015; Andersen et al., 2017). Because U sources 359 

other than rivers (e.g., dust and groundwater discharge) are minor and not well constrained, riverine 360 

inputs are considered the dominant U source to seawater (Dunk et al., 2002). The global riverine flux 361 

has a δ238U composition within error of that of the upper continental crust (−0.290.03‰; e.g., 362 

Andersen et al., 2017), whereas modern seawater has a 238U of −0.390.01‰ (e.g., Andersen et al., 363 

2014, 2016, 2017; Tissot and Dauphas, 2015). 364 

U is removed from seawater by several sinks, including anoxic settings (such as restricted basins), 365 

reducing sediments, and low-temperature altered oceanic crust, all of which take up isotopically 366 

heavy U. Anoxic settings, which account for the largest flux of U into sediments, also exhibit the 367 

largest isotope fractionation (0.4−1.2‰; e.g., Andersen et al., 2014; Holmden et al., 2015; Rolison et 368 

al., 2017; see also summary in Zhang et al., 2018c), making the anoxic sink a key driver of global 369 

seawater U isotope changes. On the other hand, metalliferous sediments (e.g., Mn oxides) take up 370 
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isotopically light U (Brennecka et al., 2011; Goto et al., 2014; Tissot and Dauphas, 2015; Wang et 371 

al., 2016). Conventionally, oxic-suboxic U sinks are clumped into a single removal flux (the potential 372 

problems of which we discuss below). Hypoxic (or ‘suboxic’, cf. Scott et al., 2008) sinks have a 373 

variable but small U fractionation and lower U accumulation rates than anoxic settings, but they 374 

represent the single largest U sink flux in an oxidizing ocean (Dunk et al., 2002; Andersen et al., 375 

2017).  376 

The rate of change of seawater uranium inventory (Nsw) and its isotopic composition (δ238Usw) can 377 

be described by differential mass balance equations (e.g., Dahl et al., 2014; Lau et al.，2016; Wang 378 

et al., 2016; Zhang et al., 2018b, 2019b): 379 

𝑑𝑁𝑆𝑊

𝑑𝑡
= 𝐽𝑟𝑖𝑣 − 𝐽𝑎𝑛𝑜𝑥 − 𝐽𝑜𝑡ℎ𝑒𝑟                                                                                             Eq. 1 380 

𝑑(𝑁𝑠w∗δ238𝑈𝑠w)

𝑑𝑡
= 𝐽𝑟𝑖𝑣 ∙ δ238𝑈𝑟iv − 𝐽𝑎nox ∙ δ238𝑈𝑎nox −  𝐽

𝑜ther
∙ δ238𝑈𝑜ther                             Eq. 2 381 

δ238𝑈𝑎nox = δ238𝑈𝑠w +△𝑎𝑛𝑜𝑥                                                                                                                  Eq. 3 382 

δ238𝑈𝑜ther = δ238𝑈sw +△𝑜𝑡ℎ𝑒𝑟                                                                                                       Eq. 4 383 

The anoxic and non-anoxic sink fluxes (Janox and Jother) can be defined assuming a first-order 384 

dependence on the seawater U reservoir: 385 

𝐽𝑎𝑛𝑜𝑥 = 𝑘𝑎𝑛𝑜𝑥 · 𝑁𝑠𝑤 · 𝐴𝑎𝑛𝑜𝑥                                                                                                           Eq. 5  386 

 387 

𝐽𝑜𝑡ℎ𝑒𝑟 = 𝑘𝑜𝑡ℎ𝑒𝑟 · 𝑁𝑠𝑤 · 𝐴𝑜𝑡ℎ𝑒𝑟                                                                                                        Eq. 6  388 

 389 

The overall seafloor areas overlain by anoxic bottom waters (fanox) can be expressed by:                                                                                                                                                                                                                                 390 

𝑓𝑎nox =
𝐴𝑎𝑛𝑜𝑥

𝐴𝑜𝑐𝑒𝑎𝑛
                                                                                                                                  Eq. 7 391 

where the subscript ‘sw’ is for seawater, ‘riv’ is for input (i.e., riverine), ‘anox’ for anoxic settings; 392 

and ‘other’ for oxic and hypoxic settings (i.e., all non-anoxic sinks combined). Δanox and Δother denote 393 

the isotopic differences between seawater and anoxic sinks and between seawater and oxic sinks, 394 

respectively; Aanox and Aocean denote seafloor areas overlain by anoxic waters and the entire seafloor 395 
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areas of the ocean, respectively, where Aocean = Aanox + Aother.. fanox corresponds to the fraction of total 396 

seafloor area overlain by anoxic waters at a given time, and k is the removal rate, which depends on 397 

the setting where U is removed.  398 

      Under the steady state assumption, the resulting mass balance can be expressed as: 399 

δ238𝑈𝑠w = δ238𝑈𝑟𝑖𝑣 −
𝑓𝑎nox∙𝑘𝑎𝑛𝑜𝑥∙△𝑎𝑛𝑜𝑥+(1−𝑓𝑎nox)∙𝑘𝑜𝑡ℎ𝑒𝑟∙△𝑜𝑡ℎ𝑒𝑟

𝑓𝑎nox∙𝑘𝑎𝑛𝑜𝑥+(1−𝑓𝑎nox)∙𝑘𝑜𝑡ℎ𝑒𝑟
                                                 Eq. 8 400 

and the extent of anoxia (the parts of the ocean with anoxic seafloor) can be obtained simply by 401 

solving for fanox: 402 

𝑓𝑎nox =
δ238𝑈𝑟iv∙𝑘𝑜𝑡ℎ𝑒𝑟−δ238𝑈𝑜ther∙𝑘𝑜ther

δ238𝑈𝑟iv∙(𝑘𝑜ther−𝑘𝑎nox)−δ238𝑈𝑜ther∙𝑘𝑜ther+δ238𝑈𝑎nox∙𝑘anox
                                                     Eq. 9 403 

Changes in fanox therefore represent changes in the extent of global ocean anoxia at any given time, 404 

becoming the basis of interpretation of the 238U paleoredox proxy. Besides the long-term evolution 405 

of the redox state of the ocean, changes in the global marine redox conditions have occurred in 406 

conjunction with major geologic events such as mass extinctions (Figs. 1 and 4). A number of studies 407 

have investigated changes in fanox in relation to major mass extinction events, including the Ediacaran 408 

extinction (Wei et al., 2018; Zhang et al., 2018c; Tostevin et al., 2019), the Late Cambrian SPICE 409 

event (Dahl et al., 2014), the late Ordovician mass extinction (Bartlett et al., 2018), the late Devonian 410 

mass extinction (Song et al., 2017; White et al., 2018; Zhang et al., 2020b), the end-Permian mass 411 

extinction (Brennecka et al., 2011; Lau et al., 2016; Elrick et al., 2017; Zhang et al., 2018a, 2018b, 412 

2020a), and the end-Triassic mass extinction (Jost et al., 2017; Fig. 4). Collectively, these studies 413 

have confirmed that there were significant variations in the extent of global marine anoxia through 414 

the Phanerozoic, with biocrises commonly linked to periods of expanded anoxia (e.g., Brennecka et 415 

al., 2011; Bartlett et al., 2018; Lau et al., 2016; White et al., 2018; Zhang et al., 2018a, 2018b, 2018c). 416 

However, questions regarding the interpretation of carbonate δ238U records remain. 417 
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First, the use of 238U for determining the extent of ocean anoxia requires the following 418 

assumptions: the 238U of the riverine flux (i.e., the main source of U to the oceans) has not changed 419 

over time; the fractionation factors of the different sinks have not changed over time; and the relative 420 

proportions of the ‘other’ sinks (reducing sediments, altered oceanic crust, biogenic carbonates, and 421 

metalliferous sediments) have also not changed over time. The composition of upper continental crust 422 

is thought to have been unchanged since 2.5 Ga (e.g., Hawkesworth and Kemp, 2006), so an argument 423 

can be made that the 238U of the riverine flux has probably not changed significantly since then. The 424 

‘other’ sinks may also have remained unchanged, and they contribute a small isotope fractionation 425 

(  +0.1‰, Tissot and Dauphas, 2015), so their influence can be assumed to be limited. The inherent 426 

variability of U isotope fractionation associated with U(VI) reduction is undoubtedly the major source 427 

of uncertainty affecting isotopic mass balance calculations (see Lau et al., 2020). In addition, the 428 

speciation-dependency of the U isotope fractionation highlights the relevance of secular variation in 429 

seawater U species, which has likely changed on geological timescales (Chen et al., 2017; Brown et 430 

al., 2018). The maximum (or intrinsic) fractionation during microbial U reduction appears to be 431 

~1.0‰, although this value is dependent on the rate of reduction (Brown et al., 2018; Basu et al., 432 

2020). The fractionation factor between seawater and anoxic settings (∆anox) is not constant and can 433 

vary from ~0.4‰ to ~1.2‰, although open-marine settings appear to be characterized by a somewhat 434 

narrower range (~0.60‰ to 0.85‰; see discussion in Yang et al., 2017 for this justification). The 435 

∆anox also depends on local considerations such as the extent of basinal restriction and the locus of U 436 

reduction (i.e., in the water column, at the sediment−water interface, or within the sediment; Andersen 437 

et al., 2014, 2016, 2017; Rolison et al., 2017; Lau et al., 2020).   438 

Controls on the variability of ∆anox can be more fully explored using a sediment reactive transport 439 

model (Fig. 5; Brüske et al., 2020). In this model, U reduction rates are proportional to sulphate 440 

reduction rates (following Cochran and Barnes, 1993), and a reactive continuum organic matter 441 
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remineralization scheme (see Brüske et al., 2020). This exercise illustrates that, even for a constant 442 

intrinsic fractionation factor (i.e., representing a single U reduction pathway), the isotopic offset 443 

between seawater and anoxic sediments can vary as a function of two factors: the organic matter flux 444 

and the sedimentation rate (Fig. 5). This finding implies that the location of anoxia (in a restricted 445 

basin, on a continental margin, or in the deep ocean) plays a strong role in controlling the effective 446 

fractionation that occurs during U sequestration in anoxic settings (e.g., Lau et al., 2020). Although 447 

this may seem to be a major complication for application of the U isotope paleoproxy, the extra 448 

uncertainty that is introduced can, in theory, be dealt with in future work by coupling U isotope 449 

analyses to spatially explicit biogeochemical models such as cGENIE (e.g., Monteiro et al., 2012). 450 

Eventually, combining global box models and environment-specific reactive transport models can 451 

play a role in interpretation of carbonate 238U data. 452 

Second, anoxic settings can be further divided into euxinic (where sulfide is present in the water 453 

column) and ferruginous (where oxygen and sulfide are absent and Fe2+ is present in the water column) 454 

settings. The early Earth’s oceans are thought to have oscillated between euxinic and ferruginous 455 

conditions for several billions of years (e.g., Sperling et al., 2015). Unfortunately, all studies of U 456 

isotopes from modern anoxic environments are from euxinic settings, leaving ferruginous settings as 457 

a significant knowledge gap. It is generally assumed that euxinic and ferruginous settings induce the 458 

same U isotope fractionation during U reduction (∆anox = 0.60-0.85‰; see Yang et al., 2017), but this 459 

assumption remains to be validated. This is a particularly critical issue in ferruginous (Fe-rich) 460 

environments, where a water column or porewaters with high Fe(II)aq concentrations (e.g., Poulton 461 

and Canfield, 2011; Planavsky et al., 2011) may be able to support near-quantitative reduction of 462 

U(VI) to U(IV), resulting in burial of isotopically unfractionated or minimally fractionated U (Hood 463 

et al., 2016).  We nevertheless emphasize that further comparative U isotope data from modern and 464 

ancient ferruginous settings are required to better assess this issue.  465 
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Third, for some systems, a dynamic solution is superior to a steady state solution, especially when 466 

dealing with U isotopic variations at relatively short timescales (e.g., a few million years or less), 467 

where the exact timing of expansion of marine anoxia is critical to evaluate its role in mass extinction 468 

events (e.g., at the Permian-Triassic boundary; e.g., Zhang et al., 2018b, 2019b).  The isotopic mass 469 

balance equation can be written as: 470 

𝑑(δ238𝑈𝑠w)

𝑑t
=

𝐽𝑟𝑖𝑣∙(δ238𝑈𝑟iv−δ238𝑈𝑠w)−𝐽𝑜𝑡ℎ𝑒𝑟∙△𝑜𝑡ℎ𝑒𝑟−𝐽𝑎𝑛𝑜𝑥∙△𝑎𝑛𝑜𝑥

𝑁𝑠w
                                                    Eq. 10 471 

It is usually necessary to smooth the empirically derived U isotope data to eliminate noise associated 472 

with diagenetic or local influences prior to fitting a dynamic U isotope curve to the data. Given the 473 

uncertainties these processes induce, inverse methods that allow for a range of outputs (e.g., using 474 

Monte Carlo simulations) can be used to propagate uncertainty and provide realistic estimates of 475 

changes in global marine redox conditions.  476 

 477 

4. Coupled global C-P-U cycle modelling of controls on marine anoxia 478 

A coupled global C-P-U cycle model has been developed to test hypotheses regarding the causes 479 

of transient variations in seawater δ238U and, thus, oceanic anoxia (Clarkson et al., 2018; Zhang et al., 480 

2020a, 2020b). This forward model links the carbon cycle, climate, and vegetation controls on the 481 

weathering of phosphorus to the extent of marine anoxia. This model aims to improve on earlier, 482 

simpler box models that prescribed changes in weathering fluxes (e.g., Pogge von Strandmann et al., 483 

2013).  For consistency, it uses the same U cycle parameterization as the ‘inverse’ data-driven model 484 

approach to infer the extent of marine anoxia from δ238U (Eq. 10; described in section 3). This model 485 

has been applied to studies of OAE2 (Clarkson et al., 2018), the end-Permian mass extinction (Zhang 486 

et al., 2020a), and the late Devonian Hangenberg extinction (Zhang et al., 2020b). 487 

 488 

4.1 Approach and key couplings 489 
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The model is a simplified version of the latest iteration of the COPSE model (Lenton et al., 2018), 490 

designed to characterize potential causal links between eruptions of large igneous provinces (LIPs), 491 

increases in atmospheric CO2 and temperature, enhanced weathering, phosphorus inputs to the ocean, 492 

and marine anoxia in a simple yet quantitative way. It can also incorporate changes in vegetation 493 

coverage and associated weathering, but it is not currently set up to accurately portray a pre-plant 494 

abiotic weathering regime. Model state variables are the ocean-atmosphere reservoir of inorganic 495 

carbon (A), the ocean phosphorus inventory (P), and the ocean uranium inventory (U), together with 496 

the isotopic compositions of dissolved inorganic carbon (δA) and uranium (δU). Model forcing 497 

parameters are degassing (D) (linked to seafloor spreading rate), uplift-driven erosion (E), extent of 498 

land colonization by vegetation (V), and lithological or vegetation effects on silicate rock 499 

weatherability (W).  Model equations are given in Table 1 and constants in Table 2. 500 

The model focuses on processes occurring at ~10 kyr to ~1 Myr timescales, with assumed 501 

residence times (based on the modern) of 43 kyr for phosphorus, 400 kyr for carbon with respect to 502 

silicate weathering (or 188 kyr for carbon with respect to silicate weathering plus organic carbon 503 

burial), and 475 kyr for uranium. Carbonate weathering and burial are assumed to be in balance at >10 504 

kyr timescales. For simplicity, atmospheric pO2 is prescribed, but changes in pO2 could easily be set 505 

to scale with organic carbon burial. The model predicts changes in both δ238U and δ13C, allowing 506 

comparisons to data and facilitating the testing of hypotheses, with marine carbonates assumed to 507 

record oceanic dissolved inorganic carbon (DIC) δ13C without isotope fractionation.   508 

This model has several key features (Fig. 6). First, vegetation responds to CO2 forcing and is a 509 

sink for carbon when buried as terrestrial organic matter (often in marine settings). Second, silicate 510 

weathering responds to vegetation, CO2 and temperature, and acts as a sink of carbon (through 511 

carbonate burial) and as a source of P and U to the ocean. Third, marine organic matter production is 512 

dependent on P concentration, organic matter burial acts as a sink for P (as organic P and authigenic 513 
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Ca-P) and organic C, and organic matter oxidation at depth in the water column determines O2 514 

consumption and hence the extent of seafloor anoxia (fanox), which also depends on the (prescribed) 515 

O2 supply. Sediments overlain by anoxic waters act as a strong sink for U and have enhanced 516 

recycling of P back to the water column from Fe-sorbed and organic-P phases in the sediment. This 517 

redox-sensitive P recycling provides a positive feedback on changes in ocean anoxia (e.g., Ingall and 518 

Cappellen, 1990), which intensifies as anoxia expands from today’s value of 0.1–0.3% of the seafloor 519 

(Morford and Emerson, 1999; Reinhard et al. 2013) toward 50% of the seafloor at twice present-day 520 

nutrient levels (or half of present-day oxygen levels). The shorter timescale of the P cycle and 521 

associated changes in ocean anoxia relative to the response time of the U cycle means that the 522 

transient relationship between anoxia and δ238U can be quite complex and sometimes counter-523 

intuitive, as we now illustrate. 524 

 525 

4.2 Carbon injection simulations using the C-P-U cycle model 526 

Rather than try to simulate any specific geologic event with our C-P-U cycle model, we illustrate 527 

the differential response of the model to carbon-cycle injections of varying magnitude. As a baseline, 528 

we adopt the present-day steady state condition, with fanox = 0.0025, δ238U = −0.36 ‰ and δ13C = 529 

1.82 ‰. We note that the system is more sensitive to carbon-cycle perturbations at higher baseline 530 

levels of anoxia (and correspondingly lower δ238U), which can be achieved by increasing degassing, 531 

erosion or weatherability, or lowering pO2. Estimates of the carbon released from the emplacement 532 

of massive LIPs such as at the Permian-Triassic boundary, the Triassic-Jurassic boundary, or 533 

associated with Oceanic Anoxic Event 2 at 94 Ma, are typically on the order of ~1018 mol C over 534 

timescales of ~100 kyr (McElwain et al., 2005; Percival et al., 2015; Schneebeli−Hermann et al., 535 

2013; Clarkson et al., 2015; Zhang et al., 2020a). This implies a mean flux of ~1013 mol C yr−1, 536 

representing the average rate of carbon release. However, peak rates of carbon release are thought to 537 
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have temporarily exceeded this—especially during the Permian-Triassic biotic crisis (Svensen et al., 538 

2009; Black et al., 2012). To represent this, we used a simple ‘witches hat’ function (linear increase 539 

followed by linear decline at the same rate).   540 

We explored cumulative carbon releases of 1.0, 1.5, 2.0 and 3.0 × 1018 mol C, with a δ13C 541 

composition of −5‰,  starting at 0.1 Myr in the model simulations and lasting for 100 kyr (i.e., to 0.2 542 

Myr), resulting in peak release rates of 2, 3, 4, 6 × 1013 mol C yr−1 at 0.15 Myr) (Fig. 7a).  These 543 

simulations yielded a range of peak CO2 values from ~1.5 to 3 times PAL (and peak temperature 544 

increases of 1.7−4.4 K) at ~40 kyr after the peak carbon release, generating a corresponding ~1.4−2.2-545 

fold peak increase in silicate weathering and associated P and U riverine fluxes at that time. These 546 

results span a range of qualitatively different responses of ocean anoxia, U cycling, and δ238U, as 547 

illustrated by the 1, 2 and 3 × 1018 mol C cases. 548 

For the 1×1018 mol C release (Fig. 7a, red solid line), the oceanic P content increases ~1.4 fold 549 

by ~90 kyr after the peak carbon release (Fig. 7b), generating a ~10-fold increase in the maximum 550 

extent of ocean anoxia (i.e., to ~2.7% of total seafloor area) (Fig. 7g). This increase does little to 551 

diminish the Fe-P and Org-P burial fluxes, and ocean P content and anoxia decrease with declining 552 

CO2 (Fig. 7c), temperature (Fig. 7e), and weathering fluxes over the following ~500 kyr. Peak anoxia 553 

generates a 10-fold increase in the anoxic sink of U, which temporarily exceeds the increased U 554 

weathering flux. This causes the oceanic U content to decline by ~20% after ~200 kyr before slowly 555 

recovering (Fig. 7d). The minimum δ238U of −0.52‰ (a −0.16‰ decline) also occurs after ~200 kyr 556 

(Fig. 7f) and is associated with a minimum in the U reservoir size. Note that the U-system minima 557 

occur long after the peak in ocean anoxia, which has already declined from its peak (2.7%) to just 558 

~0.8% of seafloor area by that time (Fig. 7g). In this transient scenario, δ238U tracks the oceanic U 559 

inventory (Fig. 7d) more faithfully than the extent of seafloor anoxia (Fig. 7g), demonstrating that 560 
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the decline (and subsequent recovery) of the oceanic U system entails a lagged response relative to 561 

peak anoxia.   562 

In the case of a 2×1018 mol C release (Fig. 7, black dashed line), a ~1.8-fold increase in weathering 563 

fluxes triggers a ~1.9-fold increase in oceanic P content at ~110 kyr after the peak carbon release (Fig. 564 

7b), as well as a major increase in anoxia to ~38% of total seafloor area (nearly but not quite tipping 565 

into a global anoxic state) (Fig. 7g).  Org-P and Fe-P burial fluxes are suppressed, amplifying the 566 

increase in ocean P and anoxia.  Peak anoxia causes a transient ~60-fold peak in the anoxic U sink, 567 

and ~10 kyr later δ238U reaches a minimum of −1.39‰ (a −1‰ decline) before starting to recover to 568 

higher values (Fig. 7f).  This δ238U minimum is clearly a transient response as it exceeds the steady 569 

state minimum of ~ −0.9‰.  It can occur because the anoxic U flux is still nearly twice the size of 570 

the coeval riverine flux.  Ocean U content declines but takes another ~30 kyr before reaching a 571 

minimum of ~7.5% of its initial value (~150 kyr after the peak carbon release) (Fig. 7d). In this 572 

scenario, the timing of the δ238U minimum nearly corresponds to that of peak anoxia (Fig. 7g). 573 

However, deducing the extent of anoxia from δ238U clearly requires a dynamic model, as the 574 

δ238U−anoxia relationship is different from that of the 1 × 1018 mol C perturbation experiment.  575 

Declining δ238U still indicates declining U reservoir size (Fig. 7d), but once past the δ238U minimum 576 

the relationship breaks down because of the much slower response time of the U cycle.  577 

In the case of 3×1018 mol C release (Fig. 7, yellow dotted line), a ~2.2-fold increase in weathering 578 

is now enough to trigger an abrupt and persistent transition to global ocean anoxia, with >50% of 579 

total seafloor area becoming anoxic by ~50 kyr after the peak carbon release, and >90% becoming 580 

anoxic after ~75 kyr (Fig. 7g).  A transient >100-fold peak in the anoxic U sink occurs after ~50 kyr, 581 

followed by a minimum δ238U of −1.56 ‰ (a −1.2‰ decline) after ~75 kyr (Fig. 7f), at which point 582 

the ocean U content has been reduced to ~6% of its initial value (Fig. 7d).  Anoxia continues to 583 

increase after this time, reaching 99 % of total seafloor area, whilst δ238U recovers to a plateau at 584 
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−0.88 ‰ (i.e., the steady state value for a fully anoxic ocean) as the U content of the ocean continues 585 

to decline to a minimum of ~2.5% of its initial value by ~200 kyr after the peak carbon release. This 586 

outcome is an extreme response, which suggests that stabilizing feedbacks—likely within the P 587 

cycle—are not fully parameterized in this model. Global ocean anoxia is persistent for ~200 kyr 588 

because organic P burial is suppressed below its initial value, and Fe−P burial shuts down thus 589 

amplifying the rise in ocean P content to a peak that is ~2.8-fold its initial value (Fig. 7b). The 590 

recovery from the anoxic event is abrupt (thanks to this positive feedback from the P cycle operating 591 

in the opposite direction) and generates a corresponding (albeit somewhat lagged) increase in δ238U 592 

as well as a much slower increase in the U content of the ocean. In this scenario, the minimum δ238U 593 

occurs before the maximum extent of seafloor anoxia (Fig. 8), producing an interval where increasing 594 

δ238U is associated with increasing anoxia. Furthermore, δ238U is insensitive to the reduction of anoxia 595 

from near 100% to ~50% of total seafloor area.   596 

A summary of these carbon release scenarios as trajectories in fanoxic-δ238U space (Fig. 8) shows 597 

that there is no simple, first-order relationship between transient changes in the anoxic seafloor area 598 

and seawater δ238U when driven through a degassing forcing. Although a degree of overall negative 599 

correlation exists between changes in anoxic seafloor area and seawater δ238U, positive correlations 600 

exist when δ238U and anoxia decline concurrently for smaller C release, or when δ238U and anoxia 601 

increase concurrently in the case of extreme global ocean anoxia. In U-δ238U space (Fig. 8), these 602 

scenarios yield a consistent relationship between declining ocean U content and declining δ238U, with 603 

an initial gradient of ~0.8‰ increasing to ~2‰ at lower (normalized) ocean U contents, which could 604 

be tested with empirical data.  However, the larger the negative excursion in δ238U, the less faithfully 605 

the recovery of δ238U tracks the ocean U reservoir. In fanox-U space (Fig. 8c), the decoupling of fanox 606 

governed by the fast timescale of the P cycle and the slower response of the ocean U reservoir leads 607 

to different gradients of negative correlation as anoxia expands and U declines. Then anoxia typically 608 
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declines towards zero before U starts to recover significantly. In δ13C-δ238U space (Fig. 8d), the initial 609 

carbon injection leads to a decline in δ13C with little change in δ238U, then the expansion of ocean 610 

anoxia and associated organic carbon burial causes δ13C to increase whilst δ238U declines. However, 611 

the non-steady-state response of δ238U to large C injections generates unusual trajectories where δ238U 612 

is recovering to anoxic steady state but δ13C is still increasing. As the anoxic event ends, both δ13C 613 

and δ238U recover. 614 

 615 

4.3 Increased vegetation scenarios using the C-P-U cycle model 616 

To examine whether the model response is different to cooling as opposed to warming events, we 617 

use a series of idealized simulations of increases in vegetation, and its concomitant effect on 618 

weathering. We explored increases in vegetation of +40%, +60%, +80%, and +100%, occurring over 619 

100 kyr between 0.1 Myr and 0.2 Myr in the model run (Fig. 9a). These are purely illustrative 620 

perturbations not intended to relate to any particular past events. However, they serve to generate 621 

increases in anoxia (due to increased phosphorus weathering) accompanied by cooling (due to 622 

increased silicate weathering), to contrast with the preceding warming-anoxia scenarios. The 623 

simulations yielded a range of 50-80% declines in CO2 to ~0.5 to 0.2 PAL (Fig. 9c) and associated 624 

cooling of -2.8 to -6.1K (Fig. 9e) at ~120-220 kyr after vegetation has expanded. Ocean P content 625 

peaks at ~1.5-2.5-fold higher ~30 kyr after vegetation has expanded (Fig. 9b). This causes a wide 626 

range of increases in anoxia, peaking at ~6% to ~93% of seafloor area (Fig. 9g). The ocean U content 627 

declines to ~66% to ~2% of its initial value (Fig. 9d), with the larger drawdowns happening faster 628 

due to a large excess of U removal over U input. This leads to clearly non-steady-state responses of 629 

δ238U for all but the +40% increase in vegetation. δ238U declines by -0.27 to -1.2‰ reaching a 630 

transient minimum of −1.6‰ in the +60% and +80% vegetation cases (Fig. 9f). In these cases, δ238U 631 

recovers much faster because the U reservoir is much smaller hence its response time is much faster. 632 
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Peak δ13C increases of 1.6-3.9‰ occur ~75 kyr after vegetation has expanded, as a lagged response 633 

to peak ocean P driving excess organic carbon burial (Fig. 9h).  634 

The responses of δ238U and ocean U content to increased anoxia associated with cooling are very 635 

similar to their responses to increased anoxia associated with warming (i.e. the trajectories look 636 

similar to the ones in Fig. 8a,c). Hence declining δ238U is strongly correlated with declining ocean U 637 

content, and then δ238U recovers much faster than ocean U content (as in Fig. 8b). The only major 638 

difference in the cooling scenarios is that without any injection of isotopically light carbon the 639 

relationship between δ238U and δ13C is simpler than in the warming scenarios. δ238U and δ13C decline 640 

together; then for +40% and +60% increases in vegetation, δ13C recovers somewhat faster than δ238U; 641 

whereas for +80% and +100% increases in vegetation, δ13C is still increasing as δ238U recovers 642 

towards its anoxic steady state, and then they recover together. 643 

 644 

5. Carbonate-associated uranium extraction methods 645 

The conventional procedure for extraction of carbonate−associated U has been through a selective 646 

leaching procedure followed by chromatographic chemical purification (e.g., Brennecka et al., 2011), 647 

similar to other methods in carbonate geochemistry. Nevertheless, the protocol is not standardized, 648 

with different laboratories using different leaching techniques (Table 3). Preferential digestion of the 649 

carbonate phase in bulk sediments has been achieved using diluted hydrochloric or nitric acid (e.g., 650 

Stirling et al., 2007; Weyer et al., 2008; Dahl et al., 2014; Lau et al., 2016, among others), diluted 651 

acetic acid, (e.g., Dahl et al., 2017, 2019; Bartlett et al., 2018; Tissot et al., 2018), or buffered sodium 652 

acetate (pH 5) (e.g., Clarkson et al., 2018, 2020; Tostevin et al., 2018). Despite differences, the 653 

concept behind the preferential leaching procedure is to liberate all carbonate bound U, whilst 654 

avoiding significant quantities of any non-carbonate fraction (e.g., clays and Mn-oxides). Because of 655 

the inherently heterogenous nature of carbonates (different carbonate components with different U 656 
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isotopic composition, e.g., Hood et al., 2016; Zhang et al., 2018a), step-wise leaching procedures on 657 

modern samples have shown different U signatures depending on the amount of sample digested, yet 658 

the bulk-carbonate results are indistinguishable from seawater (Tissot et al., 2018; Zhang et al., 659 

2018a). For non-modern samples, stepwise leaching has exhibited both distinct 238U for each 660 

fraction (Zhang et al., 2018a) and invariant values (Dahl et al. 2017; Tissot et al., 2018). Incomplete 661 

dissolution of carbonates can also reflect this isotopic heterogeneity (Clarkson et al., 2020). In 662 

addition, leaching experiments on platform carbonates (Lau et al., 2016) have shown no statistically 663 

meaningful differences in U isotopes using a wide range of molarities of hydrochloric and nitric acid 664 

(between 0.125 and 4 M). Extensive leaching tests on pelagic carbonates, where the carbonate phase 665 

has much lower U concentrations (ppb levels), also demonstrate no resolvable difference across a 666 

wide range of leaching acid strengths and concentrations (Clarkson et al., 2020). It was suggested 667 

that the lack of detrital signature in the leachates could be partly due to the loss of accessible U during 668 

terrestrial weathering (cf. Carpentier et al., 2013) with the primary detrital phase in pelagic sediments 669 

being predominantly inaccessible refractory minerals (Clarkson et al., 2020). Additionally, it was 670 

hypothesised that both pelagic clay-bound and carbonate-bound U had isotopic signatures controlled 671 

by adsorption, which would mean that any clays that are leached by more concentrated acids would 672 

have no effect on the U isotopic composition despite having elevated U/Ca (Clarkson et al., 2020). 673 

As long as complete carbonate dissolution is achieved with a methodology to avoid any non-674 

carbonate phase, results are likely to be consistent. This, however, does not mean that the obtained U 675 

isotopic signatures are an accurate reflection of seawater. Each carbonate rock sample is unique and 676 

experienced a specific diagenetic history that may react differently under the various leaching 677 

procedures. Unless specific components are analysed separately after careful petrographic 678 

descriptions in order to disentangle their diagenetic history, complete dissolution of carbonates is 679 

recommended so all samples are consistent and 238U results are not component-specific. 680 
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After leaching, samples are spiked using the 236U−233U double spike for internal correction of 681 

instrumental mass bias. Then, U is purified using ion-exchange resin column chemistry. 682 

Chromatographic separation and purification of U can be achieved using different ion-exchange 683 

resins (with the most commonly used being UTEVA) and different numbers of column passes, from 684 

1 or 2 (e.g., Zhang et al., 2018a) to 4 (e.g., Dahl et al., 2014, 2017, 2019). Two examples of a UTEVA 685 

purification method are given in Tables 4 and 5. The protocol in Table 4 (1 or 2 column passes) has 686 

widely been used for high U sample purifications (e.g., >50 ng U). In contrast, the protocol listed in 687 

Table 5 (4 column passes) is specifically developed for extremely low-U sample purifications such 688 

as low-Mg calcite brachiopod shells (e.g., ~0.2 g brachiopod shells can only yield a few ng U at most). 689 

Although matrix effects (e.g., from Ca, Na) for high-U samples can be relevant after only one column 690 

pass (Tissot and Dauphas, 2015), the robustness of the double spike method allows using a single 691 

column chemistry to obtain reliable data (Tissot et al., 2018), unless U concentrations are too low 692 

relative to residual matrix elements, to which case more than one column pass (e.g., the protocol in 693 

Table 5) would be recommended to avoid any matrix effect. Uranium isotope measurements are 694 

usually performed by multicollector inductively coupled plasma mass spectrometry (MC-ICP-MS) 695 

and samples are analysed through the sample−standard bracketing method using 696 

CRM−112a/CRM−145 as standard reference material (e.g., Condon et al., 2010; Connelly et al., 697 

2012). In summary, complete carbonate digestion, double spike, and preferably two column passes 698 

are recommended for having interlaboratory uniformity. 699 

 700 

6. Future directions 701 

Uranium isotopes in marine carbonates have been used to fill in the picture of the evolution of 702 

Earth’s oxygenation history. However, improved constraints on U isotope fractionation and better 703 

tools to track the preservation of the original seawater signals due to carbonate diagenesis are needed 704 
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to make global interpretations more robust. The next generation of mass balance models, which will 705 

have variable U removal rates and fractionation factors within different settings, is an obvious step 706 

forward. For example, reactive transport models predict that varying organic matter fluxes and 707 

sedimentation rate will affect the isotope fractionation factor (Brüske et al., 2020; Lau et al., 2020). 708 

The U isotope fractionation factor under modern ferruginous conditions remains an outstanding 709 

knowledge gap to be addressed as it will determine whether carbonate U isotopes track euxinic 710 

conditions specifically or track euxinic and ferruginous conditions as a whole.   711 

Additionally, carbonate diagenesis has the potential to strongly alter original δ238U values.  712 

Within a closed system (low porosity or low flow rate of diagenetic fluids), rock-buffered 713 

preservation of the primary δ238U composition is possible. However, shallow-water carbonate 714 

systems commonly experience open-system diagenetic alteration due to high porosity (e.g., around 715 

0.35) and high flow rates. In future work, we should, as a community, put more focus on how 716 

diagenesis affects the δ238U signatures of primary carbonates, and how the style of diagenesis can be 717 

determined. Petrographic work and multiple isotope approaches are encouraged in future studies to 718 

bolster interpretations of carbonate δ238U as representative of seawater δ238U. Nonetheless, analysis 719 

of multiple stratigraphic sections with a quasi-global distribution and statistically robust datasets will 720 

always provide a means of gauging whether δ238U trends are records of secular seawater 721 

chemistry. The δ238U studies of the last decade have focused on critical evolutionary periods in 722 

geologic history, but attention from the community should also be placed on “non-event” intervals 723 

(e.g., backgrounds leading to the origination and extinction events) to provide a more complete 724 

picture of Earth’s oxygenation history and the variability of δ238U records in the absence of known 725 

redox perturbations. This can be achieved either by high-resolution δ238U data collection using bulk 726 

carbonates or by using low-Mg calcite shells of brachiopods, which is a promising new archive to 727 

constrain the δ238U value of ancient seawater.  The redox state of U in carbonates is also a topic needs 728 
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further investigation, and valence-special U isotopic measurement (i.e., measuring the U isotopic 729 

compositions of U(IV) and U(VI) separately) could be helpful in retrieving the original seawater U 730 

isotopic signal and promoting our understanding of the behavior of U during diagenesis under anoxic 731 

conditions. 732 

In summary, the δ238U paleoredox proxy is still undergoing development, and despite some 733 

complications with sedimentary archives that can record seawater composition with a variable offset, 734 

it can provide globally significant trends, and it will remain an important tool for investigating global 735 

marine redox changes in the past. Future studies that combine the U isotope proxy with weathering 736 

proxies (e.g., Li, Sr, and Ca isotopes), CO2, pH (δ11B), and temperature (δ18O, Δ47CO2) will be also of 737 

great importance to pinpoint feedbacks among climatic events, marine nutrient levels, and 738 

perturbations in marine redox chemistry. 739 
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Figure captions  1064 

 1065 

Figure 1. General relationship between Phanerozoic mass extinction events and marine anoxia. 1066 

The biodiversity curve of marine anima genera is modified from Alroy et al. (2000). Four of the 1067 

“Big Five” Phanerozoic mass extinctions are associated with evidence of expanded marine 1068 

anoxia. The latest Ediacaran extinction was also recently suggested to have been associated with 1069 

an episode of extensive marine anoxia (Wei et al., 2018; Zhang et al., 2018c; Tostevin et al., 1070 

2019).  1071 

 1072 

Figure 2. Compilation of δ238U data for modern carbonates. Note that samples with Mg/Ca 1073 

(mol/mol) ratio of  < 0.1, between 0.1 and 0.5, and >0.5 are classificed as limestone, dolomitic 1074 

limestone, and dolostone, respectively. Data sources: Stirling et al., 2007; Weyer et al., 2008; 1075 

Andersen et al., 2014; Romaniello et al., 2013; Tissot and Dauphas, 2015; Tissot et al., 2018; 1076 

Chen et al., 2018a, 2018b. 1077 

 1078 

Figure 3. U ocean isotope budget. The major single source of dissolved U to the ocean is riverine 1079 

inputs. The ocean U sinks include reducing/hypoxic sediments, restricted euxinic basins, marine 1080 

carbonates, ferromanganese nodules, and altered oceanic crust. 1081 

 1082 

Figure 4. Compilation of U isotope data from the Ediacaran through the Phanerozoic. O/S, 1083 

Ordovician/Silurian; F/F, Frasnian/Famennian (Kellwasser Event); D/C, 1084 

Devonian/Carboniferous (Hangenberg Event); P/T, Permian/Triassic; T/J, Triassic/Jurassic. 1085 

Data sources: Terminal Ediacaran, Zhang et al. (2018c), Wei et al. (2018), Tostevin et al. (2019); 1086 

Early Cambrian, Dahl et al. (2014, 2017); O/S, Bartlett et al. (2018); F/F, White et al. (2018); 1087 



 48 

D/C, Zhang et al. (2020b); P/T, Brennecka et al. (2011), Lau et al. (2016), Elrick et al. (2017), 1088 

Zhang et al. (2018a,b, 2020a); T/J, Jost et al. (2017); OAE2, Clarkson et al. (2018); modern 1089 

Bahamian carbonates, Romaniello et al. (2013). 1090 

 1091 

Figure 5. Results for U isotopic behaviour from a coupled water column-benthic diagenetic 1092 

model. A. the relationship between 238U (the U isotope fractionation between the final buried 1093 

sediments and seawater) and  (sedimentation rate), with the lines representing different 1094 

intrinsic fractionation factor () during microbial U reduction. B. the relationship between the U 1095 

isotopic composition in final buried sediments and net primary productivity (NPP), with the lines 1096 

represent varying seawater U isotopic composition. See Brüske et al. (2020) for the description 1097 

of the model.  1098 

 1099 

Figure 6. The global C-P-U cycle model. Fluxes are defined in Tables 3 and 4. 1100 

 1101 

Figure 7. C-P-U cycle model results for cumulative carbon releases of 1 × 1018 mol C, 1.5 × 1018 1102 

mol C, 2 × 1018 mol C, 3 × 1018 mol C. 1103 

 1104 

Figure 8. C-P-U cycle model trends for cumulative carbon releases of 1.0, 1.5, 2.0, and 3.0 × 1018 1105 

mol C. The trends are generally clockwise with points every 5 kyr.  1106 

 1107 

Figure 9. C-P-U cycle model results for increases in vegetation coverage of 40%, 60%, 80% and 1108 

100%. Note that model scenarios presented here are no light C input to the surface Earth 1109 

system.  1110 

  1111 
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Table 1 Equations for the C, P, U global model 1148 

Variable/Process Equation Units 
Differential equations   

Ocean-atmosphere C dA/dt = Fd – Fw + Fox – Fmorg – Ftorg + FLIP mol C yr-1 

Ocean P balance dP/dt = FPw – FOrgP – FFeP – FCaP mol P yr-1 

Ocean U balance dU/dt = Friv – Fanoxic – Fother mol U yr-1 

C isotope balance dδA/dt = (Fin × (δin – δA) + FLIP × (δLIP – δA) – Forg × (–Δ))/A ‰ yr-1 

U isotope balance dδU/dt = (Friv × (δriv – δU) – Fanoxic × Δanoxic – Fother × Δother)/U ‰ yr-1 

Key variables   

Atmospheric CO2 CO2 = (A/A0)2 PAL 

Global temperature ΔT = kCO2 × ln(CO2) – kSL × (age/570) K, age (Ma) 

Plant CO2 response f(CO2) = 2 × CO2/(1+CO2) - 

Weathering kinetics f(T) = exp(0.09 × ΔT) - 

Ocean anoxic fraction fanoxic = 1/(1+e–kanox × (ku × (P/P0)–pO2)) -, pO2 (PAL) 

Carbon fluxes   

Silicate weathering Fw = kw × E × W × V × f(CO2) × f(T) mol C yr-1 

Carbonate degassing Fd = kd × D mol C yr-1 

Corg oxidation Fox = kox mol C yr-1 

Carbonate weathering Fcw = kcarb mol C yr-1 

Aggregate C input Fin = Fd + Fox + Fcw mol C yr-1 

Terrestrial Corg burial Ftorg = ktorg × V × f(CO2) mol C yr-1 

Marine Corg burial Fmorg = kmorg × (P/P0) mol C yr-1 

Total Corg burial Forg = Fmorg + Ftorg mol C yr-1 

Phosphorus fluxes   

P weathering FPw = kPw × (Fw/kw) mol P yr-1 

Organic P burial FOrgP = Fmorg × ((fanoxic/CPanoxic) + ((1–fanoxic)/CPoxic)) mol P yr-1 

Fe-sorbed P burial FFeP = kFeP × (1–fanoxic) mol P yr-1 

Ca-bound P burial FCaP = kCaP × (P/P0)   mol P yr-1 

Uranium fluxes   

U weathering Friv = kriv × Fw/Fw0 mol U yr-1 

Anoxic U sink Fanoxic = kanoxic × (U/U0) × fanoxic/fanoxic0 mol U yr-1 

Other U sinks Fother = kother × (U/U0) × (1 ‒ fanoxic)/( 1 ‒ fanoxic0) mol U yr-1 
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Table 2 Constants for the C, P, U model 1151 

Process Label Value Reference/Notes 
Temperature    

CO2 sensitivity kCO2 4C 2.8C climate sensitivity 

Luminosity sensitivity kSL 7.4C From GEOCARB 

Ocean anoxia    

Present day anoxic fraction fanoxic0 0.0025 Helly & Levin 2004 

Nutrient utilization efficiency kU 0.5 Lenton et al. 2018 

Sharpness of transition kanox 12 Lenton et al. 2018 

Carbon cycle    

Ocean-atmosphere inventory A0 3.2×1018 molC Modern value 

Degassing kd  8 × 1012 molC yr-1 Clarkson et al. 2018 

Silicate weathering kw 8 × 1012 molC yr-1 Clarkson et al. 2018 

Oxidative weathering kox 9 × 1012 molC yr-1 Clarkson et al. 2018 

Carbonate weathering/burial kcarb 16 × 1012 molC yr-1 Clarkson et al. 2018 

Marine organic C burial kmorg 4.5 × 1012 molC yr-1 Clarkson et al. 2018 

Terrestrial organic C burial ktorg 4.5 × 1012 molC yr-1 Clarkson et al. 2018 

Carbon isotopes    

Composition of LIP input δLIP −5 ‰ Other values can be explored 

Composition of other inputs δin −5 ‰  

Organic fractionation factor Δ 25 ‰  

Phosphorus cycle    

Ocean inventory  P0 3.1×1015 molP Modern value 

Phosphorus weathering kPw 72 × 109 molP yr-1 Clarkson et al. 2018 

Organic P burial kOrgP 18 × 109 molP yr-1 Clarkson et al. 2018 

Iron-sorbed P burial kFeP 18 × 109 molP yr-1 Clarkson et al. 2018 

Ca-bound P burial kCaP 36 × 109 molP yr-1 Clarkson et al. 2018 

Oxic (C/P)org burial ratio CPoxic 250 Van Cappellen & Ingall 1994 

Anoxic (C/P)org burial ratio CPanoxic 1000 Van Cappellen & Ingall 1994 

Uranium cycle    

Ocean inventory  U0 1.9×1013 molU Modern  value 

River input kriv 40×106 molU yr-1 Zhang et al. 2019a 

Anoxic sink kanoxic 6×106 molU yr-1 Zhang et al. 2019a 

Other sinks combined kother 34×106 molU yr-1 Zhang et al. 2019a 

Uranium isotopes    

Composition of river input δriv −0.26‰ Zhang et al. 2019a 

Anoxic sink fractionation  Δanoxic 0.6‰ Zhang et al. 2019a 

Other sinks fractionation Δother 0.005‰ Zhang et al. 2019a, for −0.36‰ today 
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Table 3 A summary of digestion methods for carbonate U isotope analysis. 1154 

  1155 

References Samples Pre-cleaning step Sample digestion

Weyer et al., (2008) coral 2% HCl

Brennecka et al., (2011) ~252 Ma carbonate ~1M HCl

Romaniello et al., (2013) coral, calcifying algae, mollusk cleaning with DI water and ashed at 750℃ 3M HNO3

Andersen et al., (2014) carbonate diluted HNO3

~500 Ma carbonate
rock surface contaminats were leached by

2M HCl
<0.5M HCl

~520 Ma carbonate

~534 - 520 Ma carbonate

Azmy et al., (2015) ~485 Ma carbonate ashed at 750℃ 1M HCl, 1M HNO3

coral, oysters Strong acid

coral, limestone, dolostone
washing by MQ-water and 1 M ammonium

acetate
<20% CH3COOH

~252 Ma carbonate

~660 Ma carbonate

Song et al., (2017) ~372 Ma carbonate 1M HNO3

Elrick et al., (2017) ~259 - 251 Ma carbonate 1M CH3COOH

Jost et al., (2017) ~201 Ma carbonate 0.25M HCl

coral, calcifying algae, mollusk

Bahama carbonate

Wei et al., (2018) ~540 - 500 Ma carbonate ~1M HCl

Bartlett et al., (2018) ~443 Ma carbonate 1M CH3COOH

~94 Ma pelagic and platform carbonate

pelagic carbonate-rich sediments

Tostevin et al., (2019) ~550 Ma carbonate
two-step reductive and oxidative cleaning

procedure

1M sodium

acetate, pH > 5

Gilleaudeau et al., (2019) ~1750 - 750 Ma carbonate 1M HNO3

~252 Ma carbonate 1M HCl

~550 Ma limestone, dolostone 1M HCl

~252 Ma carbonate 1M HCl

~250 Ma limestone, dolostone 1M HCl

~570 Ma limestone, dolostone 1M HCl

~359Ma carbonate 1M HCl

~252 Ma dolostone 1M HCl

Cheng-KY et al., (2020) ~348 Ma carbonate 1M HNO3

0.25M HCl

reductive−oxidative cleaningClarkson et al., (2018, 2019)

Stirling et al., (2007, 2015)

Dahl et al., (2014, 2017, 2019)

Tissot et al., (2015, 2018)

Lau et al., (2016, 2017)

coral, speleothem, chimney 

0.6 M or 1 M sodium

acetate, pH > 5

10 % CH3COOH
rock surface contaminats were leached by

10 % acetic acid

surface contaminants were removed by

ultrasonic agitation with distilled ethanol
diluted HNO3

Chen et al., (2018a, b) 1M HNO3

Zhang et al., (2018a, b, c,

2019a, b, 2020a, b)
rock surface washed by MQ-water

White et al., (2018) ~372 Ma carbonate
rock surface contaminats were leached by

10% HCl
1M HNO3
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Table 4 An example of a “UTEVA purification method” for carbonate U isotope analysis. This 1156 

purification protocol is typically used for high U samples such as bulk carbonates and black shales. 1157 

 

 

load resin load 0.8–1.2 mL UTEVA resin 

clean resin 2.0 mL 0.05 M HCl 

2.0 mL 0.05 M HCl 

2.5 mL 0.05 M HCl 

2.5 mL 0.05 M HCl 

2.5 mL 0.05 M HCl 

2.5 mL 0.05 M HCl 

equilibrate resin 2 mL 3 M HNO3 

2 mL 3 M HNO3 

2 mL 3 M HNO3 

load sample load sample in 3 M HNO3 

rinse matrix, U & Th retained on resin 3 mL 3 M HNO3 

3 mL 3 M HNO3 

3 mL 3 M HNO3 

3 mL 3 M HNO3 

3 mL 3 M HNO3 

convert resin to chloride form 2 mL 10 M HCl 

2 mL 10 M HCl 

2 mL 10 M HCl 

elute Th 2 mL 5 M HCl + 0.05 M oxalic acid 

2 mL 5 M HCl + 0.05 M oxalic acid 

2 mL 5 M HCl + 0.05 M oxalic acid 

remove oxalic acid 2 mL 5 M HCl 

2 mL 5 M HCl 

2 mL 5 M HCl 

change beaker from waste to sample collection 

collect U  2 mL 0.05 M HCl 

2 mL 0.05 M HCl 

2 mL 0.05 M HCl 

3 mL 0.05 M HCl 

4 mL 0.05 M HCl 

 1158 
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Table 5 A four-columns uranium purification method for carbonate U isotope analysis (Dahl et al., 1161 

2014, 2017, 2019). This purification protocol is intended for extremely low U samples such as 1162 

brachiopod shells. 1163 

 1164 

Step Volume N Acid Step Volume N Acid Step Volume N Acid Step Volume N Acid

R 3 7M HNO3 R 3 7M HNO3 R 3 7M HNO3 R 1 7M HNO3

R 3 6M HCl R 3 6M HCl R 3 6M HCl R 3 6M HCl

R 3 0.05M HCl R 3 0.05M HCl R 3 0.05M HCl R 3 0.05M HCl

R 3 H2O

A2. Condition 5 mL 1 7M HNO3 B2. Condition 5 mL 1 7M HNO3 C2. Condition 3 mL 1 8M HCl D2. Condition R 1 6M HCl

A3. Load >1 mL 1 7M HNO3 B3. Load >1 mL 1 7M HNO3 C3. Load 1 mL 1 8M HCl D3. Load 360 µL 1 6M HCl

A4. Settle 10 D 3 3M HNO3 B4. Settle 10 D 3 3M HNO3 100 µL 1 8M HCl 45 µL 3 6M HCl

500 µL 2 8M HCl 200 µL 2 6M HCl

A5. Wash R 3 3M HNO3 B5. Wash R 3 3M HNO3 80 µL 3 7M HNO3 C5. CHANGE BEAKER 7 mL beaker

300 µL 2 7M HNO3

3 mL 1 8M HCl 3 mL 1 8M HCl 45 µL 3 0.05 M HCl

5 mL 2 5M HCl 5 mL 2 5M HCl 50 µL 3 6M HCl R 4 0.05 M HCl

1000 µL 1 6M HCl

A7. CHANGE BEAKER 30 mL beaker B7. CHANGE BEAKER 30 mL beaker

C7. Wash 4 600 µL 1 3M HCl

1 mL 3 0.05 M HCl 1 mL 3 0.05 M HCl

10 mL 2 0.05 M HCl 9 mL 2 0.05 M HCl C8. CHANGE BEAKER 15 mL beaker

90 µL 3 0.05M HCl

R 2 0.05M HCl

Dry down gently overnight (100 degrees) Dry down gently overnight. Dry down gently overnight. Dry down overnight.

Then transfer eluant to 7 mL beaker Take samples up in 1.5 mL 7M HNO 3, flux 15 h Add 1 mL of 7M HNO 3 and flux for approx. 5 h Take samples up in 1mL 7M HNO3, flux overnight

Take samples up in approx. 1.5 mL 7M HNO 3 Take samples up in 1-1.5 mL 8M HCl. Dry down (1-2 hrs) Dry down

Bring up in 360 µL 6M HCl and flux overnight.

B6. Th elute

C6. Wash 3

A6. Th elute

R = reservoir  D = drop

A8. U elute

C9. U elute

U-TEVA 1 (first column)

Column:         10 ml reservoir (R)

Resin:             1 ml U-TEVA resin                       

Sample:          >1 mL 7M HNO3

ANION 1  (third column)

Column:         4 ml reservoir (R)

Resin:             >1 mL AG1-X8 200-400 mesh 

Sample:          1 mL 8M HCl

U-TEVA 2 (second column)

Column:         10 ml reservoir (R)

Resin:             1 ml U-TEVA resin                       

Sample:          1.5 mL 7M HNO3

ANION 2 (fourth column)

Column:      600 µL reservoir (R)

Resin:         20 µL AG1-X8 200-400 mesh         

Sample:      360 µL 6M HCl

B8. U elute

C5. Wash 2

D4. Wash 1C4. Wash 1

A1. Clean C1. CleanB1. Clean D1. Clean

C6. U elute


