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A B S T R A C T

The Paleozoic emergence of terrestrial plants has been linked to a stepwise increase in Earth's O2 levels and a
cooling of Earth's climate by drawdown of atmospheric CO2. Vegetation affects the Earth's O2 and CO2 levels in
multiple ways, including preferential organic carbon preservation by decay-resistant biopolymers (e.g. lignin)
and changing the continental weathering regime that governs oceanic nutrient supply and marine biological
production. Over shorter time scales (≤1 Myr), land plant evolution is hypothesized to have occasionally en-
hanced P weathering and fertilized the oceans, expanding marine anoxia and causing marine extinctions.
Oceanic anoxia would eventually become limited by oceanic O2 uptake as oxygen accumulates in the atmo-
sphere and surface oceans when excess organic carbon is buried in marine sediments. Here, we review hy-
potheses and evidence for how the evolving terrestrial ecosystems impacted atmospheric and oceanic O2 and
CO2 from the Ordovician and into the Carboniferous (485–298.9 Ma). Five major ecological stages in the ter-
restrial realm occurred during the prolonged time interval when land was colonized by plants, animals and
fungi, marked by the evolution of 1) non-vascular plants, 2) vascular plants with lignified tissue, 3) plants with
shallow roots, 4) arborescent and perennial vegetation with deep and complex root systems, and 5) seed plants.
The prediction that land vegetation profoundly impacted the Earth system is justified, although it is still debated
how the individual transitions affected the Earth's O2 and CO2 levels. The geological record preserves multiple
lines of indirect evidence for environmental transitions that can help us to reconstruct and quantify global
controls on Earth's oxygenation and climate state.

1. Introduction

In this review we look at terrestrial plants as a geobiological agent
and their possible imprints on Earth's climate and oxygenation state
during their emergence on the continents. Land plants affect our planet
in a multitude of ways in particular through the hydrological cycle,
Earth's surface energy budget, and the global biogeochemical cycles.
Vegetation changes the water cycling, rainfall, runoff, and soil prop-
erties, harvesting nutrients for biological production that, in turn,
drives carbon sequestration and storage in terrestrial deposits and
marine sediments. At the crux of this is how plants modify the physical
and chemical weathering processes of the land surface with lasting
impacts on the global element cycles. The modifications by land plants
are carried out in networks of interactions with the terrestrial fauna and
fungi that co-evolved with the emergence of plants.
The mid-Paleozoic colonization of land offers a unique opportunity

to study how the terrestrial biosphere affected the Earth's climate and
oxygenation state in the past. A noteworthy hypothesis, known as the

‘Devonian cooling hypothesis’, posits that early afforestation enhanced
atmospheric CO2 removal via enhanced silicate weathering, which led
Earth to transit from a hot greenhouse climate into a glaciated icehouse
(Berner, 1993). This hypothesis is commonly accepted (e.g., Algeo and
Scheckler, 1998; Morris et al., 2015), although recent studies challenge
the temporal correlation between the Late Devonian spread of vascular
plants with deep roots (~380–360 million years ago, Ma) and the main
phase of the Late Paleozoic Ice Age (335–260 Ma) (Goddéris et al.,
2017; Montañez and Poulsen, 2013).
A more recent hypothesis states that the Late Ordovician climatic

cooling also resulted from colonization by non-vascular, rootless plants
(Lenton et al., 2012). Both the Ordovician and Devonian transition have
also been linked to rises of atmospheric oxygen (Berner, 2006; Edwards
et al., 2017; Lenton et al., 2016). In addition, the evolution of early
lignified plants with shallow roots in the Late Silurian to Early Devo-
nian (427.4–393.3 Ma) also changed the terrestrial ecosystems and soil
properties, as might the emergence of seed plants in drier upland en-
vironments. Each one of these events could have affected atmospheric
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CO2 and O2 levels on Earth, but the governing processes are poorly
understood.
Although the interplay between the evolving terrestrial ecosystems

and atmospheric composition continued long after the mid-Paleozoic
(Ordovician–Devonian) and plant evolution modulated climate both
during the Late Paleozoic Ice Age and during the Cretaceous rise of
flowering plants (angiosperms) (Boyce and Lee, 2017; Montañez and
Poulsen, 2013), we focus this review on the environmental impact of
the early history of land plants. We highlight five major ecological
transitions that distinguish the terrestrial ecosystem at different times
(Le Hir et al., 2011), including 1) the invasion of rootless plants, 2) the
invasion of vascular plants with lignified tissue, 3) the invasion of
vascular plants with shallow roots, 4) the invasion of tall, perennial
trees with deep root systems, and 5) the invasion of seed plants in drier
upland environments.
This review aims to provide an all-round perspective on how the

early terrestrial biota has transformed Earth's climate and oxygenation
state. In Section 2 we review the history of early land plants and ancient
soils (paleosols). In Section 3, the obstacles and biological innovations
during terrestrialization are summarized. In Section 4, we discuss the
various effects of terrestrial vegetation on Earth's global biogeochem-
ical cycles with specific focus on consequences to atmospheric O2 and
CO2 levels. Section 5 deals with hypotheses for long-term climate and
O2 regulation on Earth and how the evolving flora may have played into
this. Section 6 summarizes key lines of evidence for mid-Paleozoic en-
vironmental transitions and discuss links between evolving terrestrial
ecosystems and Earth's climate and oxygenation state. In Section 7, we
conclude with an outlook for future research.

2. History of early land plants and terrestrial ecosystems

The timeline for terrestrialization by land plants builds on both
fossil evidence and phylogenetic comparisons of extant plants (e.g.,
Kenrick et al., 2012; Kenrick and Crane, 1997; Qie et al., 2019). Fig. 1
depicts the phylogenetic relationship with first appearances of re-
presentative fossils and approximate age of branch points of the major
land plant lineages. We have added steps in the floral evolution that
represent major ecological transitions. Importantly, the paleontological
and phylogenetic records paint a consistent picture that early land
plants evolved in stages through the mid-Paleozoic (Ordovician–Devo-
nian). The associated stepwise change in terrestrial ecosystems could
also have impacted the carbon cycle in a punctuated manner.

2.1. Vegetation on land before the colonization of land plants (> 510 Ma)

Aquatic plants (algae) evolved ~1.9 billion years ago and appear in
the fossil record> 1.5 billion years ago (Bengtson et al., 2017; Knoll,
2011; Sánchez-Baracaldo et al., 2017). There is evidence that Archae-
plastida, the group that involves red algae, green algae and land plants,
evolved in freshwater habitats on land and that red and green algae
represent later colonizations of the oceans (Sánchez-Baracaldo et al.,
2017). The abundance of algae relative to cyanobacteria in the marine
realm are found to have increased around 650 Ma (Brocks et al., 2017).
Land plants (embryophytes) comprise a distinct lineage of related
plants that appear to have a single origin from aquatic charophycean
green algae (Delwiche and Cooper, 2015; Morris et al., 2018). That
said, land was not barren prior to the advent of land plants. Cyano-
bacteria-based microbial ecosystems would have existed on exposed
soils> 2 billion years ago (Gutzmer and Beukes, 1998; Wellman and
Strother, 2015). Lichens, the composite organism that arises from algae
or cyanobacteria living among filaments of multiple fungi species, have
also been held responsible for impacting terrestrial weathering pro-
cesses and the global carbon cycle since ~850 Ma (Knauth and
Kennedy, 2009). Recent phylogenomic data, however, show that fungal
origins of extant lichenization postdate vascular plants suggesting
modern lichens were not around in the Precambrian and early

Paleozoic (Nelsen et al., 2019). However, algae-fungal symbioses have
emerged multiple times in Earth history and the fungal tree of life is still
less well constrained than the plant tree of life (Gargas et al., 1995;
Hibbett et al., 2007; Lutzoni et al., 2018). The fossil record of lichens is
sparse with putative representatives in the Ediacaran and Early Devo-
nian (Taylor et al., 1995; Yuan, 2005). Today, lichens account for 7% of
Earth's net terrestrial productivity (Elbert et al., 2012). The absence of
lichens and non-vascular plants in the early terrestrial ecosystems
would likely have resulted in drier, shallower and less stable soil eco-
systems with lower productivity.
Fossil soils (paleosols) are preserved throughout the geologic record

(Driese and Mora, 2001; Mángano and Buatois, 2016; Retallack, 2003;
Sheldon and Tabor, 2009). Soils are altered surficial rock or sediment,
composed of mixtures of organic matter, minerals, fluids, and organ-
isms that develop through chemical weathering and deposition of litter
(Amundson, 2014). The earliest soils experienced limited hydrolytic
alteration and contained little humic material and bio-essential ele-
ments (e.g. N, P), which would have posed a serious challenge to plant
colonization. In addition, Precambrian paleosols differ from Silurian
and younger paleosols by the lack of animal burrows (Driese and Mora,
2001).

2.2. Colonization by non-vascular, rootless land plants (~515–470 Ma)

Early land plants reproduced solely by spores (cryptogamic). Seed
plants (spermatophytes) evolved later, and flowering plants (angios-
perms) much later in the Cretaceous (Fig. 1). The origin of land plants
(embryophytes) is estimated to have occurred in the middle Cam-
brian–Early Ordovician, 515.2–473.5 Ma, based on phylogenomic data
encompassing the diversity of embryophytes and utilizing a Bayesian
relaxed molecular clock analysis (Morris et al., 2018).
The earliest fossil evidence of land plants comes from spores and

body fragments (Kenrick et al., 2012). Plant spores have an excellent
fossil record because they are made of sporopollenin that are among the
most decay-resistant substances ever evolved by plants (Kenrick et al.,
2012). Further, spores are naturally produced and shed in large num-
bers during life. The spores will be transported by wind and water over
vast distances into sedimentary deposits, where they have a high fos-
silization potential because of their refractory sporopollenin wall. Di-
agnostic spores of non-vascular land plants are found in mid-Ordovician
(Dapingian, ca. 470 Ma) to early Silurian deposits, although other
spores more ambiguously associated with land plants are known from
the Cambrian (Rubinstein et al., 2010; Wellman and Strother, 2015).
From the mid-Ordovician to the early Silurian, the record is dominated
by fossil spores characteristic of bryophytes (e.g. non-vascular land
plants), demonstrating that the terrestrial flora was already geo-gra-
phically widespread (Fig. 2) and that there was remarkably little spatial
or temporal variation in the composition of assemblages during this
time (Kenrick et al., 2012; Wellman et al., 2013).
Late Ordovician paleosols of the Juniata Formation at Potters Mills

in Virginia USA appear organic-lean as would be expected for a cover of
evergreen, rootless plants of bryophyte-grade (Davies et al., 2010;
Driese and Mora, 2001; Retallack, 2003; Retallack and Feakes, 1987).
Early evidence for plant-animal interactions on land from this site has
been refuted by observations that the Potters Mills was deposited in a
marginal marine setting with animals burrows generated during
drowning events (Davies et al., 2010). Given that Ordovician paleosols
show no clear root traces, we would expect lower respiration rates in
such soils that would have gained only organic matter from above
ground litter (Driese and Mora, 2001). Nevertheless, one study has
suggested high soil respiration rates comparable to modern savannah
grassland soils based on the mole fraction of CO2 in pedogenic goethite
and CO2 exchange fluxes between the soil and atmosphere (Yapp and
Poths, 1994). Thus, Ordovician paleosols are rare and still poorly un-
derstood. A spatially-resolved model for the vegetation cover in the
Ordovician climate shows that bryophytes and lichens potentially could
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have covered as much as 44% of land areas (relative to 74% today) and
supported 24% of modern-day global net primary productivity (Porada
et al., 2016). This potential extent of land vegetation is an overestimate,
especially if lichens evolved later as they provide soil stability for
bryophytes (Nelsen et al., 2019; Weber et al., 2016).

2.3. Evolution of vascular plants and ground-hugging root plants
(~430–410 Ma)

Vascular plants (tracheophytes) originated in the Late Ordovician-
Early Silurian, 450.2–419.3 Ma, as dated by relaxed molecular clocks
(Morris et al., 2018). The first fossil evidence comes from trilete spores
in sediments of Sandbian age (458.4–453.0 Ma). which are pre-
dominantly produced by vascular plants today. This may push the
origin of vascular plants a bit further back in time (Rubinstein and
Vajda, 2019; Steemans et al., 2009; Wellman et al., 2015). In any case,
vascular plants likely first became ecologically important in the late
Middle to Late Silurian (433.4–419.2 Ma) where a dramatic increase in
the diversity and abundance of trilete spores occurred (Wellman et al.,
2013). At the same time, cryptospore dyads become an increasingly
rare constituent in spore assemblages, suggesting a vascular vegetation
cover started to dominate over non-vascular vegetation (Kenrick et al.,
2012). The oldest body fossil of vascular plants might be, Cooksonia,
found in Central Europe and Avalonia by Wenlock (433.4–427.4 Ma),
and soon after it occurs at higher latitudes on Gondwana by Ludlow
(427.4–423.0 Ma) (Edwards et al., 1983; Libertín et al., 2018; Morel
et al., 1995; Wellman et al., 2013). Yet, some Cooksonia sporophytes
were inadequately photosynthetic and had a bryophyte-like ecology
(Boyce, 2008). Lignified tissue was produced by land plants of Silurian-

Early Devonian age (e.g. Asteroxylon), but likely not all early vascular
plants (e.g. Aglaophyton, Rhyniophytes) deposited lignin in the con-
ducting cells to produce true tracheids as seen in modern vascular
plants (Boyce et al., 2003). Generally, the early record of vascular
plants is dominated by wet lowland environments (Greb et al., 2006).
Some Cooksoniawere arguably poikilohydric, i.e. they lacked the ability
to regulate water content within the cells relative to the ambient en-
vironment (Boyce and Lee, 2017).

Baragwanathia is a genus of extinct lycophytes (club mosses) that
grew up to 1 m tall and with stems up to a few centimeters of thickness.
It appears far the most advanced plant of its time. Baragwanathia fossils
have been reported from Australia, Canada, Czech Republic and
Podolia (Ukraine) in strata of Gorstian (427.4–425.6 Ma) to Emsian
(407.6–393.3 Ma) age (Hueber, 1983; Kraft and Kvaček, 2017;
Rickards, 2000; Tims and Chambers, 1984). One specimen from the
Czech Republic has been found with marine species (bryozoans and
brachiopods) attached to its lower part, suggesting that specimen grew
in marine waters (Kraft and Kvaček, 2017). An alternative explanation
is that it was transported into the shallow sea.
It is generally accepted that Middle and Late Silurian plants lacked

true roots. Instead, they had stems that ran along the surface and just
beneath the surface of the soil as runners and rhizomes furnished with
thin unicellular root hairs (Kenrick and Crane, 1997). Some of the
earliest evidence of roots comes from Drepanophycus, known from the
Early Devonian (Lochkovian, 419.2–410.8 Ma), and their close relatives
in the extinct zosterophylls (e.g. Sawdonia) of similar age. These
‘ground-hugging’ plants were among the first to develop small, simple
root-like structures (Gensel et al., 2001; Raven and Edwards, 2001).

Fig. 1. Timeline of non-vascular to vascular plants 480–320 Ma. Five stages are highlighted, each with distinct terrestrial ecosystems that may have affected the
Earth's climate and oxygenation state. Phylogenetic relationships of major land plant lineages are shown with approximate branch points (according to references given
in the text), providing the earliest date for the expected ecosystem change. Also, first appearances of selected fossils discussed in the text are plotted on the tree,
providing minimum ages of the expected ecological shifts. The carbon isotope record from marine carbonates (δ13C) can be interpreted a proxy for the composition of
the global oceanic carbon pool and, therefore, recording changes in the global carbon cycle (Saltzman and Thomas, 2012). It is debated whether the positive δ13C
excursions may reflect abrupt changes driven by plant evolution. Ages are assigned after the Internal Commission on Stratigraphy, chart 2019/05. (http://www.
stratigraphy.org/cheu.pdf).
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2.4. The emergence of vascular plants with deeper rooting systems
(~410–390 Ma)

The earliest members of the vascular plant lineage were small,
lacked ‘true roots’ and inhabited poorly developed soils (Gensel et al.,
2001; Kenrick and Strullu-Derrien, 2014). The proportion of root mass
to shoot mass is poorly constrained for early land plants. Exceptionally
well-preserved fossils from the ~407 Ma Rhynie Chert Lagerstätten
deposit in Scotland offer the best evidence of early roots and their in-
teractions with mycorrhizal symbionts in rhizoid-based systems

(Kenrick and Strullu-Derrien, 2014; Remy et al., 1994; Strullu-Derrien
et al., 2019). The Rhynie Chert fossil assemblage comprises various
herbaceous lycophytes that may have grown to heights of ~50 cm
(Asteroxylon mackiei) with small roots up to 5 cm. Today, the majority
of land plants have symbiotic relations to mycorrhizhal fungi (Taylor
et al., 2009). Mycorrhizal symbionts assist P harvesting from soils in
90% of modern plant species in exchange for photosynthate (e.g. su-
gars) produced by the plant. Mycorrhizal fungi evolved in parallel with
the early land plants and likely played an important role already during
the earliest colonization of land (Field et al., 2015; Humphreys et al.,

a) Late Devonian

b) Late Silurian – Early Devonian

c) Mid – Late Ordovician

Laurentia

Baltica

Gondwana

Siberia

Avalonia

Gondwana

Euramerica

Western Gondwana

Australia

Laurentia
Baltica

Siberia

Avalonia Gondwana

Siberia

Spores
Trilete spores
Cryptospores

Progymnosperms

Fig. 2. Paleogeography and some known fossil sites during a) Late Devonian, b) Late Silurian - Early Devonian, and c) Middle-Late Ordovician. Paleomaps: Scotese,
2014. Phytogeography: a) Archaeopteris and other progymosperms (Streel, 2000), b) fossil spores including trilete spores from vascular plants during Wenlock
(Wellman et al., 2013) and Lochkovian (Steemans et al., 2010), and c) Ordovician cryptospores and the first appearance of trilete spores in Sandbian (Baltica) and
Katian (Saudi Arabia), after (Rubinstein and Vajda, 2019).
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2010; Pirozynski and Malloch, 1975; Smith and Read, 2009).
The most common plants in the Rhynie Chert are Rhynia that had no

roots other than filamentous rhizoids (Strullu-Derrien et al., 2019). The
zosterophyll, Asteroxylon, was closer related to Drepanophycus and did
possess small root-like structures. Early Devonian vascular plants were
dominantly ground-hugging, rhizomatous lycophytes (Sawdonia,

Drepanophycus, Leclercqia, Haskinsia) and shrubby trimerophytes (Psi-
lophyton, Pertica), mostly with heights< 1 m (Algeo and Scheckler,
1998; Kenrick et al., 2012; Kenrick and Crane, 1997). However, evi-
dence from paleosols suggest that some Emsian (407.6–393.3 Ma)
vascular plants achieved substantial stature of 2–3 m height and nearly
1 m roots (Elick et al., 1998). The largest structures in Emsian terrestrial

Fig. 3. Illustrative reconstruction of the ecological distribution of 10 vascular plant taxa in the Early, Middle and Late Devonian as inferred from carbon isotope data
in fossil plant tissue (Wan et al., 2019). Reprinted from Palaeogeography, Palaeoclimatology, Palaeoecology, vol. 531, Wan et al., Environmental influences on the
stable carbon isotopic composition of Devonian and Early Carboniferous land plants, 1–18, Copyright (2019), with permission from Elsevier.
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deposits are trunks up to 8 m in size (Prototaxites) interpreted as giant
fungi (Boyce et al., 2007). Early Devonian paleosols have abundant
traces of true roots, including woody tap roots of a variety of land plants
(Elick et al., 1998; Hotton et al., 2001).
A study of the water utilization efficiency in Devonian plants, based

on carbon isotope fractionation in fossil plant tissue, has led to an il-
lustrative reconstruction of the distribution of Devonian land plants
(Fig. 3; Wan et al., 2019). The early Devonian flora is known as Eo-
tracheophytic vegetation (Le Hir et al., 2011). Some plants may have
withstood seasonal freezing or aridity (Wellman et al., 2000; Wellman
and Gray, 2000). Tundra formations are perhaps the more appropriate
modern analogue.

2.5. Colonization of arborescent trees with deep root systems
(~390–370 Ma)

The colonization of land was a protracted process that cascaded
through the Devonian. The maximum size of trees slowly increased, and
root systems became deeper and more complex several tens of million
years after the first primitive root plants had appeared (Algeo et al.,
1995; Algeo and Scheckler, 1998; Wan et al., 2019). Root systems were
essential to the development of an arborescent growth habit. The oldest
fossil forests contains remnants of fern-like trees (Archaeopteris, Wat-
tiezia/Eospermatopteris) at Plattekill Formation of the Hamilton Group
near Cairo, New York, USA from the early mid Givetian, ~385 Ma, and
at the famous and 2–3 My younger Riverside Quarry, at Gilboa, New
York, USA (Driese et al., 1997; Mintz et al., 2010; Stein et al., 2007,
2012, 2020). Towering> 8 m with narrow unbranched roots akin to
modern palm trees, this fern forest existed in a tropical-subtropical,
coastal wetland. Indeed, much of the Middle Devonian flora was found
in riparian and lake-margin settings (Greb et al., 2006). The Gilboa
forest was dense and developed on a wetland coastal plain (Stein et al.,
2012).
The appearance of Archaeopteris trees in the earliest Frasnian

(382.7–372.2 Ma) represents a marked step forward in plant archi-
tecture and growth habit. These progymnosperms display a tree ar-
chitecture akin to modern conifers with extended root systems and were
abundantly woody (Algeo and Scheckler, 1998; Meyer-Berthaud et al.,
1999). Archaeopterids achieved the greatest size with trunk diameters
up to 1.5 m and estimated heights up to 30 m. The increase in size was
facilitated in part by the development of a massive root system, al-
though rarely deeper than 1 m (Meyer-Berthaud et al., 2013). Archae-
opteris was perennial with some individuals living for at least
40–50 years (Cantrill and Poole, 2012). In contrast to earlier bushy and
arborescent plants, it shed its leafy branch systems (e.g to cope with
water stress during dry season) and likely produced deep litter mats
that affected soil moisture, pH and humic content in soils (Algeo and
Scheckler, 1998). Paleosols from Gilboa forest represent vertisols (high
clay content) and inceptisols (no clay accumulation) with persistently
high water tables (Mintz et al., 2010). Middle Devonian paleosols are
the earliest known soils with clay-enriched subsurface horizons. The
clay horizon in modern soils is formed in situ, which is greatly influ-
enced by root holes (Retallack, 2003). Archaeopteris dominated forests
until their extinction near the Devonian-Carboniferous boundary (the
Hangenberg event, ~360 Ma) (Algeo et al., 2001).

2.6. Colonization of drier upland habitats by seed plants (380–340 Ma)

Early land plants had neither flowers nor seeds and reproduced by
spores (pteridophytic reproduction). This life style might have re-
stricted land plants to wet lowland habitats because sperm, produced
from free-living gametophytes that grew from dispersed spores, swim to
the egg-bearing archegonia of the same or other gametophytes (Algeo
and Scheckler, 1998). Nevertheless, bryophytes with exactly that life-
style can dominate modern desert soil crusts (Seppelt et al., 2016).
The evolution of seeds permitted plants to invade drier habitats, in

part because reproduction no longer depended on aqueous sperm dis-
persal (Algeo and Scheckler, 1998; Scott and Chaloner, 1983). The
origin of seed plants is thought to involve a whole genome duplication
event, dated by molecular clock analysis to 399–381 Ma (Clark and
Donoghue, 2017; Jiao et al., 2011). The fossil record of seed plants
begins in the Late Devonian and follows by a diversification in the
Carboniferous, where tall trees filled ecological niches in floodplain and
upland forests that were previously occupied by progymnosperms
(Rothwell et al., 1989). Podsols/spodosols – typical of coniferous,
boreal forests today – were rare, and the earliest known are Early-Mid
Mississippian in age, 358.9–330.9 Ma (Taylor et al., 2009; Vanstone,
1991). However, conifers first appeared in the Pennsylvanian,
323.2–298.9 Ma, as did other seed plant clades such as ancestral forms
of cycads (e.g. Taeniopteris, Phasmatocycas) and gingkos (e.g. Trichop-
itys) (Boyce and Lee, 2017). By the Permian, 298.9–251.9 Ma, decid-
uous forests were well established at higher latitudes with Cordaites and
Glossopteris seed plants dominating the Northern and Southern hemi-
spheres, respectively (Rees et al., 2002).

3. Obstacles and drivers for the colonization of land

Today, the biological success of life on land is overwhelming. There
are ~5 times more named species on land than in the oceans (Costello
and Chaudhary, 2017). The land biota (mainly plants) contains ~100
fold more biomass than that present in the marine realm (Bar-On et al.,
2018), and there is yet still more organic carbon in soils than in the
standing crop of terrestrial plants (Berner et al., 1998). Clearly, the
colonization of land was ultimately a major biological success. Along
the way, several physical, chemical and biological obstacles were
overcome by the evolution of new biological machinery and interac-
tions. For example, the Silurian-Devonian radiation of land vegetation
postdate the Neoproterozoic origin of important cell-cell signaling
processes in complex multicellular organisms also utilized by multi-
cellular land plants, and it also postdate the Cambrian-Ordovician ra-
diations of marine animal ecosystems in which new networks of eco-
logical interactions arose (Knoll, 2011; Bush and Bambach, 2011).
Here, we highlight some of the main challenges that early land plants
had to overcome to evolve and succeed on land.

3.1. Desiccation

First of all, the transition to land required protection against de-
hydration. Land plants control their water balance by evolution of
stomata that enable plants to transform their epidermis (outer cells)
into a permeable layer that could be either water-tight under dry con-
ditions or highly permeable to CO2 during favorable conditions. The
earliest land plants were poikilohydric plants of a bryophyte grade
without a water proofing cuticle and stomata that help resist desicca-
tion (Boyce and Lee, 2017). Early land plants were likely ecologically
restricted to moist environments, such as wetlands and riverbanks, and
were still relatively small in stature until the Late Silurian-Early De-
vonian. Further, seed plants might have evolved a greater capacity to
actively control water loss through their stomata suitable for survival in
drier terrestrial environments (Brodribb and McAdam, 2011; Cai et al.,
2017).

3.2. Soil formation

Land surface has been available for colonization from an early point
in the history of multicellular life (Willis and McElwain, 2014). Land
plants need soil, and soils slowly developed in concert with the evolving
terrestrial biota of animals, plants and fungi (Kenrick et al., 2012).
Today, soil animals play a crucial role in ‘farming’ soils (Bardgett and
van der Putten, 2014; Blouin et al., 2013; Wardle, 2004). Detritivores
and decomposers contribute to the breakdown of dead and decaying
organic matter in terrestrial ecosystems, and they aerate and mix up the
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soil with their movement, which is important for plant growth.
It is, therefore, striking that the body fossil record of terrestrial ar-

thropods shows a transition from ocean to land independently in three
distinct animal groups roughly at the same time (Kenrick et al., 2012).
The earliest body fossils of millipedes and spiders are Late Silurian in
age (Wenlock, 433.4–427.4 Ma), insects (hexapods) and centipedes are
found in the Devonian (Davies et al., 2010; Kenrick et al., 2012;
Mángano and Buatois, 2016). Trace fossils of large aquatic vertebrates
with paired limbs (tetrapods) are found in the Eifelian, 393.3–387.7 Ma
(Niedźwiedzki et al., 2010) and the earliest amphibian tetrapod body
fossils (Panderichthys, Tiktaalik, Ichthyostega) are Late Devonian in age
(Ahlberg and Milner, 1994). The size of terrestrial animals and plants
evolved in concert with soils becoming deeper at this time (Algeo and
Scheckler, 1998). The first terrestrial vertebrate fossils are Carboni-
ferous in age (Carroll, 1992).
Mycorrhizal fungi and plants have co-evolved in many different

ways, and these interactions would have developed in soils during the
earliest colonization of land (Field et al., 2015; Humphreys et al., 2010;
Pirozynski and Malloch, 1975; Smith and Read, 2009). The oldest fossil
locality that could preserve mycorrhizal fungi is from the Early Devo-
nian (Rhynie Chert), and it shows that simple rhizoid based terrestrial
ecosystems were already diverse (Kenrick and Strullu-Derrien, 2014).

3.3. UV shield at the Earth's surface

Intense UV radiation can destroy nucleic acids, proteins and phe-
nolics and make the surface environment inhospitable for life. The lack
of UV shielding has been advocated as an obstacle for colonization of
land by plants and animals because at a lower atmospheric O2 levels
than today, the column density of ozone in the atmosphere would have
been lower and more UV light from the Sun reached Earth's surface.
However, an efficient UV shield is estimated to arise at only 10% of the
present atmospheric level (PAL) of O2 (Berkner and Marshall, 1965),
and atmospheric O2 levels were most likely higher than this when
plants colonized the continents (Bergman, 2004; Berner, 2006; Dahl
et al., 2010, 2017, 2019; Edwards et al., 2017; Glasspool and Scott,
2010). Thus, an efficient UV shield is expected at mid-Paleozoic at-
mospheric O2 levels, and life on land would not have gained any further
UV protection once atmospheric O2 increased further.

3.4. Stature

The transition from an aqueous to gaseous medium exposed land
plants to new physical conditions that resulted in key physiological and
structural changes, including the evolution of lignin, flavonoids, cutin,
and plant hormones in vascular plants (Kenrick and Crane, 1997). Once
vegetation had evolved, competitive pressures for space may have fa-
voured axial sporophytes with an indeterminate growth habit (i.e. the
zosterophylls and trimerophytes), resulting in an overall increase in
height and biomass (Morris and Edwards, 2014).
By the Middle Devonian, 393.3–382.7 Ma, land plants developed

several strategic innovations in growth. The evolution of secondary
vascular tissues in some clades (namely the pseudosporochnalean cla-
doxylopsids, lycopsids and archaeopteridalean progymnosperms) allowed
for arborescence (Berry and Fairon-Demaret, 2002; Meyer-Berthaud
et al., 2010; Stein et al., 2007). Concurrently, with a greater need for
nutrients, water and structural support, rooting systems evolved from
simple rhizomatous axes that were shallow to subaerial in the Early
Devonian, 419.2–393.3 Ma, to deeper and more complex root systems
by the Middle Devonian (Algeo et al., 2001; Meyer-Berthaud et al.,
2013).
The advent of forests probably generated selective pressures on

terrestrial plants to evolve larger size. It is commonly hypothesized that
early land plants also were competing for light, but every plant in the
Paleozoic appears to have had a low hydraulic and photosynthetic
potential and would have been well adapted to life in shaded

understory by modern standards. Rather, the evolution of larger trees
was more likely driven by selection of those with greater dispersal of
spores (or seeds), had greater leaf area and/or deeper root system suited
to access nutrients from the soil and/or reach the water table (Boyce
et al., 2017). In turn, the evolution of deeper roots to ~1 m depth might
well have been a key factor in the success of the transition to above
ground arborescence (Algeo et al., 1995; Algeo and Scheckler, 1998).

3.5. Reproduction

The earliest land plants developed sporophytes, new type of ga-
metophytes with sexual organs, cuticle, and non-motile, airborne
sporopollenin-walled spores and the photorespiratory glycolate oxidase
pathway (Kenrick and Crane, 1997). Unlike animals that are only
multicellular in the diploid phase of their life cycle, when they have two
sets of chromosomes, plants have two multicellular generations in their
life cycle: a multicellular haploid and a multicellular diploid stage. The
diploid stage of the plant life cycle probably developed in a terrestrial
setting (Delwiche and Cooper, 2015; Kenrick and Crane, 1997). Hence,
several biological innovations took place and allowed early plants to
overcome the obstacles associated with survival and reproduction in
terrestrial environments.

4. How do land plants affect the global environment?

Today, vegetation has evolved to become an integrated part of the
Earth system, affecting the climate and oxygenation state of the at-
mosphere and oceans by altering the mass and energy flow in Earth's
surface environments. Plants convert sunlight, CO2 and water into
chemical energy and organic matter at a scale that profoundly influ-
ences the biological, chemical and physical conditions on our planet
(Bonan, 2015). Fig. 4 summarizes the key processes by which plants
affect Earth's climate and oxygenation state, including global energy
balance, the hydrological cycle, physical and chemical weathering
processes, soil formation, biomass storage and preservation.

4.1. Energy balance on Earth

Vegetation affects the energy balance on Earth surface via the
greenhouse effect and Earth's albedo. Basically, the incoming short-
wave radiation (1368 W/m2 today) always balance the outgoing long-
wave radiation. Solar insolation was 4% and 3% weaker than today in
the mid-Ordovician and Late Devonian, respectively (Caldeira and
Kasting, 1992). Everything else equal, a simple energy balance calcu-
lation suggests the fainter Sun would correspond to a cooling of the
global mean surface temperature by −3 °C and − 2 °C at these times,
respectively.
By lowering equilibrium levels of atmospheric CO2 through silicate

weathering (described further below in Section 4.3), vegetation
weakens the greenhouse effect and cools the planet. At the same time,
vegetation also acts to warm the planet by reducing the planetary al-
bedo relative to a non-vegetated planet with rock- and ice-covered
surfaces. Today, the cooling effect of removing greenhouse gas CO2 is
on average greater than the albedo-warming, but it is worth noting that
climate change induce non-linear regional differences, where some re-
gions will actually warm up while most areas cool down (Betts, 2000).
Although the mid-Paleozoic transition does not represent a transition
from fully non-vegetated (high albedo) continents to fully vegetated
(low albedo) continents, climate models for the Devonian suggest the
albedo warming effect would have increased Earth's mean surface
temperature by<1–2 °C (Brugger et al., 2018; De Vleeschouwer et al.,
2014). The paleotemperature records are uncertain, but do show a
consistent decline by> 10 °C during the mid-Paleozoic (Section 5). If
that represents the global mean, a decrease in greenhouse forcing is the
most reasonable explanation.
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4.2. Water cycling on Earth

By evapotranspiration, land plants pump water from the soil into
the atmosphere and affect the global hydrological cycle. Today, this
recycling of moisture constitutes approximately 2/3 of the precipitation
on land (Boyce and Lee, 2017). As a consequence, large scale removal
of tropical forests will probably decrease global precipitation (Lawrence
and Vandecar, 2015). Conversely, we should expect that the evolution
of land plants with deep roots increased global evapotranspiration,
atmospheric moisture transport, and rainfall on the continental inter-
iors (Ibarra et al., 2019). As vegetation alters the hydrological cycle and
atmospheric heat transport, it will affect the climate system as a whole
and also lead to differences at the regional scale (Le Hir et al., 2011;
Boyce and Lee, 2017).
Terrestrial vegetation also has the potential to affect rainfall

through its influence on cloud formation. For example, some spores,
pollen and chemical compounds released from plants and fungi serve as
condensation nuclei for clouds and promote precipitation (Boyce and
Lee, 2017; Hassett et al., 2015; Le Hir et al., 2011; Steiner et al., 2015).
Arguably, tall trees also decrease evaporation in a region by increasing
the surface roughness and decreasing wind speed near the surface
(Boyce and Lee, 2017; Le Hir et al., 2011).

4.3. Physical weathering, erosion and landscaping

Physical weathering - the mechanical destruction of rocks - occurs
across a wide range of length scales by exfoliation (uplift and reduction
of pressure), freeze-thaw processes, glacial grinding, rivers cutting
through the landscape inducing rockfalls, wave thrashing and by roots
advancing into crustal rocks. Physical weathering can be very efficient
in producing fine-grained mineral fractions with a large surface area.
Roots may also increase the surface area by fracturing existing rock.

Observations from the geological record show that fine-grained mud is
rare in alluvium deposited before the evolution of land plants, but
common from the Silurian onwards (Fig. 5) (McMahon and Davies,
2018). The proportion of mudrock increases steadily from the Silurian
to the Carboniferous concurrently with the emergence of deeper root
systems (Fig. 5C).
Both non-vascular and vascular land plants stabilize soils (Pawlik

et al., 2016). Land plants also increase the production of fine-grained
mineral fractions including secondary clay precipitates (see Section
3.4). In continental depositional systems these fines are captured from
suspension and deposited when water moves around plant parts. The
fines are also directly bound to plants (McMahon and Davies, 2018).
Together, these processes arising from the evolution of land plants in-
crease surface area of crustal rocks and prolong the exposure of mineral
surface to weathering fluids.
The impact of vegetation on global denudation rates due to che-

mical, biological, and physical processes has been elusive (Brantley
et al., 2011; Dosseto et al., 2014; Istanbulluoglu, 2005; Istanbulluoglu
and Bras, 2006; Roering et al., 2010). The sedimentary rock volume in
North America shows systematic trends correlated to orogenesis (Fig. 6)
and no systematic trend through the mid-Paleozoic that could be solely
assigned to the evolving terrestrial biota (Husson and Peters, 2018).
Specifically, there is a steady, 3–fold increase in sedimentary rock vo-
lume in Laurentia coinciding with the exhumation of the Taconics or-
ogeny (Swanson-Hysell and Macdonald, 2017). The increase in overall
erosion rate, inferred from sedimentary rock volume, predate the rise of
mud retention on land that has been ascribed to the spread of land
plants (McMahon and Davies, 2018). Therefore, we conclude from
paleorecords that early land plants did not permanently change global
erosion rate (e.g. by stabilizing soils), but the record does not exclude
any shorter-term impact of plants on erosion regimes.
Vegetation also shapes landscapes. Although, there is no landscape
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Fig. 4. Land plants affect the climate and oxygenation state of the Earth in multiple ways. Plants accelerate the hydrological cycle through evapotranspiration and
stimulate rainfall. Plants also enhance chemical weathering processes and clay formation in soils, which ultimately represents long-terms sinks for atmospheric CO2.
Therefore, vegetation also affects the energy budget of the Earth, both via cooling through the greenhouse gasses (drawdown CO2) albedo-warming through
absorbing more short-wave radiation from the Sun. Terrestrial plants evolved recalcitrant biopolymers (e.g. lignin, sporopollenin) that enhance preservation of
organic matter and biomass preservation on land (coal deposits), and enhance phosphorous weathering to the oceans due to the lower C/P ratio in terrestrial biomass.
The terrestrial biota (plants, mycorrhizal fungi and animals) affect soil function and chemical weathering rates via soil respiration, release of acids (CO2 and H+),
root exudates, production of clay minerals and mineral surface area that moisturize soils. The chemical weathering of P-bearing minerals is primary source of
biolimiting nutrient P in the oceans that, in turn, affects the development of marine anoxia. Plants may also affect O2 consumption through oxidative weathering of
kerogen and pyrite. Large arrows (light grey) represent system effects, whereas the direct effect of plants on atmospheric gasses are shown with small black arrows.
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Fig. 5. The proportion of mudrock (defined as rocks
composed of dominantly detrital and weathered se-
dimentary grains< 0.063 mm) in alluvial succes-
sions through geological time. A) Each individual
point represents one of 594 alluvial stratigraphic
units. In Archean strata the mudrock accounts for
0–14% (median, 1.0%) whereas Carboniferous strata
contain 0–90% (median 26.2%). B) Enlarged plot
with LOESS regression line (smoothing para-
meter = 0.9). C) Proportion of mudrock corrected
for sampling intensity in each geological period. D)
Median, range, upper quartile and lower quartile of
mudrock proportion for each interval. From
(McMahon and Davies, 2018).
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Fig. 6. Global sediment volumes for the
mid-Paleozoic is derived from the North
American Macrostrat database (Husson and
Peters, 2018). The Taconic Orogeny in
North America exhumed mafic and ultra-
mafic lithologies ca. 465 Ma, coinciding
with shifts in the strontium and neodymium
isotope composition of seawater at this time
(Swanson-Hysell and Macdonald, 2017).
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uniquely created by life, vegetation influences the precipitation pattern
and, thus, the height, width and symmetry of mountain ranges (Dietrich
and Perron, 2006). Also, the path for water transport during runoff
from the continents into the oceans will depend on the terrestrial eco-
system. Reconstructions of ancient channel systems suggest that Cam-
brian and Ordovican rivers were dominantly wide sand beds and aeo-
lian tracts. Meandering rivers first appeared in the geological record
near the Silurian-Devonian boundary when the flora was dominated by
ground-hugging, rhizomatous plants with shallow roots. Multi-channel
systems appear in the Early Pennsylvanian (Gibling et al., 2014; Gibling
and Davies, 2012). The latter has been linked to the evolution of trees
with deeper roots because vegetation affects meandering style and bank
stability.

4.4. Chemical weathering (dissolution of rock)

Chemical weathering refers to the processes by which crustal mi-
nerals dissolve via reactions in aqueous solutions. Although distinct
reactions occur for individual minerals, we distinguish between
weathering of 1) carbonates, 2) silicate minerals and 3) sedimentary
organic matter and pyrite.
For silicate minerals, the chemical reaction can be exemplified by an

end-member elemental composition, such as wollastonite CaSiO3
(Sarmiento and Gruber, 2006):

+ + + ++CaSiO 2 CO 3 H O Ca 2 HCO Si(OH)3 2 2
2

3
–

4

More weathering reactions for selected common minerals can be
found in Hartmann et al., 2013. The dissolution of silicate minerals
release cations (e.g. Ca2+) to the soil solution by reaction with carbonic
acid derived from atmospheric CO2 in the presence of water. The ca-
tions and bicarbonate anions are transported in solution and ultimately
results in the precipitation of carbonate minerals (in the oceans). In the
soil the silicate minerals essentially transform into secondary clay mi-
nerals (Eberl et al., 1984). Chemical weathering may occur as a con-
gruent or an incongruent reaction, depending on the mineral being
weathered. Congruent weathering dissolves the mineral completely,
whereas incongruent weathering produces dissolved species and new
solids that are more stable in the weathering environment. The residual
solids are the minerals that constitute soil.

4.4.1. Biotic influence on weathering in soils
The terrestrial biota affects chemical weathering processes and alter

soil formation (pedogenesis) in many ways. Soils are mixtures of or-
ganic matter, minerals, fluids, and organisms that develop through
chemical weathering and deposition of litter. By delivering energy and
organic matter for decomposition, and altering the solution chemistry
of weathering fluids, land plants affect the chemical dissolution of si-
licate minerals, the neoformation of clays, as well as the reaction ki-
netics (Eberl et al., 1984). In turn, these processes are affected by
spatial and temporal changes in the evolving hydrological cycle and
physical weathering regime. The principle processes affecting chemical
weathering are illustrated in Fig. 4 and discussed further in below.

1) Soil acidification. Plants deliver organic matter to soils, which
drives soil respiration and increase soil pCO2 and decreasing pH in
the soil solution. Organic matter is both delivered from above by
dead plant tissue, through litter fall (e.g. deciduous progymnos-
perms and seed plants) and via shallow rhizoids and/or deep root
systems below ground to the mycorrhizal symbionts and soil mi-
crobiota.

2) Reactive species. Root plants and their mycorrhizal symbionts also
release root exudates into the soil solution to harvest bioessential
nutrients. This capacity has evolved in step with the evolution of
mycorrhizal fungi and the soil microbiota. Even the earliest bryo-
phytes (thalloid liverworts) appear to have had AMF symbionts
(Humphreys et al., 2010). Arbuscular Mycorrhizal Fungi assist the

plant with mobilization and transport of nutrients, especially P, to
the plant by emitting reactive species, such as H+, to the soil so-
lution. Today, some angiosperms (flowering plants) are often asso-
ciated with ectomycorrhizal fungi (EMF) that actively mobilize or-
ganic acids and siderophores to accelerate mineral dissolution
without necessarily changing soil pH. This capacity, however, did
not evolve until the Cretaceous (Taylor et al., 2009). Overall, the
microbiota is mining the crust in exchange for carbohydrates in a
mutualistic symbiotic relationship with land plants (Quirk et al.,
2012).

3) Water exchange. Evapotranspiration in vegetation increases the
flow of cations and nutrients between soil and plants. The re-
circulation of water can result in longer water-rock contact time
promoting weathering (Taylor et al., 2009). Evapotranspiration also
increases rainfall on a regional scale (see Section 3.2), leading to
higher weathering rates in areas that are not limited by mineral
supply (Ibarra et al., 2019).

4) Water content. Plants enhance the organic load in soils, and roots
change the porosity necessary to trap moisture in soils. As animal-
plant-fungal interactions evolved on land, soils became deeper and
richer in organic matter, thereby changing where and how weath-
ering reactions occur. Animals also play a key role in modifying
these soil properties. Earthworms, which constitute the largest
portion of animal biomass in soil today, process large volumes of
organic matter in soil influencing soil structure (Bardgett and van
der Putten, 2014; Blouin et al., 2013; Wardle, 2004). Plants influ-
ence soil development and the abundance of organic matter in
particular, resulting in increased water-holding capacity and altered
weathering processes (Crocker and Major, 1955; Kramer and Boyer,
1995).

5) Clay mineralogy. Plants also influence soil properties through clay
mineralogy that, in turn, influence plant growth. Primary clay mi-
nerals form slowly in mildly acidic solutions as the solvents migrate
through the weathering rock after leaching through upper weath-
ered layers. The four most important groups of clay minerals, in-
clude smectites, illites, chlorites and kaolinites. All types of clay
minerals have been reported in soils. Each group has distinct cation
exchange properties, surface areas and abilities to expand in water,
host organic compounds, and catalyze reactions on the mineral's
surfaces. Today, smectite dominates in vertisols (clayey soils), kao-
linite is the dominant component in oxisols (lateritic soils). Podsols/
spodosols (e.g. in boreal forest) contain illite and smectite (Ito and
Wagai, 2017). Soils with illite and chlorite are well suited for agri-
cultural use, due to the capacity to hold plant nutrients. Small
amounts of smectite stimulate growth, but large amounts are det-
rimental because they are impenetrable and have too great a water-
holding capacity. Although the impact is spatially variant and de-
pend on the lithology of the rocks undergoing weathering (e.g felsic
or mafic), the terrestrial biota would have influenced “the clay
factory”, soil water content, and organic carbon pools on land in a
manner that still remains to be quantified.

Marine clastic deposits reveal an increasing proportion of smectite
and kaolinite from the Mississippian and Pennsylvanian onwards, at
the expense of illite and chlorite (Weaver, 1967). Today, smectite
and kaolinite formation are produced in large amounts under
moderate to strong soil leaching in temperate and tropical climate,
respectively. Arguably, the invasion of seed plants did not only ex-
pand the area where plant-assisted weathering occurs, it could also
have intensified weathering processes resulting in finer-grained and
compositionally more mature soils (Algeo et al., 1995; Algeo and
Scheckler, 1998; Velde, 1985).

6) Oxygen availability in the weathering zone. The terrestrial biota
also affects O2 availability in the soil and weathering fluids. Due to
the low O2 solubility in water relative to air, atmospheric oxygen

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

10



exchange is faster in dry and aerated soils, whereas anoxic condi-
tions develop in waterlogged soils (e.g. peat). The loading of organic
matter and formation of thicker clay horizons could affect water
retention in soils and limit the exchange of O2 between the atmo-
sphere and the weathering zone: In turn, this would affect the so-
lubility of redox-sensitive elements such as iron and change the
properties of terrestrial ‘clay factories’ as well as the oxidative
weathering processes in soils (Brantley et al., 2013).

4.4.2. Silicate weathering flux
In both controlled experiments and field studies, living plants in-

crease the absolute silicate weathering rate relative to abiotic controls
on shorter (human) time scale (Fig. 7); see review by Taylor et al.,
2009. Plants and their mycorrhizal symbionts, enhance Ca weathering
fluxes 3–7 fold over plant-free controls (Quirk et al., 2015). Trees en-
hance weathering rates per unit land area more than rootless plants do
(Quirk et al., 2012, 2015), although rootless plants may also enhance
silicate weathering relative to abiotic weathering (Lenton et al., 2012,
2016). A higher weathering rate is also observed in vegetated areas on
Iceland relative to a neighboring unvegetated catchment area (Moulton
and Berner, 1998). Therefore, the weathering flux of cations into con-
tinental runoff initially accelerates as plants invade new land areas.
Over longer time scales, however, the weathering flux from a catchment
area will reach a new steady state, limited by either the supply of 1)
fresh mineral surfaces, 2) supply of weathering fluids or 3) the re-
activity of the weathering fluids.
Biologically enhanced weathering affects weathering fluxes espe-

cially in areas, where weathering is not limited by mineral supply
(Arens and Kleidon, 2011). In these areas, the dissolution rate of silicate
minerals governed by other limitations, such as water and CO2 avail-
ability. Topography influences the limiting factor for chemical weath-
ering with elevated areas generally supplied by more fresh rock from
erosion (Maher and Chamberlain, 2014). Also, the accumulation of a
thick regolith in tropical flat areas may limit the downwards circulation
of water and shift the weathering regime from one, where the kinetics
of the dissolution reactions matter to a situation where the accessibility
of fresh minerals to flowing waters becomes the limiting factor
(Goddéris et al., 2008). Thus, the controls on global weathering rates
are complex and require spatially resolved global models that take both

geological and biological factors into account.
The largest biological intensification of global weathering (i.e. in-

crease in weatherability, see Section 5) may well have occurred with
the colonization of seed plants. This transition conceivably deepened
and moisturized soils in drier upland areas and, thus, may have in-
tensified the silicate weathering flux in mountainous areas, where
weathering rates were not already mineral-supply limited (Algeo and
Scheckler, 1998). Conversely, earlier sporophytes could not have en-
hanced weathering much if their habitat were mainly confined to wet
lowlands limited by fresh mineral supply. These regional differences
should have had important consequences for Earth's climate evolution,
discussed further in Sections 5 and 6.

4.4.3. Phosphorous weathering flux
Continental weathering also dictates marine biological productivity,

because the principle supply of the bio-limiting nutrient phosphorous
(P) to the oceans comes from rivers (Froelich et al., 1982). The dis-
solved P input flux to the oceans has been assumed proportional to their
marine burial flux, with 2/12 from silicate weathering, 5/12 from
carbonate weathering and 5/12 from oxidative weathering (Bergman,
2004; Cappellen and Ingall, 1996; Lenton et al., 2018). In controlled
growth experiments, plants and their mycorrhizal symbionts can se-
lectively weather P from the soils with an amplification factor of 9–13
fold over plant-free controls (Quirk et al., 2015).
Bursts of selective P weathering sustained over< 1 Myr have been

advocated as drivers for Silurian and Devonian carbon isotope events
(Lenton et al., 2016). Recent studies, however, demonstrate that not all
perturbations to the carbon cycle at this time are associated with
cooling and expanded anoxia (see Section 6), but some events in the
geological record do fit with such a global terrestrial-marine tele-
connection, where marine anoxia associated with marine biotic ex-
tinctions occur at times when terrestrial flora and weathering processes
increased the P weathering and oceanic nutrient supply (Algeo et al.,
1995; Algeo and Scheckler, 1998; Qie et al., 2019).

4.4.4. Carbonate weathering
Today, carbonates cover ~10% of the land surface and dissolve

much more readily than silicates (Gaillardet et al., 2018). Carbonate
weathering has received little attention in part because it is not a sig-
nificant contributor to changes in atmospheric CO2 over long time
scales, when weathering occurs via reactions with carbonic acid or
organic acids (> 0.5–1.0 Myr) (Berner and Berner, 2012). However,
carbonate weathering with nitric or sulfuric acids is a source of CO2 to
the atmosphere and oceans. The effect depends on the uplift and ex-
posure of organic- and sulfide-rich sediments that undergo weathering
(Spence and Telmer, 2005). We can only speculate that CO2 release
from sulfide-promoted carbonate weathering was higher in the after-
math of widespread deposition of sulfide-rich sediments in the early
Paleozoic (Dahl et al., 2010), as these sediments were uplifted and
weathered; e.g. maybe even linked to the apparent Mid-Late Devonian
ocean warming and the Acadian orogeny (Fig. 10). The dissolution of
carbonate depends on temperature and soil pCO2, showing a bell-shape
function of temperature with maximum dissolution between 10 and
15 °C. We expect the emergence of land plants affected carbonate
weathering rates through their effects on soil respiration and soil
temperature, although this has still not yet been implemented in Earth-
system hindcast models (e.g., Arndt et al., 2011; Berner, 2006; Lenton
et al., 2018).

4.4.5. Oxidative weathering
Oxidative weathering is the oxidation or oxidative dissolution of re-

ducing minerals and organic carbon in soils. For instance, the oxidative
weathering reaction involving pyrite is:

+ + +4 FeS 15 O 8 H O 2 Fe O 8 H SO2 2 2 2 3 2 4

Oxidative weathering of pyrite and sedimentary organic carbon in

Fig. 7. a) The calcium-silicate weathering flux associated with liverworts and
trees grown under similar observational conditions. b) The Ca weathering flux
from major basaltic catchments with various vegetation cover. ‘Iceland veg’ and
‘Iceland bare’ refer to a vegetated site with small trees and a neighboring un-
vegetated site in Iceland, respectively (Quirk et al., 2015).

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

11



soils depends on transport of O2 into soils, primarily by way of diffu-
sion. The diffusion rate depends on the physical properties of the soil,
such as porosity and moisture content. Plants change these properties in
many ways. For instance, plant-induced changes to the “clay factory”
affect grain size, porosity and water retention. Plants also stimulate
oxygen consumption by soil respiration in the top soil (Kanzaki and
Kump, 2017; Kump, 2014). Hereby, plants alter the extent and duration
of contact between minerals and O2 in soils that should lead to less
oxidative weathering.
It is debated how oxidative weathering has influenced atmospheric

O2 levels through time. In this respect, it is central to understand how
the long-term O2 sinks depends on the atmospheric O2 levels. Ever since
the Great Oxidation Event at 2.4 Ga, reduced sulfur in crustal rocks
have been completely oxidized upon weathering, which means that
pyrite oxidation has not varied in response to Paleozoic atmospheric O2
levels (Johnson et al., 2014). In contrast, oxidation of sedimentary or-
ganic carbon is sensitive to O2 at probable Paleozoic O2 levels (Daines
et al., 2017), making this a prime candidate for atmospheric O2 control
as are the long-term O2 sources: organic carbon and pyrite burial (see
Section 5.2).
Finally, we stress that the different chemical weathering processes

may pose limitations on one another. This is evidenced by recent work
on nested reaction fronts (Brantley et al., 2013, 2017). For instance, the
extent to which a weathering reaction results in increased porosity,
aiding diffusion, is essential for the whole suite of weathering processes.
It is therefore also probable that changing atmospheric O2 levels could
have indirectly affected atmospheric CO2 through interactions between
oxidative and silicate weathering processes in which the terrestrial
biota may have played a role.

4.5. Wild fire

Land plants are essential for wildfire. At high atmospheric O2
level,> 17 atm%, and low moisture content, terrestrial biomass from
plants ignite and burn. Fire consumes O2 and wild fire frequency in-
creases at higher O2 levels, leading to a rapid and strong feedback on
phosphorous weathering and atmospheric O2 (see Section 5) (Kump,
1988; Lenton and Watson, 2000). This leads to an upper limit on at-
mospheric O2 around ~30 atm% even in a wet climate. Wildfire im-
mediately decomposes organic matter and alters soil properties by
adding dead organic matter and nutrients to the soils. This leads to a
short-lived increase in soil temperature, moisture content and soil re-
spiration, but over longer time scales the soil fertility decreases, due to
nutrient release and loss to runoff during rainfall after the fire (Neary
et al., 2008).

4.6. Biomass accumulation and preservation

The emergence of the terrestrial biota promoted both biomass sto-
rage on land and in marine sediments.
In the marine realm, the global burial flux of marine organic carbon

is ultimately limited by the oceanic P flux, which limits marine pro-
duction and organic carbon export from the photic zone to the sedi-
ments. The marine organic matter is buried with a relatively constant
C/P molar ratio of ~200, reflecting the canonical ‘Redfield ratio’ of
living biomass (C/P ~ 106) and degradation during diagenesis. The
appearance of land plants led to the production of phosphorous-poor
structural compounds, including sporopollenin, lignin and chitin (in
their fungal mycorrhizal symbionts). This would have given the land
biota a higher C/P ratio (~1900) and allowed more organic carbon
production and burial on Earth for a certain rate of P mining and
weathering from the crust (Lenton et al., 2016). Today, terrestrial or-
ganic carbon accounts for ~1/3 of organic matter in marine sediments
(Burdige, 2007). The continental flux of particulate organic carbon is
perfectly correlated to the erosion rate in modern catchment areas, and
not to terrestrial biological productivity (France-Lanord and Derry,

1997; Galy et al., 2007, 2015). Hence, tectonics exerts first order con-
trol on the global burial of the terrestrial organic matter, and the effect
of land plants on global organic carbon burial would be to source more
P for marine biological production, promoting organic export to sedi-
ments and organic burial in marine deposits.
Marine sediments generally display a wide range of total organic

carbon content (TOC). This challenges statistical interpretations if the
known record suffers from sampling bias (Sperling and Stockey, 2018).
Nevertheless, the available database of nearly 10,000 measurements in
Phanerozoic shales shows a systematic increase in the median TOC
content from ~1 wt% in the Silurian (444–419 Ma) to ~5 wt% in the
latest Devonian (370–355 Ma), consistent with the expected greater
production and preservation potential of decay-resistant organic com-
pounds produced at this time. An increase in the proportion of smectite
in marine mudrocks has been linked to rhizosphere developments and
the emergence of seed plants in marine sediments (Algeo et al., 1995).
Yet, the proportion of smectite clays in marine sediments first increases
in the Late Mississippian, ~330 Ma, when there is no further rise in
marine TOC (Sperling and Stockey, 2018; Weaver, 1967). Hence, it is
unclear whether these records result from the same or distinct ecolo-
gical transitions.
The Carboniferous (358.9–298.9 Ma) is so named for its widespread

coal deposits. Indeed, a markedly increase in coal accumulation on land
took place in the Pennsylvanian (323.3–298.9 Ma), but coal deposits
span essentially the entire history of lignified vascular plants with the
first coals in the Lower Devonian involving plants that were very
scantly lignified (Nelsen et al., 2016). There is no evidence of earlier
(bryophyte-derived) peat. Peat moss itself appears to have diversified in
the Neogene (Shaw et al., 2010). The evolution of the biopolymer lignin
used by vascular plants in some cell walls associated with biomecha-
nical support was likely important for coal to form in the first place. In
addition, the evolution of land plants further inland may have allowed
organic matter to accumulate on land.
The Pennsylvanian coal peak has been causally linked to the unique

confluence of climate and tectonics (Nelsen et al., 2016). Coal accu-
mulates in areas where productivity/litter fall exceeds the rate of decay.
Terrestrial productivity is high in wet tropics and decay is reduced in
anoxic environments that develop in stagnant water-logged substrate.
In the Pennsylvanian and Permian, the changing tectonic configuration
led to extensive low-latitude foreland basins ideally suited for coal
formation (Nelsen et al., 2016).

5. Land plants and the regulation of Earth's climate and
oxygenation state

Did the colonization of the Earth's surface by land plants affect the
global environment? In order to answer this question, we turn our at-
tention to the current understanding of the global biogeochemical cy-
cles of carbon, phosphorous and oxygen that control the Earth's climate
and oxygenation state. How does the state and function of the land
surface regulate the global biogeochemical cycles, and what room is
there for plants to modify these cycles?

5.1. Climate regulation

Over the past 4.5 billion years, the Sun's luminosity has increased
25–30% (Bahcall et al., 2001; Gough, 1981), yet the Earth's climate has
been clement and allowed liquid water at the surface, interrupted only
by temporary global glaciations. The prevailing theory is that green-
house warming has compensated for the fainter Sun (Caldeira and
Kasting, 1992; Kasting, 1993; Walker et al., 1981). Earth's long-term
climate stability is remarkable in the sense that the necessary atmo-
spheric CO2 levels were ~ 40,000 ppmv (parts per million in units of
volume air) in the early Archean and has declined two orders of mag-
nitude to the modern level (Catling, 2014). By the same principles, a
higher atmospheric CO2 level would be expected to compensate for the
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3–4% fainter mid-Paleozoic Sun (Berner, 1993). Although, the mid-
Paleozoic atmospheric CO2 level would need to have been higher than
today, it may not be by very much. State-of-the-art climate models
predict that a doubling of CO2 leads to 3.0 ± 1.5 °C increase in global
mean temperature today (Pachauri et al., 2015), whereas an inverse
modeling approach to available proxy records reveals a climate sensi-
tivity of 5.6+ 1.3

1.2 °C for a doubling of CO2 over the past 100 Myr
(Krissansen-Totton and Catling, 2017). Thus, everything else equal, the
same mean temperature as today could be achieved if the mid-Paleozoic
atmosphere contained only ~800 ppmv (2 x CO2 PAL). In the absence
of land plants, atmospheric CO2 levels is predicted higher than this.
To appreciate this, it is essential to understand how land plants

affect the silicate weathering feedback at play in the global carbon cycle
(Fig. 8A). Importantly, the absolute CO2 consumption rate via silicate
weathering must balance the geological CO2 input flux from volcanic
outgassing and oxidation of sedimentary organic carbon in order to
achieve a steady state atmospheric CO2 level. A small long-term im-
balance of only 5% between these fluxes is enough to cause runaway
greenhouse or icehouse conditions within<10 Myr (Berner and
Caldeira, 1997; D'Antonio et al., 2019). The mass balance for the ocean-
atmospheric CO2 reservoir can be written as follows:

= +d
dt

F F F FCO
vol silw ocw ocb

2

Here CO2 is the combined ocean-atmospheric reservoir of CO2, Fvol
is volcanic outgassing, Fsilw is the silicate weathering equivalent CO2
flux, Focw is CO2 production by oxidative weathering of sedimentary
organic carbon and Focb is the burial of sedimentary organic carbon
(SOC). In the simplest case of steady state, where the reservoirs of at-
mospheric CO2 and SOC are constant, silicate weathering balances
volcanic outgassing, i.e.

=

=
=

d
dt

F F
F F

CO 0

ocw ocb

vol silw

2

As a result, any biological enhancement of weathering cannot for-
ever increase the silicate weathering flux to the ocean and absolute CO2
consumption rate. Rather, plants can modify the feedback and change
the atmospheric CO2 level, at which the global silicate weathering flux
comes to balance the volcanic source (Fig. 8A).
Indeed, global mass balance models such as GEOCARB, GEOCAR-

BSULF (Berner, 1987, 2006) and COPSE (Bergman, 2004; Lenton et al.,
2018) have been designed to explore the potential effects of the

A)

B)

Volcanic outgassing

CO2

~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~

~~~~~~~~~~~~~~~~~~~~~~~~~~~~

Weathering of rocks

Carbonate precipitation
Ca2+ + 2 HCO3

2-  = CaCO3 + CO2 + H2O

Silicate weathering
CaSiO3

  + 2 CO2 + H2O    
 = Ca2+ + 2 HCO3

2- + 2 SiO3

subduction

Reducing volcanic
and metamorphic 

gasses

O2

~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~~

Organic carbon burial
(and pyrite-sulfur burial)

~~~~~~~~~~~~~~~~~~~~~~~~~~~~

Oxidative weathering

Reducing cations
(Fe2+, Mn2+)

Hydrogen escape to space

Fig. 8. Climate (CO2) and oxygenation (O2) regulation on Earth. a) The atmospheric CO2 level is determined by the balance between its long-term volcanic sources
and its sinks. Silicate weathering consumes CO2 and delivers alkalinity (e.g. HCO3−) to the oceans, where it precipitates as carbonate (e.g. CaCO3). b) The atmo-
spheric O2 level is controlled by the balance between sources and sinks, where organic carbon, pyrite burial and H2 escape to space represent the major source fluxes
and oxidative reactions with reducing fluids emanating from Earth's interior (modified after Catling, 2014).
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evolution of plants on the climate. The models support the possibility of
a ~ 10-fold decline in atmospheric CO2 levels in response to the evo-
lution of land plants (Fig. 9).

5.1.1. The silicate weathering thermostat
The atmospheric CO2 level and greenhouse forcing on Earth reflects

the balance between the volcanic sources and carbonate sinks via sili-
cate weathering reactions (Fig. 8A). The weathering of silicate minerals
releases cations (e.g. Ca2+, Mg2+) into soil solutions. These solutions
are eventually transferred via rivers and streams into the oceans, where
the cations bind to HCO3– to form carbonates. Because silicate weath-
ering depends on temperature, runoff and soil CO2, the result is a sta-
bilizing feedback on atmospheric CO2 and climate. The feedback was
first parameterized in the seminal work of (Walker et al., 1981), and has
here been modified to include a factor, ω, which represents the sus-
ceptibility of land to undergo weathering (now defined as ‘weath-
erability’ according to Kump et al., 2000):

F F · ·(pCO ) ·exp.( T/T )silw silw,0 2
n

e

Here, the exponent n = 0.3 is the sensitivity of silicate dissolution
rates to CO2 based on empirical data (laboratory experiments). The
temperature dependence is an exponential function with Te = 13.7 K
that covers both the sensitivity of mineral dissolution rates to tem-
perature and the sensitivity of global runoff to mean global temperature
based on a general circulation model. ΔT is defined as the temperature
offset from present day global average temperature (288 K). The con-
stant Fsilw,0 corresponds to the modern reference silicate weathering
rate at modern CO2 level and mean temperature, and ω is defined as a
dimensionless weatherability factor.
This formulation is used in the GEOCARB, GEOCARBSULF (Berner,

1987, 2006) and COPSE models (Bergman, 2004; Lenton et al., 2018).
Recognizing that geographical changes of the land surface will modify
the silicate weathering rate, it has been assumed that global silicate
weathering rate can be adequately described as the product of a feed-
back function, f(T,CO2) for the Earth system that only depends on
temperature and CO2 and a time-varying land surface function g(t),
which is similar to ω. In COPSE silicate weathering rate Fsilw takes the
following general form:

=
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=
=
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Here, Fsilw, 0 is the modern reference global silicate weathering rate.
g(t) is the product of the time dependent uplift rate (U), the global effect
of paleogeography on runoff and weathering (PG) and the land surface
area (A), all normalized to the modern day values. The temperature
function fT is essentially the same as in Walker et al., 1981, although the
temperature dependence of runoff has been modified to include the
effect of dilution of dissolved loads at high runoff rates (Berner, 1994),
because soil depth scales with runoff and deep soils have limited mi-
neral supply for weathering (Bluth and Kump, 1994; Hilley et al., 2010;
Riebe et al., 2001; Stallard and Edmond, 1983). That means, the ex-
ponent accounts for the increased depletion of weatherable minerals in
soils at higher temperature.
Importantly, the CO2 dependence of silicate weathering has been

embedded in fbiota, which is a function for the biotic enhancement of
weathering. In COPSE the effect of CO2 on silicate weathering is as-
sumed mediated by plants. Before the advent of vascular plants, the
biotic factor was assumed to be fbiota = pCO20.5 (adopted from GEOC-
ARBII, Berner, 1994), which represents semi-open soil weathering
systems where the CO2 loss from the soil is partly compensated by CO2
supply via diffusion from the atmosphere. The square-root dependence
of silicate weathering on CO2 has dramatic consequences for the cal-
culated CO2 level in the models, and was originally not founded on
physical processes. Recent models based on first principles and inverse
modeling of the necessary strength of the feedback suggest the ex-
ponent has a lower value than 0.5 (Krissansen-Totton and Catling,
2017; Arens, 2013). In the equations above, this would translate to
higher CO2 levels before the evolution of land plants than previously
predicted in order to balance volcanic outgassing.

5.1.2. Global biotic effects on atmospheric CO2

Land plants can affect both the weatherability of the land surface, g
(t), and the silicate weathering feedback function, f(CO2, T) (Bergman,
2004; Berner, 1994; Berner et al., 1998; Kump et al., 2000, Volk, 1989).
In GEOCARB and COPSE, vegetation enhance weatherability by a factor
of ~4–7 based on field studies and control weathering experiments that
compare vegetated and non-vegetated areas today (Moulton, 2000;
Moulton and Berner, 1998; Taylor et al., 2009). These studies are
usually limited to one location. Laboratory experiments for individual
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Fig. 9. Plausible atmospheric CO2 and O2 trajectories for the Phanerozoic
(540–0 Ma). a) Atmospheric CO2 levels according the GEOCARBSULF model
(dark grey curve) with 95% confidence interval (grey shaded area) (Royer et al.,
2014), COPSE reloaded model (black curve)(Lenton et al., 2018), and GEOCLIM
GCM model runs for distinct climate scenario (red circles) are show with data
for Early Paleozoic (blue circles; Nardin et al., 2011), the Devonian (green
circles; (Le Hir et al., 2011), Late Paleozoic (yellow circles, Goddéris et al.,
2017) and Mesozoic-Cenozoic (orange circles; (Donnadieu et al., 2006). To il-
lustrate the dramatic consequences for CO2, GEOCLIM models with a different
style of weathering, affected by soil shielding, are also shown (white circles
Goddéris et al., 2017) . b) Atmospheric pO2 according to GEOCARBSULF
(Berner, 2006), COPSE (Bergman, 2004), and COPSE reloaded (Lenton et al.,
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confidence interval. The presence of charcoal since 420 Ma indicate atmo-
spheric O2 levels above 17 atm% (75% PAL) (Glasspool and Scott, 2010). (For
interpretation of the references to colour in this figure legend, the reader is
referred to the web version of this article.)
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plants compare weathering rates during the colonization phase, i.e. on
short time scales and for predefined substrates (Lenton et al., 2012;
Quirk et al., 2015). An alternative is ‘sandbox’ experiments for decadal
studies (Balogh-Brunstad et al., 2008). In all cases, the experiments do
not capture the weathering enhancement at steady state for the eco-
system, which are molded by interactions in the soil. Moreover, scaling
up from watersheds to the global scale is challenged by geographical
variations in ecosystems and tectonic settings (e.g., Ferrier et al., 2016).
The parameterization of plants in the silicate weathering feedback

function is focused on the relationship between plant growth and en-
vironmental factors. Here, it is inherently assumed that chemical
weathering is controlled by plant growth and that plant growth is
controlled by atmospheric temperature, CO2 and O2. In COPSE, the
silicate weathering sensitivity to CO2 is an amalgam of the non-vascular
CO2 sensitivity (~pCO20.5) and the effect of vegetation on weathering
(Lenton et al., 2018). The silicate weathering rate is assumed to scale as:

= +f [1–min(V·W, 1)]·k ·pCO V·Wbiota be 2
0.5

where V is normalized vegetation biomass and W is the normalized
effect of vascular plants on weathering relative to non-vascular plants,
and has evolved from 0 to 1 through time (i.e. W = 1 for the present).
Importantly, kbe is a constant that describes the global biotic en-
hancement of weathering from non-vascular to vascular weathering
regimes (e.g. 4-fold for kbe = 0.25). To represent the colonization of
land by arborescent vascular plants, the weight of vascular plant
weathering (V·W) increases from 0 towards 1. Thus, fbiota increases from
0 to 1 and enhances weathering rates, causing an imbalance in the
model that draws down CO2 levels. Furthermore, because the vegeta-
tion biomass (V) responds to changes in the environment, such as
temperature and CO2 (and to a lesser extent O2), the fbiota function re-
sults in a stabilizing feedback for climate. The global impact of vege-
tation on climate in COPSE is, thus, to act as a stabilizing feedback to
atmospheric CO2 perturbations. This feedback has increased in strength
over time and brought down atmospheric CO2 levels (Fig. 9).
In summary, existing Earth system models suggest that the emer-

gence of land plants primarily cooled the Earth by drawing down CO2
from the atmosphere through enhanced efficiency of silicate weath-
ering.

5.2. O2 regulation on Earth

It is generally accepted that land plants influence both the short-
term and long-term O2 sources and sinks on Earth.
Oxygen production through oxygenic photosynthesis in cyano-

bacteria, algae and land plants is kept in almost perfect balance with
oxic respiration. A small offset from balance amounts to about 1 part in
1000 where excess organic matter is buried in the crust. This burial of
organic matter (as well as pyrite) in sediments represents the primary
long-term source of atmospheric O2. Hydrogen escape to space re-
presents a minor source of O2, but it can be ignored for the Phanerozoic
(Catling, 2014). Over the course of Earth history, life has affected the
global biogeochemical cycles resulting in a net oxidation of Earth's
oceans and atmosphere (Lenton et al., 2016; Lyons et al., 2014).
Earth's long-term O2 cycle is considered tightly coupled to the

marine carbon and phosphorous cycles (Cappellen and Ingall, 1996;
Kump, 1988; Lenton and Watson, 2000). Continental weathering is the
primary source of the bio-limiting nutrient phosphate (PO43−) to the
oceans. Therefore, continental weathering can fertilize the oceans, in-
creasing global marine productivity and the flux of organic matter to
the deeper, aphotic part of the oceans. This will deplete O2 from the
water column via aerobic respiration and promote organic carbon
burial in marine sediments. Therefore, continental weathering can both
expand ocean anoxia (via marine O2 consumption), and over million-
year time scales sustain increasing atmospheric pO2 (Lenton et al.,
2016). These relationships represent both shorter-term and longer-term

teleconnections between terrestrial and marine ecosystems, where ve-
getation on land set the stage for marine animal extinctions and pro-
liferations (Section 6).
Although two distinct parametric Earth system models (COPSE and

GEOCARBSULF) predict different Phanerozoic O2 trajectories (Fig. 9),
both models suggest that the colonization of land by vascular plants led
to a major rise of atmospheric pO2 (Bergman, 2004; Berner, 2006;
Lenton et al., 2011, 2018). The COPSE model predicts a stepwise in-
crease (25 → 100%PAL O2) whereas the GEOCARBSULF model sug-
gests atmospheric pO2 returned to initial levels (100 → 150 → 100%
PAL). Both models fit the carbon, sulfur and strontium isotope evolu-
tion of Phanerozoic seawater, but the COPSE model better fit new lines
of evidence from Mo isotopes and other ocean redox proxies for in-
creasingly oxygenated oceans (Dahl et al., 2010; Sperling et al., 2015;
Stolper and Keller, 2018; Wallace et al., 2017).
Importantly, the two models differ substantially in how global or-

ganic carbon burial and oxidative weathering are controlled over long-
time scales – and therefore also in how land plants can have influenced
Earth's oxygenation.
In GEOCARBSULF, O2 is regulated indirectly in the sense that O2

production (organic carbon burial) and destruction (weathering) does
not depend on O2 itself. Rather, O2 is controlled by ‘rapid recycling’ of
young recently buried organic carbon through uplift and oxidative
weathering. If excess organic carbon burial is sustained for a long
period of time, O2 rises and the reservoir of young organic carbon in-
creases. Because oxidative weathering depends on the size of this young
organic carbon reservoir excess organic carbon weathering follows and
brings atmospheric O2 levels back down (with a response time of ~10
Myr). Therefore, in the GEOCARBSULF world, increased organic carbon
burial by any cause will only lead to a temporary increase in O2. The
buildup of a terrestrial organic carbon reservoir (e.g. coal) is a driver for
a temporary increase in atmospheric pO2. In the GEOCARBSULF model,
land plants mainly contribute to Earth's long-term steady state O2 level
through enhanced organic carbon preservation.
In contrast, COPSE tracks the bio-limiting nutrient, phosphorous.

Enhanced P weathering by plants allows a transient rise in global pro-
ductivity and organic carbon burial. COPSE also predicts a permanent
shift to higher O2 levels due to higher C/P ratio of bryophytes and
vascular plants compared to their marine ancestors, resulting in more
organic carbon burial at the global scale for the same P weathering rate
(Kump, 1988; Lenton et al., 2016). Also, preferential weathering of P by
pre-vascular plants together might have contributed to atmospheric O2
rise already in the Ordovician and Silurian. Overall, these fertilization
effects might well have led to more biological production on Earth.
One controlling feedback for O2 in COPSE is prescribed O2 depen-

dent oxidative weathering of the crust. This results in more O2 con-
sumption after a period of excess organic matter burial. Nevertheless, a
permanent O2 rise is destined due to more biomass production and
organic matter loading in crustal reservoirs. Further, the COPSE model
has an “O2 roof”, due to a wildfire feedback. At high O2 levels, fire
frequency dramatically increases, which is thought to limit P weath-
ering and delivery to the oceans (see Section 4) (Kump, 1988; Lenton
and Watson, 2000). Hence, in the COPSE world, land plants influence
O2 levels through phosphate weathering, C/P ratio of biomass, organic
carbon preservation, which in turn is modulated by fire frequency.

6. Evidence for mid-Paleozoic transitions in the Earth system

The colonization of land by plants encompasses five transitions that
all may have affected the Earth system in distinct ways. The main
predicted consequences of plant colonization are:

I. Atmospheric CO2 decline and climatic cooling (permanent transi-
tion)

II. Atmospheric O2 rise and ocean oxygenation (potentially permanent
transition)
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III. Ocean fertilization and anoxia (temporary perturbations, ~1 Myr)

6.1. Evidence for climatic changes in the mid-Paleozoic

Originally, the Devonian cooling hypothesis proposed that a ~ 10-
fold drop in atmospheric CO2 took place in the mid-Paleozoic and
caused climate cooling that initiated the Late Paleozoic Ice Age (Berner,
1990, 1991, 1993). Since then, it has become clear that the Ordovician
cooling episode was prolonged and that plants with high C/P evolved
earlier (Lenton et al., 2012; Trotter et al., 2008) and, thus, we need to
consider how all stages in the evolution of terrestrial ecosystems con-
tributed to the Paleozoic transitions.

6.1.1. Evidence for mid-Paleozoic cooling (paleo-temperature records)
The oxygen isotope composition of biogenic apatite and calcite re-

flect changes in seawater temperature and δ18O (Grossman, 2012;
Joachimski et al., 2004). Fig. 10 shows the best-fitted δ18O curves and
error envelopes based on data from shallow tropical/subtropical con-
odonts (black) and brachiopods (red), assuming seawater δ18O was
constant at −1‰. These curves are consistent with clumped isotope
thermometry that can simultaneously constrain seawater δ18O and
temperature (Came et al., 2007; Henkes et al., 2018). The resulting
temperature curve should reflect the temperature in shallow tropical/
subtropical seawater, where the conodonts and brachiopods lived.
These records demonstrate evidence for remarkably high surface tem-
peratures up to ~40 °C in the Cambrian and early Ordovician oceans
(520–465 Ma) followed by cooling from the Early-Mid Ordovician
(> 467 Ma) onwards (Finnegan et al., 2011; Rasmussen et al., 2016;
Trotter et al., 2008; Wotte et al., 2019). Climatic cooling followed in

several steps with glacial advances occurring mainly in the Late Or-
dovician and in the Pennsylvanian at times when the ‘isotopic tem-
perature’ declined (although not below a certain temperature
threshold).
The onset of the Ordovician cooling phase broadly coincides with

the exhumation of the Taconic volcanic arcs in tropical regions, which
arguably contributed to lower CO2 through silicate weathering
(Swanson-Hysell and Macdonald, 2017). Earth system models have
been established that allow high-latitude glaciations with a modest
decline in atmospheric CO2 levels to ~2400 ppm (~8 PAL), consistent
with available paleo-CO2 proxy data (Lenton et al., 2012; Porada et al.,
2016).
Glacial deposits occur also in the early Silurian (~440 Ma after the

Hirnantian glacial maximum; Díaz-Martínez and Grahn, 2007), but
seawater appears to have been warmer from the Late Silurian to the
mid-Devonian (420–380 Ma) (Fig. 10).
Nevertheless, the reconstructed seawater δ18O curve carries con-

siderable uncertainty (< 2‰), which could considerably change the
magnitude of the temperature drop. It is also possible that diagenesis
has synchronously affected both the conodont and brachiopod records,
although there is no evidence in support of this (Grossman, 2012).
Lastly, we must not forget that the recorded temperature may reflect a
change in the latitudinal temperature gradient instead of the actual
mean temperature. That said, there is compelling evidence for an
overall cooling throughout the mid-Paleozoic.

6.1.2. Eustasy
The history of sea-level change can be estimated from the flooding

history of continental margins and cratons. The inferred sea level record
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for the mid-Paleozoic (Fig. 10) exhibits changes on various time scales
that correlate with the oxygen isotope record and reflect changes in ice-
volume and tectonics (Haq and Schutter, 2008; Miller et al., 2005).
Over the longest time scales (> 107 yr), the reconstructed sea level
curve shows a gradual rise through the Cambrian reaching a peak in the
Late Ordovician presumably as a result of new ocean ridges generated
during the breakup of supercontinent Rodinia (Haq and Schutter, 2008;
Miller et al., 2005). Hereafter, sea level declined by about 200 m from
the Ordovician into the Permian superimposed by some substantial
oscillations. This long-term sea-level drop broadly correlate with the
cooling trend and have been attributed to declining atmospheric CO2
levels (Miller et al., 2005).

6.1.3. CO2 paleo-barometers
The Devonian cooling hypothesis soon gained support from geolo-

gical evidence suggesting high atmospheric CO2 levels prior to the rise
of vascular plants (McElwain and Chaloner, 1996; Mora et al., 1996;
Yapp and Poths, 1992, p. 1992). The early paleo-CO2 barometers were
based on carbon isotope data from paleosols as well as stomatal proxies
in plant fossils, each interpreted with an independent set of assump-
tions. Both records indicated high atmospheric CO2 levels in the Or-
dovician and early Devonian (~445–410 Ma). The latest compilation of
paleo-CO2 estimates can be found in Foster et al., 2017. We do urge
caution with these records, since the mid-Paleozoic pCO2 record carries
very large uncertainties as we describe below (Fig. 9).

6.1.3.1. Paleosols. Both the carbon in pedogenic carbonate and the
carbon trapped in pedogenic goethite are derived from the admixture of
atmospheric CO2 and soil-respired carbon (Yapp, 1987). Air and soil-
respired CO2 sources have markedly distinct carbon isotopic signatures
(ca. −7‰ and −25‰, respectively). Yapp and Poths (1992)
discovered that the δ13C and CO2 content in pedogenic goethite
varied systematically with depth in a Late Ordovician (~440 Ma)
paleosol in a manner that could be ascribed to a two-component mixing
curve of CO2 derived from these two reservoirs. From this curve, the
CO2 content in the mineral was calculated for the scenario where the
goethite had precipitated in the presence of atmospheric CO2 only.
Knowing the partition coefficient of CO2 in goethite from laboratory
experiment, they derived an atmospheric CO2 level of 4800 ppm (Yapp
and Poths, 1992). The calculation depends on the carbon isotope
composition of the atmosphere (−6.5‰), the carbon isotope
fractionation during CO2 uptake into goethite (5‰), the temperature
(24 ± 4 °C) and pH of the pedogenic fluids from which goethite
precipitated (Yapp, 1987). Ignoring the pH effect, we propagated the
errors of their data and temperature range to find that the Late
Ordovician atmospheric CO2 level was 4800 ± 1900 ppm (10–22
PAL, 1 SD). This result implies a remarkably high CO2 levels at some
point during the Hirnantian when the Earth was variably glaciated
(Ghienne et al., 2014). Recent climate models suggest that 8–12 PAL
CO2 is still compatible with polar ice sheets at this time (Pohl et al.,
2016).
The Silurian to Pennsylvanian (410–330 Ma) δ13C record from

pedogenic carbonate shows a systematic decline (from−5‰ to −7‰),
while atmospheric δ13C arguably increased (Mora et al., 1996). This
trend was used to argue for a smaller atmospheric contribution into
pedogenetic carbonate, consistent with theoretical predictions for a 10-
fold decline in atmospheric CO2 (Berner, 1991). However, the pedo-
genic carbonate CO2 proxy carries large uncertainty, since the CO2 level
inside soils varies dramatically, for example there is> 8‰ geo-
graphical variability in Neogene soils grown at the same atmospheric
CO2 level (Rugenstein et al., 2016). As soils developed and could re-
ceive more organic litter, the proportion of CO2 derived from soil re-
spiration might have also increased and contributed to the δ13C decline
in pedogenic carbonate. Therefore, it is risky to infer atmospheric pCO2
estimate until the paleosol record encompasses the spatial variability.

6.1.3.2. Stomatal proxies. The stomatal density (SD) and ratio of
stomatal to epidermis cells (stomatal index, SI) are inversely
correlated to ambient CO2 levels in 40% and 36% of controlled
experimental studies, respectively. Notably, the correlation is more
often observed in experiments carried out at sub-ambient CO2 levels
(Royer, 2001). The stomatal proxies for paleoatmospheric CO2 levels
have also been “calibrated” in the past based on atmospheric CO2 levels
inferred in other ways; e.g. the GEOCARB models. Yet, this logic
becomes circular for the mid-Paleozoic, where there are no robust
calibration points for atmospheric CO2. Nevertheless, Early Devonian
plant fossils (Sawdonia and Aglaophyton major) are found with 10–100
fold lower SD and SI values compared to their nearest living equivalent
(NLE) (McElwain and Chaloner, 1996). To survive with only ~4
stomata per mm2, McElwain and Chaloner inferred high CO2 levels of
3600 ppm (12 PAL) in the Early Devonian atmosphere (~410 Ma).
The paleo-CO2 estimates based on stomatal proxies and pedogenic

carbonate suggest a decline in the Devonian (410–360 Ma) to
~300–500 ppm for the Carboniferous (360–298 Ma) (Foster et al.,
2017). There is no difference between the Mississippian and the
Pennsylvanian CO2 levels or surface seawater temperatures (see below),
despite coal deposition was ~7 fold more widespread in the second half
of the Carboniferous (Nelsen et al., 2016). This indicates that coal de-
position was likely never the main driver of atmospheric CO2 decline.
That said, other terrestrial or marine organic carbon deposits might
have drawn down atmospheric CO2 (e.g. D'Antonio et al., 2019).

6.1.4. Glaciations
Initially, the Late Paleozoic Ice Age was a key piece of evidence in

support of the Devonian Cooling Hypothesis. The transition from
greenhouse to permanent ice house conditions on Earth was thought to
occur in the Late Devonian (~360 Ma) in the wake of deeply rooted
plants (e.g. Archaeopteris) colonizing well-drained upland soils (Berner
et al., 1998). However, the interpretation of the Late Devonian glacial
deposits is now different. Indeed, there are short-lived glaciated events
near the Devonian-Carboniferous boundary and in the earliest Mis-
sissippian that were initiated in alpine regions on Western Gondwana,
and developed extended ice volumes (Brezinski et al., 2010). Yet, the
main phase of the Late Paleozoic Ice Age occurred significantly later
from the Pennsylvanian to the Early Permian (330–275 Ma) (Isbell
et al., 2003; Montañez and Poulsen, 2013). The Late Paleozoic Ice Age
has both been linked to the Carboniferous-Permian invasions of drier
upland areas by seed plants (Algeo et al., 1995; Algeo and Scheckler,
1998), and the Hercynian orogeny, which increased physical weath-
ering and removed a thick soil cover that could have previously limited
silicate weathering (Goddéris et al., 2017).
Polar glaciations occurred already in the Late Ordovician and this

has challenged the Devonian cooling hypothesis and questioned the
high CO2 estimates in the Late Ordovician. Although, still debated,
recent climate models for the Late Ordovician have shown that con-
tinental ice sheets could actually persist even in a relatively warm cli-
mate at elevated atmospheric CO2 levels, 3000–3600 ppm (10–16 PAL;
Pohl et al., 2016). Further, the COPSE model has been revised to sug-
gest a two-step cooling and concomitant CO2 drawdown compatible
with the glacial record (Lenton et al., 2016).

6.2. Evidence for mid-Paleozoic oxygenation

Over Earth history, atmospheric O2 levels have increased in concert
with overall larger organic carbon burial pool in the crust (Berner,
1987; Berner and Canfield, 1989). Further, model simulations using the
GEOCARBSULF framework predicted a massive increase in organic
carbon burial and atmospheric O2 during the Permian-Carboniferous
(Berner, 2006). Supporting evidence came from the carbon isotope
record of marine carbonates and increase in global sedimentation rates
(Berner, 1987, 2000; Berner and Canfield, 1989). At that time the δ13C
record showed a large shift (0 to +6‰) to permanently high values for
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the last third of the Paleozoic, ~360–250 Ma (Berner, 1987) implying
sustained high organic carbon burial rates at the global scale and
massive atmospheric O2 increase. This record has now been updated
(Fig. 1) and the interval with high δ13C values is much shorter
(~360–350 Ma; Chen et al., 2018), implying a smaller rise of O2 from
organic carbon burial than first thought.

6.2.1. Constraints on atmospheric oxygenation
Several attempts have been made to infer past atmospheric O2 levels

from gas inclusions in geological materials, including amber and eva-
porites (Berner and Landis, 1988; Blamey and Brand, 2019). The in-
terpretation of these data has been ambiguous due to concerns re-
garding preservation and risk of contamination. Two lines of indirect
evidence for high (> 75%PAL) or ultrahigh (> 125%PAL) atmospheric
O2 levels since the Late 420 Ma and in the Permo-Carboniferous have
gained a lot of attention: gigantism and wildfire.

6.2.1.1. Gigantism. The peak of the GEOCARB-predicted
Permo‑carboniferous atmospheric O2 rise coincides with the time
when gigantism prevailed among insects and other arthropods
(Berner, 2000; Dudley, 1998). This is compelling because insect body
size scales positively with ambient O2 levels in some controlled growth
experiments. Nevertheless, the maximum body size of these arthropods
may not have been O2 limited at all. The physiological design and the
plasticity of oxygen uptake mechanisms greatly influences the O2
supply into the animal body. Further, the absence of large flying
predators at this time (i.e. birds) imply that gigantic insect would
have had no competitors in this niche. Hence, there are alternative
explanations for gigantism at this time, irrespective of the atmospheric
O2 level (Clapham and Karr, 2012; Dudley, 1998; Schachat et al.,
2018).

6.2.1.2. Wildfire, charcoal, inertinite. Perhaps the strongest argument
for high atmospheric O2 levels in the past 420 Myr is the evidence for
wildfire, preserved in the fossil record of charcoal. One maceral group
(inertinite) is almost exclusively considered the by-product of wildfire
(Glasspool and Scott, 2010). Flames can be sustained at a high
atmospheric O2/N2 ratio corresponding to an atmospheric O2 pressure
of 15 atm% or 75%PAL, or higher depending on moisture content of the
fuel (Belcher and McElwain, 2008). All terrestrial vegetation is
potential fuel and ignition would have occurred by lightning. The
earliest charcoal represents material from a vascular rhyniophyte-grade
plant that was mainly charred for a short period of time at relatively
low temperature (< 400 °C). The charcoal record is essentially
continuous since the Late Silurian ~420 Ma (Ludlow) suggesting
atmospheric O2 levels have been in the ‘fire window’ ever since
(Glasspool et al., 2004; Glasspool and Scott, 2010; Lenton et al., 2016).
Glasspool and Scott (2010) suggested that the fraction of inertinite

in charcoal (inertinite%) can be used in a statistical manner to derive
atmospheric pO2 levels. To do so, they calibrated this proxy with at-
mospheric pO2 constraints from the GEOCARB model and derived
Phanerozoic atmospheric pO2 variations between 15 and 30 atm%
(75–150%PAL). Substantial scatter in inertinite% (10–80%) implies
that other factors than atmospheric O2 influence this proxy. Hence, it
remains a challenge to eliminate biases in this record.

6.2.1.3. Agile predatory fish. The Silurian–Devonian emergence of large
predatory fish (> 1 m) has been linked to rising atmospheric O2 levels
above ~40%PAL (Choo et al., 2014; Dahl et al., 2010; Dahl and
Hammarlund, 2011). Fish are among the most sensitive marine animals
towards low O2 concentrations in seawater, and active swimmers stop
growing and metabolizing at lower O2 levels. Specifically, the O2
demand for active swimmers increases more steeply with body size
than does O2 uptake through the gill area (Dahl and Hammarlund,
2011). Therefore, the presence of large agile predators may also put a
lower limit on atmospheric O2 levels. Nevertheless, the physiological

design of the oxygen uptake mechanism matters greatly, and large fish
might alternatively have survived at low ambient O2 levels if they had
slightly thinner gills with shorter O2 diffusion distance and thus faster
O2 uptake (Dahl and Hammarlund, 2011).

6.2.2. Oceanic oxygenation
The mid-Paleozoic transition also involved major change to the

oxygenation state of the oceans. This is clear from the abundance of
organic-rich shales in the Cambrian-Silurian (Berry and Wilde, 1978;
Leggett, 1980), the ratio of pyrite to organic carbon in shales (Berner
and Raiswell, 1983), models for the marine sulfur isotopic record
(Berner and Raiswell, 1983; Gill et al., 2007; Halevy et al., 2012), as
well as ocean redox proxies sensitive to either the immediately over-
lying bottom waters in the shallow ocean (Sperling et al., 2015; Wallace
et al., 2017), the deep ocean (Stolper and Keller, 2018) or at the
globally-integrated scale (Dahl et al., 2010; Kendall et al., 2017).
It is predicted that atmospheric O2 levels have to exceed> 50%PAL

in order to oxygenate the deep oceans at the modern oceanic O2 con-
sumption and P availability (Canfield, 1998). Based on this transition,
geochemical proxies have been developed to constrain when the deep
oceans transited into a fully oxygenated state. The molybdenum isotope
record from euxinic shales suggests a substantially oxygenated deep
ocean from the mid-Devonian onwards (Dahl et al., 2010; Kendall et al.,
2017). The molybdenum isotope composition of seawater is particularly
sensitive to burial of Mn-oxides that occur slowly and over vast areas in
the abyssal ocean. The Mo isotope signal is well-mixed in the oceans
due to the oceanic long residence time of Mo relative to ocean mixing
time (~400 kyr vs. 1 kyr). This characteristic of a “global tracer” allows
the isotope signal from the oxygenated deep ocean to also be recorded
in shallow settings on the continental shelves, including euxinic mu-
drocks. One major challenge for this proxy is, however, that continental
shelf sediments rarely record seawater directly, but carries a negative
δ98Mo offset relative to contemporaneous seawater. Nevertheless, the
record suggests more oxygenated ocean conditions in the mid-Devonian
(~390 Ma) compared to the Late Ordovician/earliest Silurian
(~440 Ma). This trend has been linked to emergence of land plants with
higher C/P ratio than marine biomass in support of the COPSE model
(Dahl et al., 2010; Lenton et al., 2016).
Ongoing efforts seeking to establish other methods to extract global-

scale information on ocean oxygenation focus on independent redox-
sensitive elements, such as uranium, vanadium, rhenium and thallium
isotopes. The long-term records are still under construction, but some of
these systems have already demonstrated shorter periods of expanding
marine anoxia and recovery (Bowman et al., 2019; White et al., 2018;
Zhang et al., 2020; Cheng et al., 2020).

6.3. Evidence for oceanic fertilization and anoxia in the mid-Paleozoic

The colonization of land by plants could well have enhanced
weathering and oceanic P input. This concept was originally proposed
as explanation for the two episodes of marine extinctions near the
Frasnian-Famennian (FeF) boundary, where anoxia developed in re-
latively shallow water roughly at the same time as forests spread on the
continents (Algeo et al., 1995; Algeo and Scheckler, 1998).
The FF-boundary still constitutes the prime example of a terrestrial-

marine teleconnection, where evolving vegetation on land set the stage
for a biotic crisis in the ocean (Algeo and Scheckler, 1998). Several
other events have been investigated with the same hypothesis in mind,
including the Late Ordovician ‘HICE’ event (Hammarlund et al., 2012),
the Late Silurian ‘Lau’ event (Bowman et al., 2019), the end-Devonian
‘Hangenberg’ event (Zhang et al., 2020) and the Early Mississippian
‘TICE’ event (Cheng et al., 2020). All of these are associated with po-
sitive carbon isotope excursion that might indicate enhanced organic
carbon burial (Fig. 1). Yet, it slowly becomes clear that each of the
events have unique biogeochemical affinities, as we will briefly discuss
below.
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The Late Ordovician extinction crises (~445–440 Ma) hit in two
strikes during the onset of the Hirnantian glaciation and during sub-
sequent transgression (e.g., Hammarlund et al., 2012). The first phase
coincides with ~5 °C cooling recorded in conodonts from tropical
seawater (Finnegan et al., 2011). The driving mechanism for cooling is
debated, and enhanced organic carbon burial associated with ocean
fertilization and/or enhanced silicate weathering promoted by non-
vascular land plants are candidate hypotheses (Hammarlund et al.,
2012; Lenton et al., 2012). A recent lithium isotope study suggests si-
licate weathering actually declined and instead ascribe the driver for
cooling and CO2 decline to lower rates of volcanic outgassing (Pogge
von Strandmann et al., 2017). In this scheme, land plants may have
played only a subordinate role on animal extinctions at this time.

The Late Silurian Lau-Kozlowskii event (~424–423 Ma) marks
an extinction event followed by a large positive carbon isotope excur-
sion (Fig. 1). New thallium isotope data demonstrates that the Lau
extinction event was associated with an expansion of marine anoxia
(Bowman et al., 2019). At this time, there is a sudden appearance of
trilete spores in Baltica indicative of vascular plants (Wellman et al.,
2013). There is no evidence for extensive black shale deposition or
organic carbon burial during the extinction horizon, and the positive
carbon isotope excursion occurred in the aftermath of the biotic crisis
and oceanic anoxic event. Therefore, the carbon isotope excursion was
likely driven by other factors, e.g. changes in ocean circulation, car-
bonate weathering and/or carbonate precipitation in the oceans (Farkaš
et al., 2016).

The Frasnian-Famennian extinction events (~376–371 Ma)may
have been caused by invasion of new flora. Oxygen isotopes in con-
odonts suggest a rapid cooling occurred in two strikes where surface
seawater at low latitudes suddenly decreased (−3 °C and − 6 °C)
during the lower and upper Kellwasser events, respectively (Huang
et al., 2018). At both occasions there is evidence for enhanced marine
organic carbon burial and black shale deposition in shallower settings
over wide areas in North America and southern Europe (Buggisch,
1991; Song et al., 2017; White et al., 2018). The expansion of anoxic
water masses is clear during the upper Kellwasser event and is also
recorded in the uranium isotope composition of marine carbonates,
except for a short period during the peak of the extinction (White et al.,
2018). The simultaneous oceanic cooling and expanding ocean anoxia
at the global scale is diagnostic of enhanced marine O2 consumption,
which readily points to enhanced P input to the ocean. Temporally, the
Frasnian-Fammenian events overlaps with the peak abundance of pro-
gymnosperm forests and predate by a few million years the first fossil
appearance of seed plants, e.g. Elkinsia, (Rothwell et al., 1989; Algeo
and Scheckler, 1998; Myrow et al., 2014; Wan et al., 2019). In all cases,
we still lack a process-based understanding that would link land plant
evolution to enhanced P delivery to the oceans at this time.

The Late Famennian Hangenberg event (~360 Ma) resembles
another major extinction event, which has a positive carbon isotope
excursion recorded globally (Kaiser et al., 2016; Kaiser et al., 2011).
Further, there is evidence for cooling and a dramatic ~100 m sea level
drop. There is also evidence for expansive anoxic water masses at this
time (Marynowski and Filipiak, 2007; Zhang et al., 2020), and the event
coincides closely with the first appearance of seed plants that have been
argued to enhance weathering in drier upland areas (Rothwell et al.,
1989; Algeo and Scheckler, 1998; Wan et al., 2019). A simple para-
metric Earth system model fits roughly the overall isotope trajectories
observed in one setting (Zhang et al., 2020), but more data from other
parts of the ocean is necessary to decipher the timing of cooling, or-
ganic carbon burial and marine anoxia.

The Early Mississippian TICE event (~354–352 Ma) represents
a + 5–7‰ positive carbon isotope excursion recorded in carbonates
worldwide (Saltzman et al., 2004; Yao et al., 2015). The event coincides
with onset of a longer-term cooling period (Fig. 10). Expansive marine
anoxia and greater organic carbon burial has also been reported during
the event (Cheng et al., 2020). Overall, the TICE event could have been

triggered by enhanced P input from the continents that would have
fueled marine productivity and organic export to deeper waters, re-
sulting in expansive marine anoxia and organic matter burial in sedi-
ments. Moreover, it overlaps with the appearance of new seed plants on
the continents (Genselia, Rhodeopteridium) (Wan et al., 2019). Hence,
the event may have been linked to land plant evolution, and it also
correlates with the Antler orogenic event (Saltzman et al., 2000).

7. Conclusion and outlook

Previous research has emphasized the role of early Ordovician
bryophytes and/or late Devonian forests in climatic cooling and at-
mospheric oxygen rise during the mid-Paleozoic. Here, we advocate for
an integrated view on the whole Paleozoic transition (Le Hir et al.,
2011), by recognizing the evolutionary stages that brought the terres-
trial ecosystems from simple cryptogamic covers to forested continental
interiors by the spread of seed plants.
There is compelling evidence that surface temperatures declined,

sea level increased, and the oceans became slowly more oxygenated
during the mid-Paleozoic. Land plants are thought to have intensified
CO2 removal via silicate weathering, but we lack a mechanistic un-
derstanding of how the individual terrestrial ecosystems affected the
Earth system. In our view the mid-Paleozoic colonization of land in-
volved five major ecological transitions that each may have altered
Earth's climate and oxygenation state:

1. The Ordovician colonization of non-vascular plants (~ 515–470 Ma)

Early embryophytes could potentially have covered a large part of
the land surface, but had small impacts on soil carbon, water balance,
and mud retention. Nevertheless, these plants could have influenced
oceanic P input driving atmospheric oxygenation. Current isotope re-
cords suggest the Late Ordovician cooling were triggered by geologic
drivers, thereby allocating a secondary role of early non-vascular plants
on climate regulation, but there is still no consensus on this matter.

2. The Silurian rise of ground-hugging vascular plants (430–410 Ma)

The abundance of trilete spores characteristic of vascular plants
suggest lignified plants became ecologically important at this time. Yet,
there is no evidence of long-term cooling trend throughout the Silurian.
In fact, the paleotemperature record suggests the Silurian-Devonian was
warmer than the Ordovician. Nevertheless, the Silurian record reveals a
series of shorter (< 1 Myr) cooling events that each may represent
evolution and spread of vascular plants.

3. The rise of vascular plants with shallow root systems
(~410–390 Ma)

Vascular plants evolved simple and shallow root systems and the
first coal deposits are from this time (Nelsen et al., 2016). The rock
record reveals the impacts of shallow roots on river bank stability,
through emerging meandering rivers with increased alluvial mud re-
tention. Shallow root systems changed the carbon input to soils by
bringing litter and respiration underground. How these shallow eco-
systems affected soil formation and atmospheric CO2 and O2 are pre-
sently unresolved.

4. Colonization of arborescent trees with deep root systems
(~390–370 Ma)

The emergence of trees (progymnosperms) with deep branching
roots and rootlets has been linked to climatic cooling by enhanced
weathering. This could have been a driver of Frasnian-Fammenian
oceanic anoxic events, although this still warrants a better under-
standing of the evolving weathering processes on land (Algeo et al.,
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1995; Algeo and Scheckler, 1998). Perhaps, the emergence of deep root
systems enhanced the overall weathering rate compared to earlier
shallow vegetation (Fig. 7). Yet, it is not clear that deep root system
could have forever increased the silicate weathering efficiency, espe-
cially not if vegetation was restricted to shallow wetlands, where sili-
cate weathering was mainly limited in mineral-supply. Also, the pa-
leorecords suggest the long-term cooling (presumably CO2 drawdown)
and glaciation occurred well into the Carboniferous long after the
emergence of Archaeopteris forests and during the subsequent early
evolution of seed plants.

5. The rise of seed plants in the latest Devonian and Carboniferous
(~355–320 Ma)

It has been argued that the emergence of seed plants led to invasion
of areas that were previously too dry for sporophytes. The geographical
extent of terrestrial vegetation is still poorly constrained during the
mid-Paleozoic transitions, and better constraints from the fossil record
and climate-ecosystem models are needed. Land plants on steep hill
slopes are thought to stabilize soils and limit erosion. However, the
record of North American sedimentary rock volume indicates that
erosion is primarily linked to orogenesis (~x4) and that plants play a
minor role on long-term erosion rates.
In this review, we have outlined a series of factors by which the

evolving terrestrial ecosystems contributed to the regulation of atmo-
spheric oxygen and Earth's climate. Future research must address how
each of these ecological transitions affected the Earth system by using
an integrated framework that bridges process-driven models with ob-
servations in the rock record. This should help us identify why some
transitions led to cooling and oxygenation – and others did not.

Acknowledgments

We thank three anonymous reviewers for constructive comments. A.
Knoll (Harvard University), M. Rosing (University of Copenhagen), and
T. Algeo (University of Cincinnati) generously provided constructive
comments to an earlier version of the manuscript. Thanks to J. Husson
for providing tabulated data for Fig. 6.

Funding

We acknowledge funding from the Carlsberg Foundation
(CF16–0876) and the Danish Council for Independent Research DFF
(7014-00295 and 8102–00005b) to TWD.

Author contributions

TWD designed the research; Both authors contributed to the dis-
cussions and wrote the paper.

Data and materials availability

Where not tabulated or stated in the text, data were measured from
graphics by pasting the image into Adobe Illustrator and overlaying
guidelines to obtain exact measurements of data point positions.

Declaration of competing interest

The authors declare that they have no competing interests.

References

Ahlberg, P.E., Milner, A.R., 1994. The origin and early diversification of tetrapods. Nature
368, 507–514. https://doi.org/10.1038/368507a0.

Algeo, T.J., Scheckler, S.E., 1998. Terrestrial-marine teleconnections in the Devonian:
links between the evolution of land plants, weathering processes, and marine anoxic

events. Philos. Trans. R. Soc. Lond. Ser. B Biol. Sci. 353, 113–130. https://doi.org/10.
1098/rstb.1998.0195.

Algeo, T.J., Berner, R.A., Maynard, J.B., Scheckler, S.E., 1995. Late Devonian oceanic
anoxic events and biotic crises: “Rooted” in the Evolution of Vascular Land Plants.
GSA Today 4.

Algeo, T.J., Scheckler, S.E., Maynard, J.B., 2001. Effects of the Middle to late Devonian
spread of vascular land plants on weathering regimes, marine biotas, and global
climate. In: Gensel, P.G., Edwards, D. (Eds.), Plants Invade the Land. 12 Columbia
University Press, New York Chichester, West Sussex. https://doi.org/10.7312/
gens11160-013.

Amundson, R., 2014. Soil formation. In: Treatise on Geochemistry. Elsevier, pp. 1–26.
https://doi.org/10.1016/B978-0-08-095975-7.00501-5.

Arens, S., 2013. Global Limits on Silicate Weathering and Implications for the Silicate
Weathering Feedback (Dr. Rer. Nat). Friedrich-Schiller-Universität Jena, Jena,
Germany.

Arens, S., Kleidon, A., 2011. Eco-hydrological versus supply-limited weathering regimes
and the potential for biotic enhancement of weathering at the global scale. Appl.
Geochem. 26, S274–S278. https://doi.org/10.1016/j.apgeochem.2011.03.079.

Arndt, S., Regnier, P., Goddéris, Y., Donnadieu, Y., 2011. GEOCLIM reloaded (v 1.0): a
new coupled earth system model for past climate change. Geosci. Model Dev. 4,
451–481. https://doi.org/10.5194/gmd-4-451-2011.

Bahcall, J.N., Pinsonneault, M.H., Basu, S., 2001. Solar models: current epoch and time
dependences, neutrinos, and helioseismological properties. Astrophys. J. 555,
990–1012. https://doi.org/10.1086/321493.

Balogh-Brunstad, Z., Keller, C.K., Bormann, B.T., O’Brien, R., Wang, D., Hawley, G., 2008.
Chemical weathering and chemical denudation dynamics through ecosystem devel-
opment and disturbance: weathering and denudation in ecosystems. Glob.
Biogeochem. Cycles 22, 1–11. https://doi.org/10.1029/2007GB002957.

Bardgett, R.D., van der Putten, W.H., 2014. Belowground biodiversity and ecosystem
functioning. Nature 515, 505–511. https://doi.org/10.1038/nature13855.

Bar-On, Y.M., Phillips, R., Milo, R., 2018. The biomass distribution on Earth. Proc. Natl.
Acad. Sci. 115, 6506–6511. https://doi.org/10.1073/pnas.1711842115.

Belcher, C.M., McElwain, J.C., 2008. Limits for combustion in low O2 redefine pa-
leoatmospheric predictions for the mesozoic. Science 321, 1197–1200. https://doi.
org/10.1126/science.1160978.

Bengtson, S., Sallstedt, T., Belivanova, V., Whitehouse, M., 2017. Three-dimensional
preservation of cellular and subcellular structures suggests 1.6 billion-year-old
crown-group red algae. PLoS Biol. 15, e2000735. https://doi.org/10.1371/journal.
pbio.2000735.

Bergman, N.M., 2004. COPSE: a new model of biogeochemical cycling over Phanerozoic
time. Am. J. Sci. 304, 397–437. https://doi.org/10.2475/ajs.304.5.397.

Berkner, L.V., Marshall, L.C., 1965. On the origin and rise of oxygen concentration in the
Earth’s atmosphere. J. Atmos. Sci. 22, 225–261.

Berner, R.A., 1987. Models for carbon and sulfur cycles and atmospheric oxygen; appli-
cation to Paleozoic geologic history. Am. J. Sci. 287, 177–196. https://doi.org/10.
2475/ajs.287.3.177.

Berner, R.A., 1990. Atmospheric carbon dioxide levels over Phanerozoic time. Science
249, 1382–1386. https://doi.org/10.1126/science.249.4975.1382.

Berner, R.A., 1991. A model for atmospheric CO2 over Phanerozoic time. Am. J. Sci. 291,
339–376.

Berner, R.A., 1993. Paleozoic atmospheric CO2: importance of solar radiation and plant
evolution. Science 261, 68–70. https://doi.org/10.1126/science.261.5117.68.

Berner, R.A., 1994. GEOCARB II; a revised model of atmospheric CO 2 over Phanerozoic
time. Am. J. Sci. 294, 56–91. https://doi.org/10.2475/ajs.294.1.56.

Berner, R.A., Caldeira, K., 1997. The need for mass balance and feedback in the geo-
chemical carbon cycle. Geology 25, 955–956. https://doi.org/10.1130/0091-
7613(1997)025. < 0955:TNFMBA>2.3.CO;2.

Berner, R.A., 2000. Isotope fractionation and atmospheric oxygen: implications for pha-
nerozoic O2 evolution. Science 287, 1630–1633. https://doi.org/10.1126/science.
287.5458.1630.

Berner, R.A., 2006. GEOCARBSULF: a combined model for Phanerozoic atmospheric O2
and CO2. Geochim. Cosmochim. Acta 70, 5653–5664. https://doi.org/10.1016/j.gca.
2005.11.032.

Berner, E.K., Berner, R.A., 2012. Global Environment: Water, Air, and Geochemical
Cycles, 2nd ed. Princeton University Press, Princeton, N.J.

Berner, R.A., Canfield, D.E., 1989. A new model for atmospheric oxygen over Phanerozoic
time. Am. J. Sci. 289, 333–361. https://doi.org/10.2475/ajs.289.4.333.

Berner, R.A., Landis, G.P., 1988. Gas bubbles in fossil amber as possible indicators of the
major gas composition of ancient air. Science 239, 1406–1409. https://doi.org/10.
1126/science.239.4846.1406.

Berner, R.A., Raiswell, R., 1983. Burial of organic carbon and pyrite sulfur in sediments
over Phanerozoi~ time: a new theory. Geochim. Cosmochim. Acta 47, 855–862.

Berner, R.A., Lenton, T., Tester, M., Beerling, D.J., 1998. The carbon cycle and CO2 over
Phanerozoic time: the role of land plants. Philos. Trans. Biol. Sci. 353, 75–82.

Berry, C.M., Fairon-Demaret, M., 2002. The architecture of Pseudosporochnus nodosus
Leclercq et Banks: a Middle Devonian Cladoxylopsid from Belgium. Int. J. Plant Sci.
163, 699–713. https://doi.org/10.1086/342037.

Berry, W., Wilde, P., 1978. Progressive ventilation of the oceans– an explanation for the
distribution of the lower Paleozoic black shales. Am. J. Sci. 278, 257–275.

Betts, R.A., 2000. Offset of the potential carbon sink from boreal forestation by decreases
in surface albedo. Nature 408, 187–190. https://doi.org/10.1038/35041545.

Blamey, N.J.F., Brand, U., 2019. Atmospheric gas in modern and ancient halite fluid
inclusions: a screening protocol. Gondwana Res. 69, 163–176. https://doi.org/10.
1016/j.gr.2018.12.004.

Blouin, M., Hodson, M.E., Delgado, E.A., Baker, G., Brussaard, L., Butt, K.R., Dai, J.,
Dendooven, L., Peres, G., Tondoh, J.E., Cluzeau, D., Brun, J.-J., 2013. A review of

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

20

https://doi.org/10.1038/368507a0
https://doi.org/10.1098/rstb.1998.0195
https://doi.org/10.1098/rstb.1998.0195
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0015
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0015
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0015
https://doi.org/10.7312/gens11160-013
https://doi.org/10.7312/gens11160-013
https://doi.org/10.1016/B978-0-08-095975-7.00501-5
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0030
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0030
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0030
https://doi.org/10.1016/j.apgeochem.2011.03.079
https://doi.org/10.5194/gmd-4-451-2011
https://doi.org/10.1086/321493
https://doi.org/10.1029/2007GB002957
https://doi.org/10.1038/nature13855
https://doi.org/10.1073/pnas.1711842115
https://doi.org/10.1126/science.1160978
https://doi.org/10.1126/science.1160978
https://doi.org/10.1371/journal.pbio.2000735
https://doi.org/10.1371/journal.pbio.2000735
https://doi.org/10.2475/ajs.304.5.397
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0080
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0080
https://doi.org/10.2475/ajs.287.3.177
https://doi.org/10.2475/ajs.287.3.177
https://doi.org/10.1126/science.249.4975.1382
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0095
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0095
https://doi.org/10.1126/science.261.5117.68
https://doi.org/10.2475/ajs.294.1.56
https://doi.org/10.1130/0091-7613(1997)025
https://doi.org/10.1130/0091-7613(1997)025
https://doi.org/10.1126/science.287.5458.1630
https://doi.org/10.1126/science.287.5458.1630
https://doi.org/10.1016/j.gca.2005.11.032
https://doi.org/10.1016/j.gca.2005.11.032
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0120
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0120
https://doi.org/10.2475/ajs.289.4.333
https://doi.org/10.1126/science.239.4846.1406
https://doi.org/10.1126/science.239.4846.1406
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0135
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0135
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0140
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0140
https://doi.org/10.1086/342037
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0150
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0150
https://doi.org/10.1038/35041545
https://doi.org/10.1016/j.gr.2018.12.004
https://doi.org/10.1016/j.gr.2018.12.004


earthworm impact on soil function and ecosystem services: Earthworm impact on
ecosystem services. Eur. J. Soil Sci. 64, 161–182. https://doi.org/10.1111/ejss.
12025.

Bluth, G.J.S., Kump, L.R., 1994. Lithologic and climatologic controls of river chemistry.
Geochim. Cosmochim. Acta 58, 2341–2359. https://doi.org/10.1016/0016-7037(94)
90015-9.

Bonan, G., 2015. Ecological Climatology. Cambridge University Press, Cambridge.
Bowman, C.N., Young, S.A., Kaljo, D., Eriksson, M.E., Them, T.R., Hints, O., Martma, T.,

Owens, J.D., 2019. Linking the progressive expansion of reducing conditions to a
stepwise mass extinction event in the late Silurian oceans. Geology 47, 968–972.
https://doi.org/10.1130/G46571.1.

Boyce, C.K., Hotton, C.L., Fogel, M.L., Cody, G.D., Hazen, R.M., Knoll, A.H., Hueber, F.M.,
2007. Devonian landscape heterogeneity recorded by a giant fungus. Geology 35,
399. https://doi.org/10.1130/G23384A.1.

Boyce, C.K., 2008. How green was Cooksonia? The importance of size in understanding
the early evolution of physiology in the vascular plant lineage. Paleobiology 34,
179–194. https://doi.org/10.1666/0094-8373(2008)034[0179:HGWCTI]2.0.CO;2.

Boyce, C.K., Lee, J.-E., 2017. Plant evolution and climate over geological timescales.
Annu. Rev. Earth Planet. Sci. 45, 61–87. https://doi.org/10.1146/annurev-earth-
063016-015629.

Boyce, C.K., Cody, G.D., Fogel, M.L., Hazen, R.M., Alexander, C.M.O., Knoll, A.H., 2003.
Chemical evidence for cell wall lignification and the evolution of tracheids in early
Devonian plants. Int. J. Plant Sci. 164, 691–702. https://doi.org/10.1086/377113.

Boyce, C.K., Fan, Y., Zwieniecki, M.A., 2017. Did trees grow up to the light, up to the
wind, or down to the water? How modern high productivity colors perception of
early plant evolution. New Phytol. 215, 552–557. https://doi.org/10.1111/nph.
14387.

Brantley, S.L., Megonigal, J.P., Scatena, F.N., Balogh-Brunstad, Z., Barnes, R.T., Bruns,
M.A., Van Cappellen, P., Dontsova, K., Hartnett, H.E., Hartshorn, A.S., Heimsath, A.,
Herndon, E., Jin, L., Keller, C.K., Leake, J.R., Mcdowell, W.H., Meinzer, F.C.,
Mozdzer, T.J., Petsch, S., Pett-Ridge, J., Pregitzer, K.S., Raymond, P.A., Riebe, C.S.,
Shumaker, K., Sutton-Grier, A., Walter, R., Yoo, K., 2011. Twelve testable hypotheses
on the geobiology of weathering: hypotheses on geobiology of weathering.
Geobiology. https://doi.org/10.1111/j.1472-4669.2010.00264.x. no-no.

Brantley, S.L., Holleran, M.E., Jin, L., Bazilevskaya, E., 2013. Probing deep weathering in
the Shale Hills Critical Zone Observatory, Pennsylvania (USA): the hypothesis of
nested chemical reaction fronts in the subsurface: nested reaction fronts. Earth Surf.
Process. Landf. 38, 1280–1298. https://doi.org/10.1002/esp.3415.

Brantley, S.L., Lebedeva, M.I., Balashov, V.N., Singha, K., Sullivan, P.L., Stinchcomb, G.,
2017. Toward a conceptual model relating chemical reaction fronts to water flow
paths in hills. Geomorphology 277, 100–117. https://doi.org/10.1016/j.geomorph.
2016.09.027.

Brezinski, D.K., Cecil, C.B., Skema, V.W., 2010. Late Devonian glacigenic and associated
facies from the central Appalachian Basin, eastern United States. Geol. Soc. Am. Bull.
122, 265–281. https://doi.org/10.1130/B26556.1.

Brocks, J.J., Jarrett, A.J.M., Sirantoine, E., Hallmann, C., Hoshino, Y., Liyanage, T., 2017.
The rise of algae in Cryogenian oceans and the emergence of animals. Nature 548,
578–581. https://doi.org/10.1038/nature23457.

Brodribb, T.J., McAdam, S.A.M., 2011. Passive Origins of Stomatal Control in Vascular
Plants. Science 331, 582–585. https://doi.org/10.1126/science.1197985.

Brugger, J., Hofmann, M., Petri, S., Feulner, G., 2018. On the sensitivity of the Devonian
climate to continental configuration, vegetation cover and insolation. Clim. Past
Discuss. 1–27. https://doi.org/10.5194/cp-2018-36.

Buggisch, W., 1991. The global Frasnian-Famennian »Kellwasser Event«. Geol. Rundsch.
80, 49–72. https://doi.org/10.1007/BF01828767.

Burdige, D.J., 2007. Preservation of organic matter in marine sediments: controls, me-
chanisms, and an imbalance in sediment organic carbon budgets? Chem. Rev. 107,
467–485. https://doi.org/10.1021/cr050347q.

Bush, A.M., Bambach, R.K., 2011. Paleoecologic megatrends in marine metazoa. Annu.
Rev. Earth Planet. Sci. 39, 241–269. https://doi.org/10.1146/annurev-earth-040809-
152556.

Cai, S., Chen, G., Wang, Yuanyuan, Huang, Y., Marchant, D.B., Wang, Yizhou, Yang, Q.,
Dai, F., Hills, A., Franks, P.J., Nevo, E., Soltis, D.E., Soltis, P.S., Sessa, E., Wolf, P.G.,
Xue, D., Zhang, G., Pogson, B.J., Blatt, M.R., Chen, Z.-H., 2017. Evolutionary con-
servation of ABA signaling for stomatal closure. Plant Physiol. 174, 732–747. https://
doi.org/10.1104/pp.16.01848.

Caldeira, K., Kasting, J.F., 1992. The life span of the biosphere revisited. Nature 360,
721–723. https://doi.org/10.1038/360721a0.

Came, R.E., Eiler, J.M., Veizer, J., Azmy, K., Brand, U., Weidman, C.R., 2007. Coupling of
surface temperatures and atmospheric CO2 concentrations during the Palaeozoic era.
Nature 449, 198–201. https://doi.org/10.1038/nature06085.

Canfield, D.E., 1998. A new model for Proterozoic ocean chemistry. Nature 396, 450–453.
https://doi.org/10.1038/24839.

Cantrill, D.J., Poole, I., 2012. The Vegetation of Antarctica Through Geological Time.
Cambridge University Press, Cambridge.

Cappellen, P.V., Ingall, E.D., 1996. Redox stabilization of the atmosphere and oceans by
phosphorus-limited marine productivity. Sci. New Ser. 271, 493–496.

Carroll, R.L., 1992. The primary radiation of terrestrial vertebrates. Annu. Rev. Earth
Planet. Sci. 45–84.

Catling, D.C., 2014. The great oxidation event transition. In: Treatise on Geochemistry,
pp. 177–195. https://doi.org/10.1016/b978-0-08-095975-7.01307-3.

Chen, J., Montañez, I.P., Qi, Y., Shen, S., Wang, X., 2018. Strontium and carbon isotopic
evidence for decoupling of pCO2 from continental weathering at the apex of the late
Paleozoic glaciation. Geology 46, 395–398. https://doi.org/10.1130/G40093.1.

Cheng, K., Elrick, M., Romaniello, S.J., 2020. Early Mississippian ocean anoxia triggered
organic carbon burial and late Paleozoic cooling: evidence from uranium isotopes

recorded in marine limestone. Geology. https://doi.org/10.1130/G46950.1.
Choo, B., Zhu, M., Zhao, W., Jia, L., Zhu, Y., 2014. The largest Silurian vertebrate and its

palaeoecological implications. Sci. Rep. 4, 5242. https://doi.org/10.1038/
srep05242.

Clapham, M.E., Karr, J.A., 2012. Environmental and biotic controls on the evolutionary
history of insect body size. Proc. Natl. Acad. Sci. 109, 10927–10930. https://doi.org/
10.1073/pnas.1204026109.

Clark, J.W., Donoghue, P.C.J., 2017. Constraining the timing of whole genome duplica-
tion in plant evolutionary history. Proc. R. Soc. B Biol. Sci. 284, 20170912. https://
doi.org/10.1098/rspb.2017.0912.

Costello, M.J., Chaudhary, C., 2017. Marine biodiversity, biogeography, deep-sea gra-
dients, and conservation. Curr. Biol. 27, R511–R527. https://doi.org/10.1016/j.cub.
2017.04.060.

Crocker, R.L., Major, J., 1955. Soil development in relation to vegetation and surface age
at Glacier Bay, Alaska. J. Ecol. 43, 427. https://doi.org/10.2307/2257005.

Dahl, T.W., Hammarlund, E.U., 2011. Do large predatory fish track ocean oxygenation?
Commun Integr Biol 3 (1), 92–94 (doi:10/11/04).

Dahl, T.W., Hammarlund, E.U., Anbar, A.D., Bond, D.P.G., Gill, B.C., Gordon, G.W., Knoll,
A.H., Nielsen, A.T., Schovsbo, N.H., Canfield, D.E., 2010. Devonian rise in atmo-
spheric oxygen correlated to the radiations of terrestrial plants and large predatory
fish. Proc. Natl. Acad. Sci. U. S. A. 107, 17911–17915. https://doi.org/10.1073/pnas.
1011287107.

Dahl, T.W., Connelly, J.N., Kouchinsky, A., Gill, B.C., Månsson, S.F., Bizzarro, M., 2017.
Reorganisation of Earth’s biogeochemical cycles briefly oxygenated the oceans 520
Myr ago. Geochem. Perspect. Lett. 210–220. https://doi.org/10.7185/geochemlet.
1724.

Dahl, T.W., Connelly, J.N., Li, D., Kouchinsky, A., Gill, B.C., Porter, S., Maloof, A.C.,
Bizzarro, M., 2019. Atmosphere–ocean oxygen and productivity dynamics during
early animal radiations. Proc. Natl. Acad. Sci. 116, 19352–19361. https://doi.org/10.
1073/pnas.1901178116.

Daines, S.J., Mills, B.J.W., Lenton, T.M., 2017. Atmospheric oxygen regulation at low
Proterozoic levels by incomplete oxidative weathering of sedimentary organic
carbon. Nat. Commun. 8, 14379. https://doi.org/10.1038/ncomms14379.

D’Antonio, M., Ibarra, D.E., Boyce, C.K., 2019. Land plant evolution decreased, rather
than increased, weathering rates. Geology. https://doi.org/10.1130/G46776.1.

Davies, N.S., Rygel, M.C., Gibling, M.R., 2010. Marine influence in the upper Ordovician
Juniata Formation (Ptters Mills, Pennsylvania): implications for the history of life on
land. PALAIOS 25, 527–539. https://doi.org/10.2110/palo.2010.p10-025r.

De Vleeschouwer, D., Crucifix, M., Bounceur, N., Claeys, P., 2014. The impact of astro-
nomical forcing on the Late Devonian greenhouse climate. Glob. Planet. Change 120,
65–80. https://doi.org/10.1016/j.gloplacha.2014.06.002.

Delwiche, C.F., Cooper, E.D., 2015. The evolutionary origin of a terrestrial flora. Curr.
Biol. 25, R899–R910. https://doi.org/10.1016/j.cub.2015.08.029.

Díaz-Martínez, E., Grahn, Y., 2007. Early Silurian glaciation along the western margin of
Gondwana (Peru, Bolivia and northern Argentina): palaeogeographic and geody-
namic setting. Palaeogeogr. Palaeoclimatol. Palaeoecol. 245, 62–81. https://doi.org/
10.1016/j.palaeo.2006.02.018.

Dietrich, W.E., Perron, J.T., 2006. The search for a topographic signature of life. Nature
439, 411–418. https://doi.org/10.1038/nature04452.

Donnadieu, Y., Goddéris, Y., Pierrehumbert, R., Dromart, G., Fluteau, F., Jacob, R., 2006.
A GEOCLIM simulation of climatic and biogeochemical consequences of Pangea
breakup: simulation of Pangea breakup. Geochem. Geophys. Geosystems 7, 1–21.
https://doi.org/10.1029/2006GC001278.

Dosseto, A., Buss, H.L., Chabaux, F., 2014. Age and weathering rate of sediments in small
catchments: the role of hillslope erosion. Geochim. Cosmochim. Acta 132, 238–258.
https://doi.org/10.1016/j.gca.2014.02.010.

Driese, S.G., Mora, C.I., 2001. Diversification of Siluro-Devonian Plant Traces in Paleosols
and Influence on estimates of Paleoatmospheric CO2 Levels. In: Gensel, P.G.,
Edwards, D. (Eds.), Plants Invade the Land. 13 Columbia University Press, New York
Chichester, West Sussex. https://doi.org/10.7312/gens11160-014.

Driese, S.G., Mora, C.I., Elick, J.M., 1997. Morphology and taphonomy of root and stump
casts of the earliest trees (Middle to Late Devonian), Pennsylvania and New York,
U.S.A. PALAIOS 12, 524. https://doi.org/10.2307/3515409.

Dudley, R., 1998. Atmospheric oxygen giant paleozoic insects and the evolution of aerial
locomotor performance. J. Exp. Biol. 201, 1043–1050.

Eberl, D.D., Farmer, V.C., Barrer, R.M., 1984. Clay mineral formation and transformation
in rocks and soils [and discussion]. Philos. Trans. R. Soc. Math. Phys. Eng. Sci. 311,
241–257. https://doi.org/10.1098/rsta.1984.0026.

Edwards, D., Feehan, J., Smith, D.G., 1983. A late Wenlock flora from Co. Tipperary,
Ireland. Bot. J. Linn. Soc. 86, 19–36. https://doi.org/10.1111/j.1095-8339.1983.
tb00715.x.

Edwards, C.T., Saltzman, M.R., Royer, D.L., Fike, D.A., 2017. Oxygenation as a driver of
the Great Ordovician Biodiversification Event. Nat. Geosci. 10, 925–929. https://doi.
org/10.1038/s41561-017-0006-3.

Elbert, W., Weber, B., Burrows, S., Steinkamp, J., Büdel, B., Andreae, M.O., Pöschl, U.,
2012. Contribution of cryptogamic covers to the global cycles of carbon and nitrogen.
Nat. Geosci. 5, 459–462. https://doi.org/10.1038/ngeo1486.

Elick, J.M., Driese, S.G., Mora, C.I., 1998. Very large plant and root traces from the Early
to Middle Devonian: implications for early terrestrial ecosystems and atmospheric p
(CO2). Geology 26, 143–146.

Farkaš, J., Frýda, J., Holmden, C., 2016. Calcium isotope constraints on the marine
carbon cycle and CaCO 3 deposition during the late Silurian (Ludfordian) positive δ
13 C excursion. Earth Planet. Sci. Lett. 451, 31–40. https://doi.org/10.1016/j.epsl.
2016.06.038.

Ferrier, K.L., Riebe, C.S., Jesse Hahm, W., 2016. Testing for supply-limited and kinetic-
limited chemical erosion in field measurements of regolith production and chemical

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

21

https://doi.org/10.1111/ejss.12025
https://doi.org/10.1111/ejss.12025
https://doi.org/10.1016/0016-7037(94)90015-9
https://doi.org/10.1016/0016-7037(94)90015-9
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0175
https://doi.org/10.1130/G46571.1
https://doi.org/10.1130/G23384A.1
https://doi.org/10.1666/0094-8373(2008)034[0179:HGWCTI]2.0.CO;2
https://doi.org/10.1146/annurev-earth-063016-015629
https://doi.org/10.1146/annurev-earth-063016-015629
https://doi.org/10.1086/377113
https://doi.org/10.1111/nph.14387
https://doi.org/10.1111/nph.14387
https://doi.org/10.1111/j.1472-4669.2010.00264.x
https://doi.org/10.1002/esp.3415
https://doi.org/10.1016/j.geomorph.2016.09.027
https://doi.org/10.1016/j.geomorph.2016.09.027
https://doi.org/10.1130/B26556.1
https://doi.org/10.1038/nature23457
https://doi.org/10.1126/science.1197985
https://doi.org/10.5194/cp-2018-36
https://doi.org/10.1007/BF01828767
https://doi.org/10.1021/cr050347q
https://doi.org/10.1146/annurev-earth-040809-152556
https://doi.org/10.1146/annurev-earth-040809-152556
https://doi.org/10.1104/pp.16.01848
https://doi.org/10.1104/pp.16.01848
https://doi.org/10.1038/360721a0
https://doi.org/10.1038/nature06085
https://doi.org/10.1038/24839
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0275
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0275
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0280
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0280
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0285
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0285
https://doi.org/10.1016/b978-0-08-095975-7.01307-3
https://doi.org/10.1130/G40093.1
https://doi.org/10.1130/G46950.1
https://doi.org/10.1038/srep05242
https://doi.org/10.1038/srep05242
https://doi.org/10.1073/pnas.1204026109
https://doi.org/10.1073/pnas.1204026109
https://doi.org/10.1098/rspb.2017.0912
https://doi.org/10.1098/rspb.2017.0912
https://doi.org/10.1016/j.cub.2017.04.060
https://doi.org/10.1016/j.cub.2017.04.060
https://doi.org/10.2307/2257005
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0330
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0330
https://doi.org/10.1073/pnas.1011287107
https://doi.org/10.1073/pnas.1011287107
https://doi.org/10.7185/geochemlet.1724
https://doi.org/10.7185/geochemlet.1724
https://doi.org/10.1073/pnas.1901178116
https://doi.org/10.1073/pnas.1901178116
https://doi.org/10.1038/ncomms14379
https://doi.org/10.1130/G46776.1
https://doi.org/10.2110/palo.2010.p10-025r
https://doi.org/10.1016/j.gloplacha.2014.06.002
https://doi.org/10.1016/j.cub.2015.08.029
https://doi.org/10.1016/j.palaeo.2006.02.018
https://doi.org/10.1016/j.palaeo.2006.02.018
https://doi.org/10.1038/nature04452
https://doi.org/10.1029/2006GC001278
https://doi.org/10.1016/j.gca.2014.02.010
https://doi.org/10.7312/gens11160-014
https://doi.org/10.2307/3515409
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0405
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0405
https://doi.org/10.1098/rsta.1984.0026
https://doi.org/10.1111/j.1095-8339.1983.tb00715.x
https://doi.org/10.1111/j.1095-8339.1983.tb00715.x
https://doi.org/10.1038/s41561-017-0006-3
https://doi.org/10.1038/s41561-017-0006-3
https://doi.org/10.1038/ngeo1486
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0430
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0430
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0430
https://doi.org/10.1016/j.epsl.2016.06.038
https://doi.org/10.1016/j.epsl.2016.06.038


depletion: testing limits on chemical erosion rates. Geochem. Geophys. Geosystems
17, 2270–2285. https://doi.org/10.1002/2016GC006273.

Field, K.J., Pressel, S., Duckett, J.G., Rimington, W.R., Bidartondo, M.I., 2015. Symbiotic
options for the conquest of land. Trends Ecol. Evol. 30, 477–486. https://doi.org/10.
1016/j.tree.2015.05.007.

Finnegan, S., Bergmann, K., Eiler, J.M., Jones, D.S., Fike, D.A., Eisenman, I., Hughes, N.C.,
Tripati, A.K., Fischer, W.W., 2011. The magnitude and duration of Late Ordovician-
Early Silurian Glaciation. Science 331, 903–906. https://doi.org/10.1126/science.
1200803.

Foster, G.L., Royer, D.L., Lunt, D.J., 2017. Future climate forcing potentially without
precedent in the last 420 million years. Nat. Commun. 8, 14845. https://doi.org/10.
1038/ncomms14845.

France-Lanord, C., Derry, L.A., 1997. Organic carbon burial forcing of the carbon cycle
from Himalayan erosion. Nature 390, 65–67. https://doi.org/10.1038/36324.

Froelich, P.N., Bender, M.L., Luedtke, N.A., Heath, G.R., DeVries, T., 1982. The marine
phosphorus cycle. Am. J. Sci. 282, 474–511. https://doi.org/10.2475/ajs.282.4.474.

Gaillardet, J., Calmels, D., Romero-Mujalli, G., Zakharova, E., Hartmann, J., 2018. Global
climate control on carbonate weathering intensity. Chem. Geol., 118762. https://doi.
org/10.1016/j.chemgeo.2018.05.009.

Galy, V., France-Lanord, C., Beyssac, O., Faure, P., Kudrass, H., Palhol, F., 2007. Efficient
organic carbon burial in the Bengal fan sustained by the Himalayan erosional system.
Nature 450, 407–410. https://doi.org/10.1038/nature06273.

Galy, V., Peucker-Ehrenbrink, B., Eglinton, T., 2015. Global carbon export from the ter-
restrial biosphere controlled by erosion. Nature 521, 204–207. https://doi.org/10.
1038/nature14400.

Gargas, A., DePriest, P., Grube, M., Tehler, A., 1995. Multiple origins of lichen symbioses
in fungi suggested by SSU rDNA phylogeny. Science 268, 1492–1495. https://doi.
org/10.1126/science.7770775.

Gensel, P.G., Kotyk, M.E., Basinger, J.F., 2001. 5. Morphology of above- and below-
ground structures in Early Devonian (Pragian–Emsian) plants. In: Gensel, P.G.,
Edwards, D. (Eds.), Plants Invade the Land. Columbia University Press, New York
Chichester, West Sussex. https://doi.org/10.7312/gens11160-006.

Ghienne, J.-F., Desrochers, A., Vandenbroucke, T.R.A., Achab, A., Asselin, E., Dabard, M.-
P., Farley, C., Loi, A., Paris, F., Wickson, S., Veizer, J., 2014. A Cenozoic-style sce-
nario for the end-Ordovician glaciation. Nat. Commun. 5, 4485. https://doi.org/10.
1038/ncomms5485.

Gibling, M.R., Davies, N.S., 2012. Palaeozoic landscapes shaped by plant evolution. Nat.
Geosci. 5, 99–105. https://doi.org/10.1038/ngeo1376.

Gibling, M.R., Davies, N.S., Falcon-Lang, H.J., Bashforth, A.R., DiMichele, W.A., Rygel,
M.C., Ielpi, A., 2014. Palaeozoic co-evolution of rivers and vegetation: a synthesis of
current knowledge. Proc. Geol. Assoc. 125, 524–533. https://doi.org/10.1016/j.
pgeola.2013.12.003.

Gill, B.C., Lyons, T.W., Saltzman, M.R., 2007. Parallel, high-resolution carbon and sulfur
isotope records of the evolving Paleozoic marine sulfur reservoir. Palaeogeogr.
Palaeoclimatol. Palaeoecol. 256, 156–173. https://doi.org/10.1016/j.palaeo.2007.
02.030.

Glasspool, I.J., Scott, A.C., 2010. Phanerozoic concentrations of atmospheric oxygen re-
constructed from sedimentary charcoal. Nat. Geosci. 3, 627–630. https://doi.org/10.
1038/ngeo923.

Glasspool, I.J., Edwards, D., Axe, L., 2004. Charcoal in the Silurian as evidence for the
earliest wildfire. Geology 32, 381. https://doi.org/10.1130/G20363.1.

Goddéris, Y., Donnadieu, Y., Tombozafy, M., Dessert, C., 2008. Shield effect on con-
tinental weathering: implication for climatic evolution of the Earth at the geological
timescale. Geoderma 145, 439–448. https://doi.org/10.1016/j.geoderma.2008.01.
020.

Goddéris, Y., Donnadieu, Y., Carretier, S., Aretz, M., Dera, G., Macouin, M., Regard, V.,
2017. Onset and ending of the late Palaeozoic ice age triggered by tectonically paced
rock weathering. Nat. Geosci. 10, 382–386. https://doi.org/10.1038/ngeo2931.

Gough, D.O., 1981. Solar interior structure and luminosity variations. Sol. Phys. 74,
21–34. https://doi.org/10.1007/BF00151270.

Greb, S.F., DiMichele, W.A., Gastaldo, R.A., 2006. Evolution and importance of wetlands
in earth history. In: Wetlands through Time. Geological Society of America. https://
doi.org/10.1130/2006.2399(01.

Grossman, E.L., 2012. Oxygen isotope stratigraphy. In: The Geologic Time Scale, pp.
181–206. https://doi.org/10.1016/b978-0-444-59425-9.00010-x.

Gutzmer, J., Beukes, N.J., 1998. Earliest laterites and possible evidence for terrestrial
vegetation in the Early Proterozoic. Geology 26, 263–266.

Halevy, I., Peters, S.E., Fischer, W.W., 2012. Sulfate burial constraints on the phanerozoic
sulfur cycle. Science 337, 331–334. https://doi.org/10.1126/science.1220224.

Hammarlund, E.U., Dahl, T.W., Harper, D.A.T., Bond, D.P.G., Nielsen, A.T., Bjerrum, C.J.,
Schovsbo, N.H., Schönlaub, H.P., Zalasiewicz, J.A., Canfield, D.E., 2012. A sulfidic
driver for the end-Ordovician mass extinction. Earth Planet. Sci. Lett. 331–332,
128–139. https://doi.org/10.1016/j.epsl.2012.02.024.

Haq, B.U., Schutter, S.R., 2008. A chronology of Paleozoic sea-level changes. Science 322,
64–68. https://doi.org/10.1126/science.1161648.

Hartmann, J., West, A.J., Renforth, P., Köhler, P., De La Rocha, C.L., Wolf-Gladrow, D.A.,
Dürr, H.H., Scheffran, J., 2013. Enhanced chemical weathering as a geoengineering
strategy to reduce atmospheric carbon dioxide, supply nutrients, and mitigate ocean
acidification. Rev. Geophys. 51, 113–149. https://doi.org/10.1002/rog.20004.

Hassett, M.O., Fischer, M.W.F., Money, N.P., 2015. Mushrooms as rainmakers: how spores
act as nuclei for raindrops. PLoS One 10, e0140407. https://doi.org/10.1371/
journal.pone.0140407.

Henkes, G.A., Passey, B.H., Grossman, E.L., Shenton, B.J., Yancey, T.E., Pérez-Huerta, A.,
2018. Temperature evolution and the oxygen isotope composition of Phanerozoic
oceans from carbonate clumped isotope thermometry. Earth Planet. Sci. Lett. 490,
40–50. https://doi.org/10.1016/j.epsl.2018.02.001.

Hibbett, D.S., Binder, M., Bischoff, J.F., Blackwell, M., Cannon, P.F., Eriksson, O.E.,
Huhndorf, S., James, T., Kirk, P.M., Lücking, R., Thorsten Lumbsch, H., Lutzoni, F.,
Matheny, P.B., McLaughlin, D.J., Powell, M.J., Redhead, S., Schoch, C.L., Spatafora,
J.W., Stalpers, J.A., Vilgalys, R., Aime, M.C., Aptroot, A., Bauer, R., Begerow, D.,
Benny, G.L., Castlebury, L.A., Crous, P.W., Dai, Y.-C., Gams, W., Geiser, D.M.,
Griffith, G.W., Gueidan, C., Hawksworth, D.L., Hestmark, G., Hosaka, K., Humber,
R.A., Hyde, K.D., Ironside, J.E., Kõljalg, U., Kurtzman, C.P., Larsson, K.-H.,
Lichtwardt, R., Longcore, J., Miądlikowska, J., Miller, A., Moncalvo, J.-M., Mozley-
Standridge, S., Oberwinkler, F., Parmasto, E., Reeb, V., Rogers, J.D., Roux, C.,
Ryvarden, L., Sampaio, J.P., Schüßler, A., Sugiyama, J., Thorn, R.G., Tibell, L.,
Untereiner, W.A., Walker, C., Wang, Z., Weir, A., Weiss, M., White, M.M., Winka, K.,
Yao, Y.-J., Zhang, N., 2007. A higher-level phylogenetic classification of the Fungi.
Mycol. Res. 111, 509–547. https://doi.org/10.1016/j.mycres.2007.03.004.

Hilley, G.E., Chamberlain, C.P., Moon, S., Porder, S., Willett, S.D., 2010. Competition
between erosion and reaction kinetics in controlling silicate-weathering rates. Earth
Planet. Sci. Lett. 293, 191–199. https://doi.org/10.1016/j.epsl.2010.01.008.

Hotton, C., Hueber, F.M., Griffing, D., Bridge, J.S., 2001. Early terrestrial plant en-
vironments: an example from the Emsian of Gaspé, Canada. Plants Invade Land Evol.
Environ. Perspect. 179–212.

Huang, C., Joachimski, M.M., Gong, Y., 2018. Did climate changes trigger the Late
Devonian Kellwasser Crisis? Evidence from a high-resolution conodont δ 18 O PO 4
record from South China. Earth Planet. Sci. Lett. 495, 174–184. https://doi.org/10.
1016/j.epsl.2018.05.016.

Hueber, F.M., 1983. A new species of Baragwanathia from the Sextant Formation
(Emsian) Northern Ontario, Canada. Bot. J. Linn. Soc. 86, 57–79. https://doi.org/10.
1111/j.1095-8339.1983.tb00717.x.

Humphreys, C.P., Franks, P.J., Rees, M., Bidartondo, M.I., Leake, J.R., Beerling, D.J.,
2010. Mutualistic mycorrhiza-like symbiosis in the most ancient group of land plants.
Nat. Commun. 1, 103. https://doi.org/10.1038/ncomms1105.

Husson, J.M., Peters, S.E., 2018. Nature of the sedimentary rock record and its implica-
tions for Earth system evolution. Emerg. Top. Life Sci. 2, 125–136. https://doi.org/
10.1042/ETLS20170152.

Ibarra, D.E., Rugenstein, J.K.C., Bachan, A., Baresch, A., Lau, K.V., Thomas, D.L., Lee, J.-
E., Boyce, C.K., Chamberlain, C.P., 2019. Modeling the consequences of land plant
evolution on silicate weathering. Am. J. Sci. 319, 1–43. https://doi.org/10.2475/01.
2019.01.

Isbell, J.L., Miller, M.F., Wolfe, K.L., Lenaker, P.A., 2003. Timing of late Paleozoic gla-
ciation in Gondwana: was glaciation responsible for the development of Northern
Hemisphere cyclothems? In: Extreme Depositional Environments: Mega End
Members in Geologic Time. Geological Society of America. https://doi.org/10.1130/
0-8137-2370-1.5.

Istanbulluoglu, E., 2005. Vegetation-modulated landscape evolution: effects of vegetation
on landscape processes, drainage density, and topography. J. Geophys. Res. 110,
F02012. https://doi.org/10.1029/2004JF000249.

Istanbulluoglu, E., Bras, R.L., 2006. On the dynamics of soil moisture, vegetation, and
erosion: implications of climate variability and change: climate vegetation erosion
dynamics. Water Resour. Res. 42. https://doi.org/10.1029/2005WR004113.

Ito, A., Wagai, R., 2017. Global distribution of clay-size minerals on land surface for
biogeochemical and climatological studies. Sci. Data 4, 170103. https://doi.org/10.
1038/sdata.2017.103.

Jiao, Y., Wickett, N.J., Ayyampalayam, S., Chanderbali, A.S., Landherr, L., Ralph, P.E.,
Tomsho, L.P., Hu, Y., Liang, H., Soltis, P.S., Soltis, D.E., Clifton, S.W., Schlarbaum,
S.E., Schuster, S.C., Ma, H., Leebens-Mack, J., dePamphilis, C.W., 2011. Ancestral
polyploidy in seed plants and angiosperms. Nature 473, 97–100. https://doi.org/10.
1038/nature09916.

Joachimski, M.M., van Geldern, R., Breisig, S., Buggisch, W., Day, J., 2004. Oxygen iso-
tope evolution of biogenic calcite and apatite during the Middle and Late Devonian.
Int. J. Earth Sci. 93, 542–553. https://doi.org/10.1007/s00531-004-0405-8.

Johnson, J.E., Gerpheide, A., Lamb, M.P., Fischer, W.W., 2014. O2 constraints from
Paleoproterozoic detrital pyrite and uraninite. Geol. Soc. Am. Bull. 126, 813–830.
https://doi.org/10.1130/B30949.1.

Kaiser, S.I., Becker, R.T., Steuber, T., Aboussalam, S.Z., 2011. Climate-controlled mass
extinctions, facies, and sea-level changes around the Devonian–Carboniferous
boundary in the eastern Anti-Atlas (SE Morocco). Palaeogeogr. Palaeoclimatol.
Palaeoecol. 310, 340–364. https://doi.org/10.1016/j.palaeo.2011.07.026.

Kaiser, S.I., Aretz, M., Becker, R.T., 2016. The global Hangenberg Crisis
(Devonian–Carboniferous transition): review of a first-order mass extinction. Geol.
Soc. Lond. Spec. Publ. 423, 387–437. https://doi.org/10.1144/SP423.9.

Kanzaki, Y., Kump, L.R., 2017. Biotic effects on oxygen consumption during weathering:
implications for the second rise of oxygen. Geology 45, 611–614. https://doi.org/10.
1130/G38869.1.

Kasting, J., 1993. Earth’s early atmosphere. Science 259, 920–926. https://doi.org/10.
1126/science.11536547.

Kendall, B., Dahl, T.W., Anbar, A.D., 2017. The stable isotope geochemistry of mo-
lybdenum. Rev. Mineral. Geochem. 82, 683–732. https://doi.org/10.2138/rmg.
2017.82.16.

Kenrick, P., Crane, P.R., 1997. The origin and early evolution of plants on land. Nature
389, 33–39. https://doi.org/10.1038/37918.

Kenrick, P., Strullu-Derrien, C., 2014. The origin and early evolution of roots. Plant
Physiol. 166, 570–580. https://doi.org/10.1104/pp.114.244517.

Kenrick, P., Wellman, C.H., Schneider, H., Edgecombe, G.D., 2012. A timeline for ter-
restrialization: consequences for the carbon cycle in the Palaeozoic. Philos. Trans. R.
Soc. Lond. Ser. B Biol. Sci. 367, 519–536. https://doi.org/10.1098/rstb.2011.0271.

Knauth, L.P., Kennedy, M.J., 2009. The late Precambrian greening of the Earth. Nature
460, 728–732. https://doi.org/10.1038/nature08213.

Knoll, A.H., 2011. The multiple origins of complex multicellularity. Annu. Rev. Earth

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

22

https://doi.org/10.1002/2016GC006273
https://doi.org/10.1016/j.tree.2015.05.007
https://doi.org/10.1016/j.tree.2015.05.007
https://doi.org/10.1126/science.1200803
https://doi.org/10.1126/science.1200803
https://doi.org/10.1038/ncomms14845
https://doi.org/10.1038/ncomms14845
https://doi.org/10.1038/36324
https://doi.org/10.2475/ajs.282.4.474
https://doi.org/10.1016/j.chemgeo.2018.05.009
https://doi.org/10.1016/j.chemgeo.2018.05.009
https://doi.org/10.1038/nature06273
https://doi.org/10.1038/nature14400
https://doi.org/10.1038/nature14400
https://doi.org/10.1126/science.7770775
https://doi.org/10.1126/science.7770775
https://doi.org/10.7312/gens11160-006
https://doi.org/10.1038/ncomms5485
https://doi.org/10.1038/ncomms5485
https://doi.org/10.1038/ngeo1376
https://doi.org/10.1016/j.pgeola.2013.12.003
https://doi.org/10.1016/j.pgeola.2013.12.003
https://doi.org/10.1016/j.palaeo.2007.02.030
https://doi.org/10.1016/j.palaeo.2007.02.030
https://doi.org/10.1038/ngeo923
https://doi.org/10.1038/ngeo923
https://doi.org/10.1130/G20363.1
https://doi.org/10.1016/j.geoderma.2008.01.020
https://doi.org/10.1016/j.geoderma.2008.01.020
https://doi.org/10.1038/ngeo2931
https://doi.org/10.1007/BF00151270
https://doi.org/10.1130/2006.2399(01
https://doi.org/10.1130/2006.2399(01
https://doi.org/10.1016/b978-0-444-59425-9.00010-x
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0550
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0550
https://doi.org/10.1126/science.1220224
https://doi.org/10.1016/j.epsl.2012.02.024
https://doi.org/10.1126/science.1161648
https://doi.org/10.1002/rog.20004
https://doi.org/10.1371/journal.pone.0140407
https://doi.org/10.1371/journal.pone.0140407
https://doi.org/10.1016/j.epsl.2018.02.001
https://doi.org/10.1016/j.mycres.2007.03.004
https://doi.org/10.1016/j.epsl.2010.01.008
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0595
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0595
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0595
https://doi.org/10.1016/j.epsl.2018.05.016
https://doi.org/10.1016/j.epsl.2018.05.016
https://doi.org/10.1111/j.1095-8339.1983.tb00717.x
https://doi.org/10.1111/j.1095-8339.1983.tb00717.x
https://doi.org/10.1038/ncomms1105
https://doi.org/10.1042/ETLS20170152
https://doi.org/10.1042/ETLS20170152
https://doi.org/10.2475/01.2019.01
https://doi.org/10.2475/01.2019.01
https://doi.org/10.1130/0-8137-2370-1.5
https://doi.org/10.1130/0-8137-2370-1.5
https://doi.org/10.1029/2004JF000249
https://doi.org/10.1029/2005WR004113
https://doi.org/10.1038/sdata.2017.103
https://doi.org/10.1038/sdata.2017.103
https://doi.org/10.1038/nature09916
https://doi.org/10.1038/nature09916
https://doi.org/10.1007/s00531-004-0405-8
https://doi.org/10.1130/B30949.1
https://doi.org/10.1016/j.palaeo.2011.07.026
https://doi.org/10.1144/SP423.9
https://doi.org/10.1130/G38869.1
https://doi.org/10.1130/G38869.1
https://doi.org/10.1126/science.11536547
https://doi.org/10.1126/science.11536547
https://doi.org/10.2138/rmg.2017.82.16
https://doi.org/10.2138/rmg.2017.82.16
https://doi.org/10.1038/37918
https://doi.org/10.1104/pp.114.244517
https://doi.org/10.1098/rstb.2011.0271
https://doi.org/10.1038/nature08213


Planet. Sci. 39, 217–239. https://doi.org/10.1146/annurev.earth.031208.100209.
Kraft, P., Kvaček, Z., 2017. Where the lycophytes come from? – a piece of the story from

the Silurian of peri-Gondwana. Gondwana Res. 45, 180–190. https://doi.org/10.
1016/j.gr.2017.02.001.

Kramer, P.J., Boyer, J.S., 1995. Water Relations of Plants and Soils. Academic Press, San
Diego.

Krissansen-Totton, J., Catling, D.C., 2017. Constraining climate sensitivity and con-
tinental versus seafloor weathering using an inverse geological carbon cycle model.
Nat. Commun. 8, 15423. https://doi.org/10.1038/ncomms15423.

Kump, L.R., 1988. Terrestrial feedback in atmospheric oxygen regulation by fire and
phosphorus. Nature 335, 152–154. https://doi.org/10.1038/335152a0.

Kump, L.R., 2014. Hypothesized link between Neoproterozoic greening of the land sur-
face and the establishment of an oxygen-rich atmosphere. Proc. Natl. Acad. Sci. 111,
14062–14065. https://doi.org/10.1073/pnas.1321496111.

Kump, L.R., Brantley, S.L., Arthur, M.A., 2000. Chemical weathering, atmospheric CO2
and climate. Annu. Rev. Earth Planet. Sci. 28, 611–667. https://doi.org/10.1146/
annurev.earth.28.1.611.

Lawrence, D., Vandecar, K., 2015. Effects of tropical deforestation on climate and agri-
culture. Nat. Clim. Chang. 5, 27–36. https://doi.org/10.1038/nclimate2430.

Le Hir, G., Donnadieu, Y., Goddéris, Y., Meyer-Berthaud, B., Ramstein, G., Blakey, R.C.,
2011. The climate change caused by the land plant invasion in the Devonian. Earth
Planet. Sci. Lett. 310, 203–212. https://doi.org/10.1016/j.epsl.2011.08.042.

Leggett, J.K., 1980. British Lower Palaeozoic black shales and their palaeo-oceanographic
significance. J. Geol. Soc. 137, 139–156. https://doi.org/10.1144/gsjgs.137.2.0139.

Lenton, T.M., Watson, A.J., 2000. Redfield revisited: 2. What regulates the oxygen con-
tent of the atmosphere? Glob. Biogeochem. Cycles 14, 249–268. https://doi.org/10.
1029/1999GB900076.

Lenton, T., Watson, A., Watson, A.J., 2011. Revolutions that Made the Earth. Oxford
University Press.

Lenton, T.M., Crouch, M., Johnson, M., Pires, N., Dolan, L., 2012. First plants cooled the
Ordovician. Nat. Geosci. 5, 86–89. https://doi.org/10.1038/ngeo1390.

Lenton, T.M., Dahl, T.W., Daines, S.J., Mills, B.J., Ozaki, K., Saltzman, M.R., Porada, P.,
2016. Earliest land plants created modern levels of atmospheric oxygen. Proc Natl
Acad Sci U A 113, 9704–9709. https://doi.org/10.1073/pnas.1604787113.

Lenton, T.M., Daines, S.J., Mills, B.J.W., 2018. COPSE reloaded: an improved model of
biogeochemical cycling over Phanerozoic time. Earth-Sci. Rev. 178, 1–28. https://
doi.org/10.1016/j.earscirev.2017.12.004.

Libertín, M., Kvaček, J., Bek, J., Žárský, V., Štorch, P., 2018. Sporophytes of poly-
sporangiate land plants from the early Silurian period may have been photo-
synthetically autonomous. Nat. Plants 4, 269–271. https://doi.org/10.1038/s41477-
018-0140-y.

Lutzoni, F., Nowak, M.D., Alfaro, M.E., Reeb, V., Miadlikowska, J., Krug, M., Arnold, A.E.,
Lewis, L.A., Swofford, D.L., Hibbett, D., Hilu, K., James, T.Y., Quandt, D., Magallón,
S., 2018. Contemporaneous radiations of fungi and plants linked to symbiosis. Nat.
Commun. 9, 5451. https://doi.org/10.1038/s41467-018-07849-9.

Lyons, T.W., Reinhard, C.T., Planavsky, N.J., 2014. The rise of oxygen in Earth’s early
ocean and atmosphere. Nature 506, 307–315. https://doi.org/10.1038/nature13068.

Maher, K., Chamberlain, C.P., 2014. Hydrologic regulation of chemical weathering and
the geologic carbon cycle. Science 343, 1502–1504. https://doi.org/10.1126/
science.1250770.

The trace-fossil record of major evolutionary events. In: Mángano, M.G., Buatois, L.A.
(Eds.), Mesozoic and Cenoczoic, Topics in Geobiology. Volume 2 Springer,
Dordrecht.

Marynowski, L., Filipiak, P., 2007. Water column euxinia and wildfire evidence during
deposition of the Upper Famennian Hangenberg event horizon from the Holy Cross
Mountains (central Poland). Geol. Mag. 144, 569–595. https://doi.org/10.1017/
S0016756807003317.

McElwain, J.C., Chaloner, W.G., 1996. The fossil cuticle as a skeletal record of environ-
mental change. PALAIOS 11, 376. https://doi.org/10.2307/3515247.

McMahon, W.J., Davies, N.S., 2018. Evolution of alluvial mudrock forced by early land
plants. Science 359, 1022–1024. https://doi.org/10.1126/science.aan4660.

Meyer-Berthaud, B., Scheckler, S.E., Wendt, J., 1999. Archaeopteris is the earliest known
modern tree. Nature 398, 700–701. https://doi.org/10.1038/19516.

Meyer-Berthaud, B., Soria, A., Decombeix, A.-L., 2010. The land plant cover in the
Devonian: a reassessment of the evolution of the tree habit. Geol. Soc. Lond. Spec.
Publ. 339, 59–70. https://doi.org/10.1144/SP339.6.

Meyer-Berthaud, B., Decombeix, A.-L., Ermacora, X., 2013. Archaeopterid root anatomy
and architecture: new information from permineralized specimens of Famennian Age
from Anti-Atlas (Morocco). Int. J. Plant Sci. 174, 364–381. https://doi.org/10.1086/
668685.

Miller, K.G., Kominz, M.A., Browning, J.V., Wright, J.D., Mountain, G.S., Katz, M.E.,
Sugarman, P.J., Cramer, B.S., Christie-Blick, N., Pekar, S.F., 2005. The Phanerozoic
record of global sea-level change. Science 310, 1293–1298. https://doi.org/10.1126/
science.1116412.

Mintz, J.S., Driese, S.G., White, J.D., 2010. Environmental and ecological variability of
Middle Devonian (Givetian) forests in Appalachian Basin Paleosols, New York, United
States. PALAIOS 25, 85–96. https://doi.org/10.2110/palo.2009.p09-086r.

Montañez, I.P., Poulsen, C.J., 2013. The Late Paleozoic Ice Age: an evolving paradigm.
Annu. Rev. Earth Planet. Sci. 41, 629–656. https://doi.org/10.1146/annurev.earth.
031208.100118.

Mora, C.I., Driese, S.G., Colarusso, L.A., 1996. Middle to Late Paleozoic atmospheric CO
$_2$ levels from soil carbonate and organic matter. Sci. New Ser. 271, 1105–1107.

Morel, E., Edwards, D., Rodriguez, M.I., 1995. The first record of Cooksonia from South
Americain Silurian rocks of Bolivia. Geol. Mag. 132, 449–452. https://doi.org/10.
1017/S0016756800021506.

Morris, J.L., Edwards, D., 2014. An analysis of vegetational change in the Lower

Devonian: new data from the Lochkovian of the Welsh Borderland, U.K. Rev.
Palaeobot. Palynol. 211, 98. https://doi.org/10.1016/j.revpalbo.2014.09.006.

Morris, J.L., Leake, J.R., Stein, W.E., Berry, C.M., Marshall, J.E.A., Wellman, C.H., Milton,
J.A., Hillier, S., Mannolini, F., Quirk, J., Beerling, D.J., Lomax, B., 2015. Investigating
Devonian trees as geo-engineers of past climates: linking palaeosols to palaeobotany
and experimental geobiology. Palaeontology 58, 787–801. https://doi.org/10.1111/
pala.12185.

Morris, J.L., Puttick, M.N., Clark, J.W., Edwards, D., Kenrick, P., Pressel, S., Wellman,
C.H., Yang, Z., Schneider, H., Donoghue, P.C.J., 2018. The timescale of early land
plant evolution. Proc. Natl. Acad. Sci. 115, E2274–E2283. https://doi.org/10.1073/
pnas.1719588115.

Moulton, K.L., 2000. Solute flux and mineral mass balance approaches to the quantifi-
cation of plant effects on silicate weathering. Am. J. Sci. 300, 539–570. https://doi.
org/10.2475/ajs.300.7.539.

Moulton, K.L., Berner, R.A., 1998. Quantification of the Effect of Plants on Weathering:
Studies in Iceland. pp. 4.

Myrow, P.M., Ramezani, J., Hanson, A.E., Bowring, S.A., Racki, G., Rakociński, M., 2014.
High-precision U-Pb age and duration of the latest Devonian (Famennian)
Hangenberg event, and its implications. Terra Nova 26, 222–229. https://doi.org/10.
1111/ter.12090.

Nardin, E., Godderis, Y., Donnadieu, Y., Hir, G.L., Blakey, R.C., Puceat, E., Aretz, M.,
2011. Modeling the early Paleozoic long-term climatic trend. Geol. Soc. Am. Bull.
123, 1181–1192. https://doi.org/10.1130/B30364.1.

Neary, D.G., Ryan, K.C., DeBano, L.F., 2008. Wildland Fire in Ecosystems, Effects of Fire
on Soil and Water (No. Gen. Tech. Rep. RMRS-GTR-42-vol.4). Department of
Agricuture, Forest Service, Rocky Mountain Research Station, Ogden, UT, US.

Nelsen, M.P., DiMichele, W.A., Peters, S.E., Boyce, C.K., 2016. Delayed fungal evolution
did not cause the Paleozoic peak in coal production. Proc. Natl. Acad. Sci. 113,
2442–2447. https://doi.org/10.1073/pnas.1517943113.

Nelsen, M.P., Lücking, R., Boyce, C.K., Lumbsch, H.T., Ree, R.H., 2019. No support for the
emergence of lichens prior to the evolution of vascular plants. Geobiology,
gbi.12369. https://doi.org/10.1111/gbi.12369.

Niedźwiedzki, G., Szrek, P., Narkiewicz, K., Narkiewicz, M., Ahlberg, P.E., 2010. Tetrapod
trackways from the early Middle Devonian period of Poland. Nature 463, 43–48.
https://doi.org/10.1038/nature08623.

Pachauri, R.K., Mayer, L., Intergovernmentdal Panel on Climate Change (Eds.), 2015.
Climate Change 2014: Synthesis Report. Intergovernmental Panel on Climate Change,
Geneva, Switzerland.

Pawlik, Ł., Phillips, J.D., Šamonil, P., 2016. Roots, rock, and regolith: Biomechanical and
biochemical weathering by trees and its impact on hillslopes—a critical literature
review. Earth-Sci. Rev. 159, 142–159. https://doi.org/10.1016/j.earscirev.2016.06.
002.

Pirozynski, K.A., Malloch, D.W., 1975. The origin of land plants: a matter of myco-
trophism. Biosystems 6, 153–164. https://doi.org/10.1016/0303-2647(75)90023-4.

Pogge von Strandmann, P.A.E., Desrochers, A., Murphy, M.J., Finlay, A.J., Selby, D.,
Lenton, T.M., 2017. Global climate stabilisation by chemical weathering during the
Hirnantian glaciation. Geochem. Perspect. Lett. 230–237. https://doi.org/10.7185/
geochemlet.1726.

Pohl, A., Donnadieu, Y., Le Hir, G., Ladant, J., Dumas, C., Alvarez-Solas, J.,
Vandenbroucke, T.R.A., 2016. Glacial onset predated Late Ordovician climate
cooling. Paleoceanography 31, 800–821. https://doi.org/10.1002/2016PA002928.

Porada, P., Lenton, T.M., Pohl, A., Weber, B., Mander, L., Donnadieu, Y., Beer, C., Poschl,
U., Kleidon, A., 2016. High potential for weathering and climate effects of non-vas-
cular vegetation in the Late Ordovician. Nat. Commun. 7, 12113. https://doi.org/10.
1038/ncomms12113.

Qie, W., Algeo, T.J., Luo, G., Herrmann, A., 2019. Global events of the Late Paleozoic
(Early Devonian to Middle Permian): a review. Palaeogeogr. Palaeoclimatol.
Palaeoecol. 531, 109259. https://doi.org/10.1016/j.palaeo.2019.109259.

Quirk, J., Beerling, D.J., Banwart, S.A., Kakonyi, G., Romero-Gonzalez, M.E., Leake, J.R.,
2012. Evolution of trees and mycorrhizal fungi intensifies silicate mineral weath-
ering. Biol. Lett. 8, 1006–1011. https://doi.org/10.1098/rsbl.2012.0503.

Quirk, J., Leake, J.R., Johnson, D.A., Taylor, L.L., Saccone, L., Beerling, D.J., 2015.
Constraining the role of early land plants in Palaeozoic weathering and global
cooling. Proc. Biol. Sci. 282, 20151115. https://doi.org/10.1098/rspb.2015.1115.

Rasmussen, C.M., Ullmann, C.V., Jakobsen, K.G., Lindskog, A., Hansen, J., Hansen, T.,
Eriksson, M.E., Dronov, A., Frei, R., Korte, C., Nielsen, A.T., Harper, D.A., 2016. Onset
of main Phanerozoic marine radiation sparked by emerging Mid Ordovician icehouse.
Sci. Rep. 6, 18884. https://doi.org/10.1038/srep18884.

Raven, J.A., Edwards, D., 2001. Roots: evolutionary origins and biogeochemical sig-
nificance. J. Exp. Bot. 52, 381–401. https://doi.org/10.1093/jexbot/52.suppl_1.381.

Rees, P.M., Ziegler, A.M., Gibbs, M.T., Kutzbach, J.E., Behling, P.J., Rowley, D.B., 2002.
Permian phytogeographic patterns and climate data/model comparisons. J. Geol.
110, 1–31. https://doi.org/10.1086/324203.

Remy, W., Taylor, T.N., Hass, H., Kerp, H., 1994. Four hundred-million-year-old vesicular
arbuscular mycorrhizae. Proc. Natl. Acad. Sci. 91, 11841–11843. https://doi.org/10.
1073/pnas.91.25.11841.

Retallack, G.J., 2003. Soils and global change in the carbon cycle over geological time. In:
Treatise on Geochemistry. Elsevier, pp. 1–28. https://doi.org/10.1016/B0-08-
043751-6/05087-8.

Retallack, G.J., Feakes, C.R., 1987. Trace fossil evidence for Late Ordovician animals on
land. Science 235, 61–63. https://doi.org/10.1126/science.235.4784.61.

Rickards, R.B., 2000. The age of the earliest club mosses: the Silurian Baragwanathia flora
in Victoria, Australia. Geol. Mag. 137, 207–209. https://doi.org/10.1017/
S0016756800003800.

Riebe, C.S., Kirchner, J.W., Granger, D.E., Finkel, R.C., 2001. Strong Tectonic and Weak
Climatic Control of Long-Term Chemical Weathering Rates. pp. 4.

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

23

https://doi.org/10.1146/annurev.earth.031208.100209
https://doi.org/10.1016/j.gr.2017.02.001
https://doi.org/10.1016/j.gr.2017.02.001
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0715
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0715
https://doi.org/10.1038/ncomms15423
https://doi.org/10.1038/335152a0
https://doi.org/10.1073/pnas.1321496111
https://doi.org/10.1146/annurev.earth.28.1.611
https://doi.org/10.1146/annurev.earth.28.1.611
https://doi.org/10.1038/nclimate2430
https://doi.org/10.1016/j.epsl.2011.08.042
https://doi.org/10.1144/gsjgs.137.2.0139
https://doi.org/10.1029/1999GB900076
https://doi.org/10.1029/1999GB900076
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0760
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0760
https://doi.org/10.1038/ngeo1390
https://doi.org/10.1073/pnas.1604787113
https://doi.org/10.1016/j.earscirev.2017.12.004
https://doi.org/10.1016/j.earscirev.2017.12.004
https://doi.org/10.1038/s41477-018-0140-y
https://doi.org/10.1038/s41477-018-0140-y
https://doi.org/10.1038/s41467-018-07849-9
https://doi.org/10.1038/nature13068
https://doi.org/10.1126/science.1250770
https://doi.org/10.1126/science.1250770
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0800
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0800
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0800
https://doi.org/10.1017/S0016756807003317
https://doi.org/10.1017/S0016756807003317
https://doi.org/10.2307/3515247
https://doi.org/10.1126/science.aan4660
https://doi.org/10.1038/19516
https://doi.org/10.1144/SP339.6
https://doi.org/10.1086/668685
https://doi.org/10.1086/668685
https://doi.org/10.1126/science.1116412
https://doi.org/10.1126/science.1116412
https://doi.org/10.2110/palo.2009.p09-086r
https://doi.org/10.1146/annurev.earth.031208.100118
https://doi.org/10.1146/annurev.earth.031208.100118
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0850
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0850
https://doi.org/10.1017/S0016756800021506
https://doi.org/10.1017/S0016756800021506
https://doi.org/10.1016/j.revpalbo.2014.09.006
https://doi.org/10.1111/pala.12185
https://doi.org/10.1111/pala.12185
https://doi.org/10.1073/pnas.1719588115
https://doi.org/10.1073/pnas.1719588115
https://doi.org/10.2475/ajs.300.7.539
https://doi.org/10.2475/ajs.300.7.539
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0880
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0880
https://doi.org/10.1111/ter.12090
https://doi.org/10.1111/ter.12090
https://doi.org/10.1130/B30364.1
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0895
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0895
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0895
https://doi.org/10.1073/pnas.1517943113
https://doi.org/10.1111/gbi.12369
https://doi.org/10.1038/nature08623
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0915
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0915
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0915
https://doi.org/10.1016/j.earscirev.2016.06.002
https://doi.org/10.1016/j.earscirev.2016.06.002
https://doi.org/10.1016/0303-2647(75)90023-4
https://doi.org/10.7185/geochemlet.1726
https://doi.org/10.7185/geochemlet.1726
https://doi.org/10.1002/2016PA002928
https://doi.org/10.1038/ncomms12113
https://doi.org/10.1038/ncomms12113
https://doi.org/10.1016/j.palaeo.2019.109259
https://doi.org/10.1098/rsbl.2012.0503
https://doi.org/10.1098/rspb.2015.1115
https://doi.org/10.1038/srep18884
https://doi.org/10.1093/jexbot/52.suppl_1.381
https://doi.org/10.1086/324203
https://doi.org/10.1073/pnas.91.25.11841
https://doi.org/10.1073/pnas.91.25.11841
https://doi.org/10.1016/B0-08-043751-6/05087-8
https://doi.org/10.1016/B0-08-043751-6/05087-8
https://doi.org/10.1126/science.235.4784.61
https://doi.org/10.1017/S0016756800003800
https://doi.org/10.1017/S0016756800003800
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0995
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf0995


Roering, J.J., Marshall, J., Booth, A.M., Mort, M., Jin, Q., 2010. Evidence for biotic
controls on topography and soil production. Earth Planet. Sci. Lett. 298, 183–190.
https://doi.org/10.1016/j.epsl.2010.07.040.

Rothwell, G.W., Scheckler, S.E., Gillespie, W.H., 1989. Elkinsia gen. nov., a Late Devonian
Gymnosperm with Cupulate Ovules. Bot. Gaz. 150, 170–189. https://doi.org/10.
1086/337763.

Royer, D.L., 2001. Stomatal density and stomatal index as indicators of paleoatmospheric
CO2 concentration. Rev. Palaeobot. Palynol. 114, 1–28. https://doi.org/10.1016/
S0034-6667(00)00074-9.

Royer, D.L., Donnadieu, Y., Park, J., Kowalczyk, J., Godderis, Y., 2014. Error analysis of
CO2 and O2 estimates from the long-term geochemical model GEOCARBSULF. Am. J.
Sci. 314, 1259–1283. https://doi.org/10.2475/09.2014.01.

Rubinstein, C.V., Vajda, V., 2019. Baltica cradle of early land plants? Oldest record of
trilete spores and diverse cryptospore assemblages; evidence from Ordovician suc-
cessions of Sweden. GFF 141, 181–190. https://doi.org/10.1080/11035897.2019.
1636860.

Rubinstein, C.V., Gerrienne, P., de la Puente, G.S., Astini, R.A., Steemans, P., 2010. Early
Middle Ordovician evidence for land plants in Argentina (eastern Gondwana). New
Phytol. 188, 365–369. https://doi.org/10.1111/j.1469-8137.2010.03433.x.

Rugenstein, J.K.C., Moragne, D.Y., Ibarra, D.E., Bayshashov, B.U., Gao, Y., Jones, M.M.,
Zhamangara, A., Arzhannikova, A.V., Arzhannikov, S.G., Chamberlain, C.P., 2016.
The Neogene de-greening of Central Asia. Geology 44, 887–890. https://doi.org/10.
1130/G38267.1.

Saltzman, M.R., Thomas, E., 2012. Carbon isotope stratigraphy. In: The Geologic Time
Scale. Elsevier, pp. 207–232. https://doi.org/10.1016/B978-0-444-59425-9.
00011-1.

Saltzman, M.R., González, L.A., Lohmann, K.C., 2000. Earliest Carboniferous cooling step
triggered by the Antler orogeny? Geology 28, 347. https://doi.org/10.1130/0091-
7613(2000)28<347:ECCSTB>2.0.CO;2.

Saltzman, M., Groessens, E., Zhuravlev, A., 2004. Carbon cycle models based on extreme
changes in δ13C: an example from the lower Mississippian. Palaeogeogr.
Palaeoclimatol. Palaeoecol. 213, 359–377. https://doi.org/10.1016/S0031-0182(04)
00389-X.

Sánchez-Baracaldo, P., Raven, J.A., Pisani, D., Knoll, A.H., 2017. Early photosynthetic
eukaryotes inhabited low-salinity habitats. Proc. Natl. Acad. Sci. 114, E7737–E7745.
https://doi.org/10.1073/pnas.1620089114.

Sarmiento, J.L., Gruber, N., 2006. Ocean Biogeochemical Dynamics. Princeton University
Press.

Schachat, S.R., Labandeira, C.C., Saltzman, M.R., Cramer, B.D., Payne, J.L., Boyce, C.K.,
2018. Phanerozoic O2 and the early evolution of terrestrial animals. Proc. R. Soc. B
Biol. Sci. 285, 20172631. https://doi.org/10.1098/rspb.2017.2631.

Scotese, C.R., 2014. Atlas of Devonian Paleogeographic Maps, PALEOMAP Atlas for
ArcGIS, The Late Paleozoic, Maps 65–72, Mollweide Projection (No. Volume 4).
PALEOMAP Project, Evanston, IL.

Scott, A.C., Chaloner, W.G., 1983. The earliest fossil conifer from the Westphalian B of
Yorkshire. Proc. R. Soc. Lond. B Biol. Sci. 220, 163–182. https://doi.org/10.1098/
rspb.1983.0094.

Seppelt, R.D., Downing, A.J., Deane-Coe, K.K., Zhang, Y., Zhang, J., 2016. Bryophytes
within biological soil crusts. In: Weber, B., Büdel, B., Belnap, J. (Eds.), Biological Soil
Crusts: An Organizing Principle in Drylands. Springer International Publishing,
Cham, pp. 101–120. https://doi.org/10.1007/978-3-319-30214-0_6.

Shaw, A.J., Devos, N., Cox, C.J., Boles, S.B., Shaw, B., Buchanan, A.M., Cave, L., Seppelt,
R., 2010. Peatmoss (Sphagnum) diversification associated with Miocene Northern
Hemisphere climatic cooling? Mol. Phylogenet. Evol. 55, 1139–1145. https://doi.
org/10.1016/j.ympev.2010.01.020.

Sheldon, N.D., Tabor, N.J., 2009. Quantitative paleoenvironmental and paleoclimatic
reconstruction using paleosols. Earth-Sci. Rev. 95, 1–52. https://doi.org/10.1016/j.
earscirev.2009.03.004.

Smith, S.E., Read, D.J., 2009. Mycorrhizal Symbiosis, 3. ed. Repr. ed. Elsevier/Acad.
Press, Amsterdam.

Song, Huyue, Song, Haijun, Algeo, T.J., Tong, J., Romaniello, S.J., Zhu, Y., Chu, D., Gong,
Y., Anbar, A.D., 2017. Uranium and carbon isotopes document global-ocean redox-
productivity relationships linked to cooling during the Frasnian-Famennian mass
extinction. Geology 45, 887–890. https://doi.org/10.1130/g39393.1.

Spence, J., Telmer, K., 2005. The role of sulfur in chemical weathering and atmospheric
CO2 fluxes: evidence from major ions, δ13CDIC, and δ34SSO4 in rivers of the
Canadian Cordillera. Geochim. Cosmochim. Acta 69, 5441–5458. https://doi.org/10.
1016/j.gca.2005.07.011.

Sperling, E.A., Stockey, R.G., 2018. The temporal and environmental context of early
animal evolution: considering all the ingredients of an “Explosion.”. Integr. Comp.
Biol. 58, 605–622. https://doi.org/10.1093/icb/icy088.

Sperling, E.A., Wolock, C.J., Morgan, A.S., Gill, B.C., Kunzmann, M., Halverson, G.P.,
Macdonald, F.A., Knoll, A.H., Johnston, D.T., 2015. Statistical analysis of iron geo-
chemical data suggests limited late Proterozoic oxygenation. Nature 523, 451–454.
https://doi.org/10.1038/nature14589.

Stallard, R.F., Edmond, J.M., 1983. Geochemistry of the Amazon: 2. The influence of
geology and weathering environment on the dissolved load. J. Geophys. Res. Oceans
88, 9671–9688. https://doi.org/10.1029/JC088iC14p09671.

Steemans, P., Herisse, A.L., Melvin, J., Miller, M.A., Paris, F., Verniers, J., Wellman, C.H.,
2009. Origin and radiation of the earliest vascular land plants. Science 324, 353.
https://doi.org/10.1126/science.1169659.

Steemans, P., Wellman, C.H., Gerrienne, P., 2010. Palaeogeographic and palaeoclimatic
considerations based on Ordovician to Lochkovian vegetation. Geol. Soc. Lond. Spec.
Publ. 339, 49–58. https://doi.org/10.1144/SP339.5.

Stein, W.E., Mannolini, F., Hernick, L.V., Landing, E., Berry, C.M., 2007. Giant cladox-
ylopsid trees resolve the enigma of the Earth’s earliest forest stumps at Gilboa. Nature

446, 904–907. https://doi.org/10.1038/nature05705.
Stein, W.E., Berry, C.M., Hernick, L.V., Mannolini, F., 2012. Surprisingly complex com-

munity discovered in the mid-Devonian fossil forest at Gilboa. Nature 483, 78–81.
https://doi.org/10.1038/nature10819.

Stein, W.E., Berry, C.M., Morris, J.L., Hernick, L.V., Mannolini, F., Ver Straeten, C.,
Landing, E., Marshall, J.E.A., Wellman, C.H., Beerling, D.J., Leake, J.R., 2020. Mid-
Devonian archaeopteris roots signal revolutionary change in earliest fossil forests.
Curr. Biol. 30, 421–431.e2. https://doi.org/10.1016/j.cub.2019.11.067.

Steiner, A.L., Brooks, S.D., Deng, C., Thornton, D.C.O., Pendleton, M.W., Bryant, V., 2015.
Pollen as atmospheric cloud condensation nuclei. Geophys. Res. Lett. 42, 3596–3602.
https://doi.org/10.1002/2015GL064060.

Stolper, D.A., Keller, C.B., 2018. A record of deep-ocean dissolved O2 from the oxidation
state of iron in submarine basalts. Nature 553, 323–327. https://doi.org/10.1038/
nature25009.

Streel, M., 2000. Late Frasnian–Famennian climates based on palynomorph analyses and
the question of the Late Devonian glaciations. Earth-Sci. Rev. 52, 121–173. https://
doi.org/10.1016/S0012-8252(00)00026-X.

Strullu-Derrien, C., Kenrick, P., Knoll, A.H., 2019. The Rhynie chert. Curr. Biol. 29,
R1218–R1223. https://doi.org/10.1016/j.cub.2019.10.030.

Swanson-Hysell, N.L., Macdonald, F.A., 2017. Tropical weathering of the Taconic or-
ogeny as a driver for Ordovician cooling. Geology G38985.1. https://doi.org/10.
1130/G38985.1.

Taylor, T.N., Hass, H., Remy, W., Kerp, H., 1995. The oldest fossil lichen. Nature 378,
244. https://doi.org/10.1038/378244a0.

Taylor, L.L., Leake, J.R., Quirk, J., Hardy, K., Banwart, S.A., Beerling, D.J., 2009.
Biological weathering and the long-term carbon cycle: integrating mycorrhizal evo-
lution and function into the current paradigm. Geobiology 7, 171–191. https://doi.
org/10.1111/j.1472-4669.2009.00194.x.

Tims, J.D., Chambers, T.C., 1984. Rhyniophytina and trimerophytina from the early land
flora of Victoria, Australia. Palaeontology 27, 265–279.

Trotter, J.A., Williams, I.S., Barnes, C.R., Lecuyer, C., Nicoll, R.S., 2008. Did cooling
oceans trigger ordovician biodiversification? Evidence from conodont thermometry.
Science 321, 550–554. https://doi.org/10.1126/science.1155814.

Vanstone, S.D., 1991. Early Carboniferous (Mississippian) Paleosols from Southwest
Britain: influence of climatic change on soil development. SEPM J. Sediment. Res.
Vol. 61. https://doi.org/10.1306/D4267735-2B26-11D7-8648000102C1865D.

Velde, B., 1985. Clay Minerals: A Physico-Chemical Explanation of their Occurrence,
Developments in Sedimentology. Elsevier, Amsterdam ; New York.

Volk, T., 1989. Rise of angiosperms as a factor in long-term climatic cooling. Geology 17,
107–110. https://doi.org/10.1130/0091-7613(1989)017<0107:ROAAAF>2.3.
CO;2.

Walker, J.C.G., Hays, P.B., Kasting, J.F., 1981. A negative feedback mechanism for the
long-term stabilization of Earth’s surface temperature. J. Geophys. Res. 86, 9776.
https://doi.org/10.1029/JC086iC10p09776.

Wallace, M.W., Hood, A. vS, Shuster, A., Greig, A., Planavsky, N.J., Reed, C.P., 2017.
Oxygenation history of the Neoproterozoic to early Phanerozoic and the rise of land
plants. Earth Planet. Sci. Lett. 466, 12–19. https://doi.org/10.1016/j.epsl.2017.02.
046.

Wan, Z., Algeo, T.J., Gensel, P.G., Scheckler, S.E., Stein, W.E., Cressler, W.L., Berry, C.M.,
Xu, H., Rowe, H.D., Sauer, P.E., 2019. Environmental influences on the stable carbon
isotopic composition of Devonian and Early Carboniferous land plants. Palaeogeogr.
Palaeoclimatol. Palaeoecol. 531, 109100. https://doi.org/10.1016/j.palaeo.2019.02.
025.

Wardle, D.A., 2004. Ecological linkages between aboveground and belowground biota.
Science 304, 1629–1633. https://doi.org/10.1126/science.1094875.

Weaver, C.E., 1967. Potassium, illite, and the ocean. Geochim. Cosmochim. Acta 31,
2181–2196.

Weber, B., Büdel, B., Belnap, J., Springer Science+Business Media, 2016. Biological Soil
Crusts: An Organizing Principle in Drylands. Springer, Cham.

Wellman, C.H., Gray, J., 2000. The microfossil record of early land plants. Philos. Trans.
R. Soc. Lond. Ser. B Biol. Sci. 355, 717–732. https://doi.org/10.1098/rstb.2000.
0612.

Wellman, C.H., Strother, P.K., 2015. The terrestrial biota prior to the origin of land plants
(embryophytes): a review of the evidence. Palaeontology 58, 601–627. https://doi.
org/10.1111/pala.12172.

Wellman, C.H., Habgood, K., Jenkins, G., Richardson, J.B., 2000. A new plant assemblage
(microfossil and megafossil) from the Lower Old Red Sandstone of the Anglo–Welsh
Basin: its implications for the palaeoecology of early terrestrial ecosystems. Rev.
Palaeobot. Palynol. 109, 161–196. https://doi.org/10.1016/S0034-6667(99)
00052-4.

Wellman, C.H., Steemans, P., Vecoli, M., 2013. Chapter 29 Palaeophytogeography of
Ordovician-Silurian land plants. Geol. Soc. Lond. Mem. 38, 461–476. https://doi.org/
10.1144/m38.29.

Wellman, C.H., Steemans, P., Miller, M.A., 2015. Spore assemblages from Upper
Ordovician and lowermost Silurian sediments recovered from the Qusaiba-1 shallow
core hole, Qasim region, central Saudi Arabia. Rev. Palaeobot. Palynol. 212,
111–126. https://doi.org/10.1016/j.revpalbo.2014.09.003.

White, D.A., Elrick, M., Romaniello, S., Zhang, F., 2018. Global seawater redox trends
during the Late Devonian mass extinction detected using U isotopes of marine
limestones. Earth Planet. Sci. Lett. 503, 68–77. https://doi.org/10.1016/j.epsl.2018.
09.020.

Willis, K.J., McElwain, J.C., 2014. The Evolution of Plants, 2nd edition. Oxford University
Press, Oxford, United Kingdom ; New York.

Wotte, T., Skovsted, C.B., Whitehouse, M.J., Kouchinsky, A., 2019. Isotopic evidence for
temperate oceans during the Cambrian Explosion. Sci. Rep. 9, 6330. https://doi.org/
10.1038/s41598-019-42719-4.

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

24

https://doi.org/10.1016/j.epsl.2010.07.040
https://doi.org/10.1086/337763
https://doi.org/10.1086/337763
https://doi.org/10.1016/S0034-6667(00)00074-9
https://doi.org/10.1016/S0034-6667(00)00074-9
https://doi.org/10.2475/09.2014.01
https://doi.org/10.1080/11035897.2019.1636860
https://doi.org/10.1080/11035897.2019.1636860
https://doi.org/10.1111/j.1469-8137.2010.03433.x
https://doi.org/10.1130/G38267.1
https://doi.org/10.1130/G38267.1
https://doi.org/10.1016/B978-0-444-59425-9.00011-1
https://doi.org/10.1016/B978-0-444-59425-9.00011-1
https://doi.org/10.1130/0091-7613(2000)28<347:ECCSTB>2.0.CO;2
https://doi.org/10.1130/0091-7613(2000)28<347:ECCSTB>2.0.CO;2
https://doi.org/10.1016/S0031-0182(04)00389-X
https://doi.org/10.1016/S0031-0182(04)00389-X
https://doi.org/10.1073/pnas.1620089114
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1055
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1055
https://doi.org/10.1098/rspb.2017.2631
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1065
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1065
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1065
https://doi.org/10.1098/rspb.1983.0094
https://doi.org/10.1098/rspb.1983.0094
https://doi.org/10.1007/978-3-319-30214-0_6
https://doi.org/10.1016/j.ympev.2010.01.020
https://doi.org/10.1016/j.ympev.2010.01.020
https://doi.org/10.1016/j.earscirev.2009.03.004
https://doi.org/10.1016/j.earscirev.2009.03.004
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1090
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1090
https://doi.org/10.1130/g39393.1
https://doi.org/10.1016/j.gca.2005.07.011
https://doi.org/10.1016/j.gca.2005.07.011
https://doi.org/10.1093/icb/icy088
https://doi.org/10.1038/nature14589
https://doi.org/10.1029/JC088iC14p09671
https://doi.org/10.1126/science.1169659
https://doi.org/10.1144/SP339.5
https://doi.org/10.1038/nature05705
https://doi.org/10.1038/nature10819
https://doi.org/10.1016/j.cub.2019.11.067
https://doi.org/10.1002/2015GL064060
https://doi.org/10.1038/nature25009
https://doi.org/10.1038/nature25009
https://doi.org/10.1016/S0012-8252(00)00026-X
https://doi.org/10.1016/S0012-8252(00)00026-X
https://doi.org/10.1016/j.cub.2019.10.030
https://doi.org/10.1130/G38985.1
https://doi.org/10.1130/G38985.1
https://doi.org/10.1038/378244a0
https://doi.org/10.1111/j.1472-4669.2009.00194.x
https://doi.org/10.1111/j.1472-4669.2009.00194.x
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1180
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1180
https://doi.org/10.1126/science.1155814
https://doi.org/10.1306/D4267735-2B26-11D7-8648000102C1865D
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1195
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1195
https://doi.org/10.1130/0091-7613(1989)017<0107:ROAAAF>2.3.CO;2
https://doi.org/10.1130/0091-7613(1989)017<0107:ROAAAF>2.3.CO;2
https://doi.org/10.1029/JC086iC10p09776
https://doi.org/10.1016/j.epsl.2017.02.046
https://doi.org/10.1016/j.epsl.2017.02.046
https://doi.org/10.1016/j.palaeo.2019.02.025
https://doi.org/10.1016/j.palaeo.2019.02.025
https://doi.org/10.1126/science.1094875
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1225
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1225
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1230
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1230
https://doi.org/10.1098/rstb.2000.0612
https://doi.org/10.1098/rstb.2000.0612
https://doi.org/10.1111/pala.12172
https://doi.org/10.1111/pala.12172
https://doi.org/10.1016/S0034-6667(99)00052-4
https://doi.org/10.1016/S0034-6667(99)00052-4
https://doi.org/10.1144/m38.29
https://doi.org/10.1144/m38.29
https://doi.org/10.1016/j.revpalbo.2014.09.003
https://doi.org/10.1016/j.epsl.2018.09.020
https://doi.org/10.1016/j.epsl.2018.09.020
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1265
http://refhub.elsevier.com/S0009-2541(20)30204-7/rf1265
https://doi.org/10.1038/s41598-019-42719-4
https://doi.org/10.1038/s41598-019-42719-4


Yao, L., Qie, W., Luo, G., Liu, J., Algeo, T.J., Bai, X., Yang, B., Wang, X., 2015. The TICE
event: Perturbation of carbon–nitrogen cycles during the mid-Tournaisian (Early
Carboniferous) greenhouse–icehouse transition. Chem. Geol. 401, 1–14. https://doi.
org/10.1016/j.chemgeo.2015.02.021.

Yapp, C.J., 1987. A possible goethite-iron(III) carbonate solid solution and the determi-
nation of CO2 partial pressures in low-temperature geologic systems. Chem. Geol. 64,
259–268. https://doi.org/10.1016/0009-2541(87)90006-4.

Yapp, C.J., Poths, H., 1992. Ancient atmospheric CO2 pressures inferred from natural
goethites. Nature 355, 342–344. https://doi.org/10.1038/355342a0.

Yapp, C.J., Poths, H., 1994. Productivity of pre-vascular continental biota inferred from
the Fe(CO3)OH content of goethite. Nature 368, 49–51. https://doi.org/10.1038/
368049a0.

Yuan, X., 2005. Lichen-like Symbiosis 600 Million Years Ago. Science 308, 1017–1020.
https://doi.org/10.1126/science.1111347.

Zhang, F., Dahl, T.W., Lenton, T.M., Luo, G., Shen, S., Algeo, T.J., Planavsky, N., Liu, J.,
Cui, Y., Qie, W., Romaniello, S.J., Anbar, A.D., 2020. Extensive marine anoxia as-
sociated with the Late Devonian Hangenberg Crisis. Earth Planet. Sci. Lett. 533,
115976. https://doi.org/10.1016/j.epsl.2019.115976.

T.W. Dahl and S.K.M. Arens Chemical Geology 547 (2020) 119665

25

https://doi.org/10.1016/j.chemgeo.2015.02.021
https://doi.org/10.1016/j.chemgeo.2015.02.021
https://doi.org/10.1016/0009-2541(87)90006-4
https://doi.org/10.1038/355342a0
https://doi.org/10.1038/368049a0
https://doi.org/10.1038/368049a0
https://doi.org/10.1126/science.1111347
https://doi.org/10.1016/j.epsl.2019.115976

	The impacts of land plant evolution on Earth's climate and oxygenation state – An interdisciplinary review
	Introduction
	History of early land plants and terrestrial ecosystems
	Vegetation on land before the colonization of land plants (>510 Ma)
	Colonization by non-vascular, rootless land plants (~515–470 Ma)
	Evolution of vascular plants and ground-hugging root plants (~430–410 Ma)
	The emergence of vascular plants with deeper rooting systems (~410–390 Ma)
	Colonization of arborescent trees with deep root systems (~390–370 Ma)
	Colonization of drier upland habitats by seed plants (380–340 Ma)

	Obstacles and drivers for the colonization of land
	Desiccation
	Soil formation
	UV shield at the Earth's surface
	Stature
	Reproduction

	How do land plants affect the global environment?
	Energy balance on Earth
	Water cycling on Earth
	Physical weathering, erosion and landscaping
	Chemical weathering (dissolution of rock)
	Biotic influence on weathering in soils
	Silicate weathering flux
	Phosphorous weathering flux
	Carbonate weathering
	Oxidative weathering

	Wild fire
	Biomass accumulation and preservation

	Land plants and the regulation of Earth's climate and oxygenation state
	Climate regulation
	The silicate weathering thermostat
	Global biotic effects on atmospheric CO2

	O2 regulation on Earth

	Evidence for mid-Paleozoic transitions in the Earth system
	Evidence for climatic changes in the mid-Paleozoic
	Evidence for mid-Paleozoic cooling (paleo-temperature records)
	Eustasy
	CO2 paleo-barometers
	Paleosols
	Stomatal proxies
	Glaciations

	Evidence for mid-Paleozoic oxygenation
	Constraints on atmospheric oxygenation
	Gigantism
	Wildfire, charcoal, inertinite
	Agile predatory fish
	Oceanic oxygenation

	Evidence for oceanic fertilization and anoxia in the mid-Paleozoic

	Conclusion and outlook
	Acknowledgments
	mk:H1_50
	Funding
	mk:H1_52
	Author contributions
	mk:H1_54
	Data and materials availability
	mk:H1_56
	mk:H1_57
	References




