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Resumé på dansk 

 

Molybdæn (Mo) er et redox-sensitivt grundstof, som kan bruges til at følge udviklingen af ilt 

(O2) på Jorden gennem den geologiske lagserie. Ophobningen af fri ilt i Jordens atmosfære og 

oceaner er tæt knyttet til livets udvikling, både fordi ilt dannes gennem biologisk aktivitet og fordi 

ilt er nødvendig for alle højerestående livsformer, såsom dyr og mennesker. Koncentrationen og 

isotopsammensætningen af molybdæn i havsedimenter fortæller om urhavets kemi, hvis vi forstår 

hvordan Mo udfælder fra havvand og hvilke konsekvenser det har for isotopsammensætningen.  

  

Denne ph.d.-afhandling indeholder en undersøgelse af hvordan Mo udfælder i Cadagno-søen, 

Schweiz, som har permanent iltsvind og sulfidholdigt bundvand, samt to studier af Mo 

koncentrationer og isotoper i ca. 750 Ma Chuar sedimenter, USA, og ca. 500 Ma Alun-skifer fra 

Sydsverige. 

 

Grunden til at molybdæn-isotoper reflekterer oceanernes iltindhold er at havvand har en 

isotopsammensætning, der er bestemt af for hvor meget molybdæn der eksporteres fra havet til 

henholdsvis sulfidholdige og iltholdige miljøer. Tidligere har man antaget at de sulfidholdige 

sedimenter direkte kopierer isotopsammensætningen i havvand, fordi molybdæn hurtigt fjernes fra 

sulfidholdige vandmasser. Dermed bevarer sådan sedimenter et signal om oceanets iltningsgrad, da 

sedimentet blev dannet. Studiet i Cadagno-søen har testet denne antagelse ved at følge de 

isotopmæssige konsekvenser af molybdæns vej til sedimentet. Resultatet viser at molybdæn faktisk 

reagerer temmelig langsomt selv i Cadagno hvor sulfid koncentrationen er høj, og at 

isotopsammensætningen dermed kan ændres mellem vandsøjle og sediment. Dog er 

isotopfraktioneringen begrænset hvilket retfærdiggør brugen af molybdæn-isotoper som indikator 

for urhavets iltningsgrad.  

Studiet giver en detaljeret beskrivelse af molybdæns vej fra kilde til sediment, hvor Mo skylles 

ind med floder i form af opløste molybdat-ioner, der reagerer til thiomolybdate i det sulfidholdige 

bundvand. Her sætter thiomolybdater sig på partikler der synker til bunds. Partiklerne er primært af 

organisk materiale, som degraderer i den tidlige diagenese og dermed frigiver molybdæn til 

porevandet i sedimentet. I denne tilstand er molybdæn formentlig bundet til mindre organiske 

komplekser (fx humussyre) og er ikke reduceret til uopløselig molybdenit (Mo4+) på trods af at det 
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ville være energimæssigt favorabelt. Disse resultater stemmer godt overens med det endelige 

produkt som findes i geologiske prøver. 

 

En ca. 750 Ma lagserie fra Chuar-gruppen, USA, er undersøgt for Mo-koncentrationer og 

isotopsammensætninger. Resultatet viser forbløffende lave molybdæn koncentrationer og næsten 

ingen isotopfraktionering uden store variationer. Dette afspejler et lavt Mo-indhold i havet og 

understøtter den nuværende model for oceaners sammensætning med udbredt iltmangel og 

sulfidholdige vandmasser omkring 200 mio. år før dyrene opståen på Jorden.  

 

De samme teknikker har været anvendt i den ca. 500 Ma Sydsvenske Alun skifer, som er dannet 

efter dyrenes indtræden i Jordens historie. Man ville derfor forvente at finde et dramatisk højere ilt-

niveau - måske sammenligneligt med i dag. Resultatet viste dog i direkte modsætning generel 

iltmangel i oceanet og vi finder en interessant kovariation i isotopsammensætningerne for kulstof, 

svovl og molybdæn i lagserien. Kulstof isotopsammensætningen tager et dramatisk udsving, set i 

mange verdensdele, kaldes’SPICE’ episoden (Streptoean Positive Carbon Isotope Excursion). 

Denne begivenhed repræsenterer den sidste i rækken af klimaændringer med masse-uddøen til 

følge. Det tidsmæssige forløb af denne klimaændring er afspejlet i Mo/TOC (TOC = total kulstof) 

og molybdæn isotopsammensætningen, der viser udbredelsen af reducerende vandmasser over en 

ca. 1 mio. år periode. Disse klimaskift må have ødelagt livsbetingelserne for aerobe organismer i på 

lavt vand og dermed øget selektionspresset i biosfæren. 

Det er muligt at belyse det klima, hvorfra livet udvikler sig, gennem studier af molybdæns 

isotopsammensætning. Isotopfraktionering på grundstoffets vej til sedimenterne påvirker 

fortolkningen, og dermed besværliggør fx en kvantitativ undersøgelse af iltniveauet i urhavet. 

Fortsættelsen af disse studier forventes kvalitativt at øge vores forståelse af redox 

sammensætningen i havet og ophobningen af atmosfærisk ilt gennem Jordens historie. 
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Resumé in English 

 

Molybdenum (Mo) is a redox-sensitive element which can track the  level of 

free  oxygen  in Earth 's surface environments through the geological record. The build-up of 

oxygen in the Earth’s atmosphere and oceans are intimately linked to the evolution of the biosphere, 

since the production of O2 is purely biogenic and high oxygen levels are required for the respiration 

of animals, including ourselves. The concentration and isotopic composition of Mo 

provides information about the paleo-environment, if we understand the processes that 

fractionate Mo isotopes in sedimentary environments. 

 

This thesis includes an investigation of the Mo burial pathway into modern sulfidic sediments of 

Lake Cadagno, Switzerland, combined with two applications to the ancient rock record: The ~750 

Ma Chuar Group, Grand Canyon USA and ~500 Ma Swedish Alum shale.  

The use of molybdenum isotope compositions to trace ocean oxygenation is founded on the 

observation that sea water carries an isotope composition that depends on whether Mo is 

predominantly sequestered into sulfidic sediments or oxic (non-sulfidic) sediments. It has 

previously been assumed that marine euxinic sediments (underlying sulfidic waters) have a 

molybdenum isotope composition identical to sea water, due to quantitative scavenging at high 

hydrogen sulfide concentrations. Thus, euxinic sediments will carry the isotope composition of 

contemporaneous oceans and ancient euxinic sediments will provide a signal of the oxygenation of 

ancient oceans. The study in Lake Cadagno tests this assumption by investigating the isotopic 

consequences of the Mo burial pathway into sulfidic sediments. The results show that Mo removal 

is kinetically slow and isotopes do fractionate even in waters with high sulfide concentrations. 

However, the expressed isotope fractionation is indeed small and does not negate the use of 

molybdenum isotopes as a paleo-ocean redox indicator.  

Furthermore, the study offers a detailed description of the burial pathway from its riverine 

sources to its final uptake in the sediment. Mo enters the oxic surface waters as dissolved molybdate 

which is converted to particle reactive thiomolybdates in the sulfidic bottom waters that accumulate 

onto particles and settle to the sediments. The nature of these particles is mostly organic matter 

which degrades during early diagenesis and releases Mo into interstitial waters. At this point, Mo is 

probably bound to humic substances and is not reduced to insoluble molybdenite (Mo4+), even 



4 
 

though this reduced species is the thermodynamically stable form. The emerging picture of the Mo 

burial pathway is consistent with the final products that we find in the rock record. 

The second manuscript investigates Mo concentrations and isotopes in euxinic sediments of the 

~ 750 Ma Chuar Group, USA. The data shows very low Mo concentration and negligible isotope 

fractionation to occur with very little variation throughout the geological succession. This provide 

evidence that sulfidic water masses were widespread ~200 million years before the explosion of 

animal life forms, consistent with the current model for Proterozoic ocean chemistry.  

A third manuscript is an investigation of ~500 Ma Alum shale succession deposited after the 

rise and diversification of animal life forms. One would expect to see a more modern level of ocean 

oxygenation. However, the data supports largely oxygen-deficient conditions also in the Cambrian 

with anoxic and non-sulfidic sediments playing a role. There is an interesting co-variation between 

carbon, sulfur and molybdenum isotopes in the sections, where a globally significant carbon isotope 

excursion, the Streptoean Positive Carbon Isotope Excursion (SPICE), marks the last in a series of 

excursions that is interpreted to reflect extinction events. The molybdenum isotope profile shows 

that the event is characterized by a shift from anoxic into highly sulfidic ocean water. Possibly, 

these oceanic redox excursions would be associated with extinction event of aerobic life forms in 

shallow basins and increased the environmental stress and, thus, the selection pressure on the 

biosphere.  

 

The evolution of the environment, in which the biosphere unfolds, can be explored through the 

molybdenum isotope composition in sulfidic sediments. The burial pathway from waters to 

sediments can change the isotope composition slightly and thus complicates quantitative inferences 

of ocean oxygenation. Improved understanding of the major burial pathways of Mo is expected to 

improve our understanding of the Earth’s surface environments and, in particular, the accumulation 

of atmospheric oxygen through Earth history. 
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Abstract 

 

Molybdenum (Mo) isotope studies in black shales can provide information about the redox 

evolution of the Earth’s oceans, if the isotopic consequences of Mo burial into its major sinks are 

well understood. This PhD project investigates the burial pathway from the water column into the 

sediments in a sulfidic lake – which acts as a modern analogue to for the Proterozoic ocean 

chemistry. Molybdenum isotopes were further analyzed in a Neoproterozoic succession and a 

Cambrian succession to test if the oceans became more oxygenated after the diversification of 

calcified metazoans known to occur at the Precambrian-Cambrian boundary. 

 

Previous applications of the Mo isotope paleo-ocean redox proxy assumed quantitative 

scavenging of Mo when buried into sulfidic sediments. This study contains the first complete suite 

of Mo isotope fractionation observations in a sulfidic water column and sediment system, the 

meromictic Lake Cadagno, Switzerland, a small alpine lake with a pronounced oxygen-sulfide 

transition reaching up to H2S ~ 200 µM in the bottom waters. We find that Mo behaves 

conservatively in the oxic zone and non-conservatively in the sulfidic zone, where dissolved Mo 

concentrations decrease from 14 nM to 2-8 nM across this transition. Dissolved Mo in the upper 

oxic waters has a δ98Mooxic = 0.9±0.1‰, which matches that of the riverine input, δ98Moriver = 

0.9±0.1‰. In the deeper sulfidic waters, dissolved Mo is about 1‰ heavier (δ98Mosulfidic = 1.8‰), 

and particulate Mo in these waters is lighter than the ambient dissolved Mo pool by ~ 0.3-0.6‰. 

Sediment traps in the sulfidic zone of the lake collect particles increasingly enriched in Mo 

concentration with depth, with δ98Mo values that increase from 0.6 ‰ in the upper trap to ~1.2‰ in 

the deepest trap. Sedimentary Mo concentrations correlate with total organic carbon and yield Mo 

levels which are two orders of magnitude higher than typical crustal values found in rocks from the 

catchment area. Solid phase Mo in the sediment shows a slightly positive δ98Mo trend with depth, 

while the pore waters show dramatic enrichments of Mo (>2000 nM) with a relatively light isotope 

signature of δ98Mo = 0.9-1.0‰. 

 

These data are readily explained if Mo is converted to particle-reactive oxythiomolybdates in 

the sulfidic waters and is fractionated during removal from solution onto particles. The reason that 

isotope fractionation is expressed, despite the high sulfide concentrations, is because the rate of 

removal is slow and, thus, is not quantitative. Our results emphasize that quantitative removal of 
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Mo is only achieved in settings with Mo limitation - either by low concentrations in the local or 

global depositional environment, or by a restricted setting (and sometimes not even then). However, 

the isotopic fractionation we observe is small (0.3 - 0.6‰), and therefore does not negate the use of 

Mo isotopes as a redox proxy. The direction and magnitude of isotope fractionation between 

sediments and overlying waters in Lake Cadagno compares to that seen between seawater and many 

modern marine euxinic sediments. Isotopic mass balance in the marine system are only slightly 

modified when isotope fractionation during burial into sulfidic sediments are taken into account. 

 

The second manuscript tests the molybdenum isotope system in a period of time preceding the 

Ediacaran appearance of macroscopic animals, which is commonly assumed to reflect an increase in 

atmospheric and oceanic oxygen abundances (pO2). The abundance and isotopic composition of 

molybdenum (Mo) in organic-rich, euxinic sediments were analyzed in ~750 Ma Walcott Member 

of the Chuar Group, Grand Canyon, which accumulated in a rift basin with open connection to the 

ocean. Local bottom waters recorded by upper Walcott shales were anoxic and sulfidic, and served 

as sinks for marine Mo and U. Similar facies in Phanerozoic successions accumulated high redox-

sensitive metal concentrations, but in the Walcott Member, Mo and U abundances are low (both ~1 

ppm), Mo/Al is only ~5 times the crustal average, and δ98Mo is similar to modern riverine input. 

These results suggest that the mid-Neoproterozoic ocean was depleted in Mo and that Mo had a 

shorter residence time than today, consistent with widespread anoxic and sulfidic bottom waters. 

Our findings bridge a nearly 700 million year gap in previous Mo data, confirming that euxinic 

conditions were relatively widespread as recently as 750 Ma.  

 

The third manuscript concerns a Cambrian succession deposited after the evolution of 

metazoans, when the last major rise of atmospheric oxygen levels is thought to occur. However, 

evidence from Mo isotopes, consistent with Mo/TOC, carbon-, and sulfur isotopes points to a 

persistence or return to a reducing ocean during the succeeding Cambrian. Molybdenum 

concentration and isotope data from an oceanic event known as the ‘SPICE’ (Streptoean Positive 

Carbon Isotope Excursion) shows generally high Mo concentrations and a small isotope 

fractionation. During the C and S isotope excursions Mo/TOC crashes from 10 to ~3 and δ98Mo Mo 

isotope profiles follows a ~0.3‰ positive excursion in correlation with a rapid drop at the peak of 

the event from 1.5‰ to 0.8‰. The results support existence of a widespread reducing ocean in the 

Late Cambrian and show that the transition from the largely oxygen-deficient ocean of the 
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Proterozoic to the well-oxygenated conditions assumed for the early Paleozoic was not as 

straightforward as once envisioned. The two oscillations in the Mo isotope profile shows can be 

explained by an expansion of the oxygen minimum zone during the course of the event, with 

increasing sulfidic water masses at the peak of the event. This reducing Cambrian ocean 

undoubtedly had an impact on the evolution and extinction of early metazoan life as suggested by 

the extreme evolutionary patterns expressed by Cambrian metazoans. 

 

 

 

Purpose 

 

With this project I investigate the burial pathway of molybdenum and its isotopic consequences 

from sulfidic waters into the sediments, to clarify if the ocean composition and redox state can be 

inferred from molybdenum isotope compositions in the sedimentological record. Secondly, I apply 

this tool to a Neoproteozoic and a Cambrian succession. 
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Preface 

 

A major revolution in understanding the evolution of Earth’s biosphere arose when Charles 

Darwin published his pivotal work The Origin of Species1 in 1859. An analogous breakthrough in 

the understanding of Earth history took place mid in the 20th century when isotopic determinations 

of rocks and meteorites provided the age of Earth, the antiquity of life and a number fixed points on 

the stratigraphic column. For most people Darwin’s discoveries mark the revolution when science 

forever changed our understanding of our place in the Universe. One might speculate if the 

discovery of the long and complex history of life on Earth would have exerted a similar impact on 

human kind if these discoveries had come first.  

 

Dating of rocks was made possible by the technological advance of mass spectrometry. This is 

made possible by measurement of parent and daughter isotopes of either long-lived extant isotope 

systems or short-lived extinct isotope systems. Moreover, isotopes provide information about the 

petrogenetic processes by which rocks form, and offers categorization of geological materials akin 

to the genetic code in biology. For example organic carbon is enriched in light 12C over heavy 13C 

relative to average crustal rocks, and the ratio of these C isotopes remains unchanged while organic 

compounds degrade. The main process causing fractionation of stable isotopes is governed by the 

difference in mass of the isotopes, and is thus termed mass-dependent isotope fractionation. Within 

the last decade numerous isotope systems have been explored throughout the periodic table from the 

lightest element hydrogen (2H/1H) to the heavy isotopes of uranium (238U/235U). The applications of 

these systems include proxies for changes in climate, composition and activity of the biosphere, 

ocean redox conditions, antropogenic contamination, medical diagnostics, etc. The subject of this 

thesis is to contribute to the study of the co-evolution of Earth and its biosphere by a novel isotope 

system: Molybdenum. 

 

In the late summer of 2005 I met Minik Rosing and Robert Frei at the Geological Museum in 

Copenhagen. With the funding from Danish Research Foundation they were looking for prospective 

PhD student to study topics in Earth evolution. We discussed a number of PhD projects. One aimed 

to detect stable isotope fractionation of Molybdenum (Mo) to understand Earth evolution. We knew 

                                                      
1 The book's full title is On the Origin of Species by Means of Natural Selection, or the Preservation of Favoured 

Races in the Struggle for Life (1859) 
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that most time would be spent on establishing techniques and do the measurements. Secondly, we 

would apply the tool to geological samples. First, our hope was to detect the effects of  life in 

sediments where fossils are missing. However, it soon became clear that molybdenum isotopes 

primarily reflect changes in ocean chemistry (which is indirectly caused by life activity). We 

planned to direct an investigation of the oldest sediments on Earth, but soon realized two major 

obstacles. First, very old samples contain little molybdenum so analysis would be cumbersome and 

might merely reflect contamination or a clastic component instead of ocean conditions. Moreover, 

they are often poorly preserved and one would have to prove that this novel Mo isotope tool would 

not be disturbed. Instead, I chose to do a study of the Mo pathway from water to sediment and to 

apply the tool on younger sediments where preservation has been optimal. 

 

I spent roughly the first half year in the laboratory trying to invent a new chemical procedure for 

extracting Mo from natural samples. The development of the new purification scheme was slow and 

I initiated collaboration with Ariel Anbar and his flourishing team. I installed a purification scheme 

at the Isotope Geology Lab at University of Copenhagen and was ready to analyze molybdenum 

from the purified samples on the Axiom multi-collector inductively coupled plasma mass 

spectrometer (MC-ICP MS) in Copenhagen. Knud Dideriksen and I began collaboration and he 

taught me techniques to purify samples for Fe and analyze its isotopes. However, for molybdenum 

isotopes we were obstructed since the mass spectrometer would not reproduce data measured on 

different days. A stability check showed that instrumental mass bias was very sensitive to impurities 

in the samples. Either, we would have to optimize the purification scheme, correct for the effect by 

other means or choose a machine that is less sensitive to matrix elements. While this result was a 

disappointing conclusion of my first year, I had wonderful experiences in the field, where I was 

struck by a true thrill for science when Don Canfield introduced me to experimental field work in 

Lake Cadagno (figure 1), Switzerland. In combination with Minik’s positive attitude I was 

convinced that we would accomplish our goal and detect Mo isotope compositions. 

 

At the end of the first year the project took a dramatic turn when I first visited Anbar Lab at 

Arizona State University, USA. After four months of visit and outstanding assistance of laboratory 

manager Gwyneth Gordon I was capable of extracting Mo from any type of material (rocks, waters, 

organic matter). Moreover I learned skills to analyze stable isotope compositions of Mo using a 
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Neptune MC-ICPMS and to correct for instrumental mass bias by using three different methods 

double spiking, element spiking and standard-sample bracketing.  

 

Scientific questions could now be addressed based on the Lake Cadagno data and a specific 

hypothesis for the burial pathway if molybdenum was tested during a another field trip in August 

2007. Geological samples and collaborators were picked up on the way as we found more 

applications to this isotope tool. During the beginning of my third year I visited Anbar lab twice and 

finally accumulated 500 isotope analyses of more than 110 samples. The time consuming process of 

the experiments is chemical purification by ion chromatography. We typically purify 15 samples in 

two weeks including preparation. Thus, I spent a large fraction of my PhD time in a clean lab 

separating Mo from natural samples.  

 

I believe the most important outcome of this project was not only to document a novel for Mo 

isotope fractionation, which was previously assumed not to be expressed, but we propose a model 

for the formative processes that governs Mo burial and cause isotope fractionation. Even if the 

model is too simplistic, it contains adds complexity that one needs to consider to interpret any 

isotope system from ancient sediments. I hope this study will help geoscientists in future to unravel 

the evolution of our past.  
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Figure 1: Lake Cadagno, Switzerland 
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Introduction 

The origin and evolution of Earth goes 4.57 billion years back in time, when an inter-stellar cloud 

contracted and gave birth to our Sun [1]. Dust and gas in orbit of the young star accumulated to 

terrestrial bodies of the size of Mercury and Mars within the first 1-10 million years [2]. Our own 

planet formed by collisions between such bodies which finally ceased by a giant collision after 60-

150 million years [3, 4]. Isotopic evidence from meteorites provides the timing of these events. 

Rocks from the Earth itself are distinctively younger, which is either attributed to late formation of 

continents, their destruction or simply that they haven’t yet been found. Evidence for life is found in 

3.8 Ga old Isua sediments from Greenland [5], which are among the oldest sediments preserved 

today. The emerging picture for the origin of life is that it occurred very early in Earth history 

(figure 2). 

 

 

 
Figure 2: Sketch of Earth evolution and its biosphere. The atmosphere and ocean were anoxic (no free O2) until 2.3 Ga. 

The evolution of oxygen seems to correlate with major glaciations and the evolution of macroscopic life forms, such as 
metazoans (animals). 
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The modern view of life evolution opposes the view point of 19th century scientists such as Charles 

Darwin, who explored the sudden explosion of fossils in the rock record at the beginning of the 

Phanerozoic (now defined 542-0 Ma). The absence of fossils deeper in the sedimentary successions 

led to the false indication that our planet was life less in the Precambrian (until 542 Ma) [6]. While 

the explosion of animal phyla remains documented by skeletal fossil, the planet is now known to 

have fostered microbial communities and soft-tissue animals much before the Cambrian Explosion. 

The paleontological tool box for life detection in ancient rocks has been greatly expanded to include 

direct detection of soft-tissue fossils, e.g. cell walls from single prokaryotic and eukaryotic cells and 

larger multi-cellular life forms, remnants from microbial mats (stromatolites), cell wall specific 

molecular biomarkers (derived from e.g. hopanes and steranes), and C isotope proxies for biologic 

metabolisms. This thesis concerns a new tool to follow ocean oxygenation through time using Mo 

isotopes. With these techniques at hand Earth scientists now record the co-evolution of the Earth 

and its biosphere through time [6]. 

 

The Significance of Oxygen (O2)     

 

The accumulation of O2 in the modern atmosphere (20.9% of the volume of air) is unique to our 

planet in the solar system. While oxygen is the third most abundant element in the Universe and the 

most abundant element in Earth, ‘free oxygen’ or ‘atmospheric oxygen‘ is rare and takes a special 

position in redox reactions, where electrons are transferred between reactants2. All life forms 

exploit energy release from redox reactions. The redox-state of the environment (i.e. its ability to 

accept or release electrons) therefore constrains the potential metabolic pathways that can occur. 

Oxygen is a particularly strong oxidant which drives aerobic metabolism and cause rusting of 

Earth’s surface materials. Moreover, atmospheric O2 cause the production of an ozone layer which 

filters UV-rays from the Sun. The abundance of dissolved oxygen in the ocean is directly correlated 

to atmospheric oxygen levels. 

 

O2 is produced from water by oxygenic photosynthesis (reaction R1 below) in cyanobacteria, algae 

and plants. It sustains cellular respiration in virtually all multi-cellular life forms and by several 

bacteria. All forms of life maintain a reducing environment within their cells, and the presence of 

                                                      
2 ‘Redox’ is an abbreviation of chemical reduction and oxidation reactions. 
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oxygen is toxic to most organisms in the biosphere. However, those who reduce O2 to H2O in their 

metabolic pathway exploit the largest energy potential of all known metabolisms. Aerobic 

respiration is about 16 times more efficient than anaerobic respiration by producing 32 moles of 

ATP3 per mole glucose. Production of oxygen comes almost exclusively from oxygenic 

photosynthesis:  

 

R1  CO2 + H2O + light → CH2O + O2  (Oxygenic photosynthesis) 

 

(‘CH2O’ here represents sugars, which have the same stoichiometry but generally higher multipla of 

this unit).  

 

Free oxygen is constantly destroyed by reactions with reduced gases emanating from volcanoes, hot 

springs and by oxidation of the continents (e.g. oxidation of organic matter and rusting of exposed 

iron rich rocks). Moreover, it sustains respiration by the biosphere including most animals. The rate 

of O2 consumption is fast and if left unbalanced, the atmospheric and oceanic O2 inventory would 

vanish after a few million years [7].  

 

R2  CH2O + O2 → CO2 + H2O  (Aerobic respiration) 

 

Atmospheric oxygen levels are found to have increased throughout Earth history [8] and major 

oxygenation events correlate with major changes in the biosphere. The biosphere gives off free 

oxygen to the environment which can cause accumulation in the atmosphere and oceans only when 

production by oxygenic photosynthesis (R1) exceeds consumption by aerobic respiration (R2) and 

abiotic oxidation reactions. This will occur when organic matter is no longer available for 

respiration, for example if CH2O is irreversibly buried into sediments. In a more generalized 

perspective, it can be stated that organic carbon burial is linked to release of oxidized compounds 

such as Fe3+, SO4
2- and O2. 

 

I briefly outline some of the existing methods used for detection of atmospheric or oceanic oxygen 

concentrations in the past, and then summarize the emerging view of oxygen evolution on Earth. I 

                                                      
3 ATP = Adenosine 5’-triphosphate is the molecular carrier of chemical energy used in all cells for metabolism. 
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emphasize the importance of the broad spectrum of geological oxygen monitors when we evaluate 

the potential of the Molybdenum isotope ‘proxy’ which is the main topic of this PhD thesis.  

 

 

Proxies for O2 Based on Measurements of Ancient Samples 

The word ‘proxy’ refers to a variable that is controlled by more than one physical parameter. In 

itself the value of the proxy may not be of great interest, but it is correlated, not necessarily linearly 

or positively, to a physical variable of interest. A single proxy measurement from a geological 

sample rarely leaves a quantitative measure of the variable of interest, because secondary processes 

and local conditions influence the measurement. However, the mean or extreme values of the proxy 

from a succession of samples often show systematic variations over longer time scales (many 

successions). These patterns can then be interpreted to reflect primary controls. 

Ancient sediments are always prone to reflect conditions in local basins rather than the global 

ocean. A solid description of the geological context is of utmost importance for the interpretation of 

geochemical measures. For a proxy to reflect global ocean conditions, it must, as a minimum, be 

applied to sediments deposited in a marine setting. The diagnostic markers for marine settings 

include sedimentary tidal features, correlations of biostratigraphy (common fossils) or geochemical 

profiles (isotope profiles of contemporaneous seawater) with other geological formations, and to 

some extent the spatial and temporal extent of the formation, etc. Moreover, the chemical 

compounds of interest must have remained in solution for some time and thus reflect the redox 

conditions in the water column or in the sedimentary pore fluids. Sediments typically contain a 

higher clastic or lithogenic components near shore, which must sometimes be corrected for. The 

ability of a geochemical measure to reflect a larger basin and not just the cylindrical column 

immediately above the deposition site is controlled by the water exchange rate between the bottom 

waters and the open ocean and the residence time in the ocean for the element in concern. 

Unfortunately, a geological description suggesting ‘deposition in marine settings’ is qualitative4 and 

the parameter of interest, e.g. bottom water exchange rates, is often in dispute. 

 

                                                      
4 In the sense that the evidence points more likely to A than B. 
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I have chosen to describe the evolution of oxygen in the atmosphere as it was inferred from 

sulfur and iron isotope compositions, speciation of Fe, and traces metal enrichments in ancient 

sediments.  

 

Proxy 1: Massdependent Fractionation of Sulfur, δ34S 

The δ34S isotope proxy for ocean oxygenation is indirectly tied to O2 through presence of sulfate SO42 
in the ocean and through metabolic pathways which require free oxygen in their immediate environment.  
 

Notation Sulfur has four stable isotopes 32S (94.93%), 33S (0.76%), 34S (4.29%) and 36S 

(0.02%). δ34S defines the difference in 34S/32S in a sample relative to a standard reference5 measured 

in per mil (‰). 

Eq. 1   
 

1 · 1000  

 

Concepts Modern sulfate delivery to the ocean occurs by oxidative weathering of sulfide 

minerals on land and by emission of volcanic gasses. Sulfide is produced by bacterial reduction of 

sulfate (SO4
2- → H2S). During this process δ34S is depleted in the sulfide by 4-46‰ [9] and thus 

enriched in remaining sulfate. This potential fractionation is not expressed if essentially all sulfates 

react to sulfides, in which case I adopt the phrase ‘sulfate has quantitatively reacted to sulfide’. A 

higher fractionation potential arise when bacterial sulfide oxidation (H2S → SO4
2-) and sulfur 

disproportionation (S0/SO3
2-/S2O3 → SO4

2- + H2S) is taken into account. It has been proposed that 

these metabolic pathways emerged when atmospheric oxygen levels were high enough that 

dissolved O2 would enter sediment pore waters, which appears above at oxygen partial pressures 

~5% of present atmospheric level (PAL) [9]. 

 

Results and interpretations A compilation of δ34S from marine sulfides, figure 3, shows 

modest fractionations (<10‰) before 2.5 Ga which is interpreted to reflect low sulfate 

concentrations in the ocean [10, 11]. Increased fluxes of sulfate are associated with the onset of 

oxidative weathering by the presence of free oxygen in the atmosphere. Increased sulfate levels and 

the expression of bacterial sulfate reduction is believed to cause the larger variation (<50‰) in time 

                                                      
5 The standard chosen as a reference for S isotope fractionation is the Canyon Diablo Troilite – sulfide 

inclusions in a common iron meteorite. 
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thereafter. In a current model for the Proterozoic ocean [12] sulfide production rates exceeded rates 

of Fe delivery which caused a change in ocean composition from anoxic + ferruginous into anoxic 

+ sulfidic (=euxinic) and explains the disappearance of banded iron formations around 1.8 Ga [13].  

A fundamental change in the processes that control the isotopic composition of sedimentary 

sulfides occurred 0.6-1.0 Ga. Studies of minor S isotopes indicate that sulfide oxidation and sulfur 

disproportionation became globally significant parts of the sulfur cycle between 1.45 and 1.3 Ga 

[14] and thus δ34S excursions in the Neoproterozoic cannot be explained by the emergence of these 

metabolisms, but needs an additional explanation. 

 
Figure 3: δ34S in sedimentary sulfides over geological time [10]. Only sulfides of probably biogenic origin are included. 

The uppermost two lines show the composition of seawater sulfate as determined by evaporitic sulfate minerals. The lower 
line represents a -55‰ offset, which compares to Phanerozoic sulfides. It is evident that both the δ34S in the source and the 

magnitude of fractionation have increased over time. 
 

 

 

Concerns There is no independent evidence for the onset of oxidative weathering is enhancing 

sulfate fluxes to the ocean. It is unclear that sulfur disproportionation and sulfide oxidation require 

diffusion of oxygen into sediments. 
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Proxy 2: Massindependent fractionation of Sulfur, Δ33S 

The most compelling evidence for the Archean atmosphere being anoxic and that atmospheric oxygen 
pressure increased beyond 105 PAL after 2.3Ga comes from mass independent fractionation of sulfur Δ33S.  

 

Notation One of the four stable sulfur isotopes has odd mass (and odd nuclear spin). The 

abundance of this isotope in some samples deviates from a mass dependent relationship, which is 

measured by ∆33S = δ33S – 0.515. δ34S, where the linear relationship, δ33S = 0.515 . δ34S, defines the 

expected relationship if fractionation was governed by differences in atomic mass alone. 

Concept The chemical reaction that most efficiently fractionate odd from even mass 

isotopologues6 occurs in gas-phase reactions [15]. Laboratory experiments show that photolysis of 

SO2 with UV-light is capable of producing the ‘non-mass dependent fractionation’ or ‘mass 

independent fractionation’ (MIF) in the product. 

 

 
Figure 4: ∆33S in rocks versus age. Uncertainties are smaller than the symbol sizes (Farquhar et al. 2007 [16]) 

 

Results and conclusions An abrupt shift in the sulfur cycle occurred around 2.45 Ga [17] 

(figure 4 and 5) , when photolysis of SO2 in the atmosphere silenced. This is interpreted to result 

from an increase in atmospheric oxygen levels above a threshold of 10-5 PAL [18] which is the level 

where ozone shielding becomes efficient. After this time all sulfur would have passed through the 

                                                      
6 Isotopologues are identical molecules differing only by their isotopic composition. 
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oceanic sulfate reservoir before being incorporated into sediments and the MIF signal forever 

ceased [18]. 

 

Concerns  

A MIF signal of <1.6‰ is also produced in the atmosphere even in modern volcanic eruptions [19].  

The process that governs MIF production in the modern and in the Archean is the same, but 

somehow a higher signal is produced or less is destroyed in the Archean. There is reason to think 

that more was produced around 2.7-2.5 Ga due to major volcanism [20] (this is also where the 

highest ∆33S values are found) and the magnitude of fractionation observed in younger sediments 

could be diluted by a larger oceanic S inventory which is evident from δ34S. However, there is more 

evidence that oxygen levels increased (δ34S evidence calls upon increased oxic weathering) and the 

occurrence of >1.6‰ MIF is definitely formed under a different atmosphere. The simplest solution 

is that the atmosphere was transparent to UV light.  

 

 

   

 
Figure 5: Picture from the NASA workshop “Biology in Ancient Rocks” September 19, 2007. Field trip leader Dr. 

Hiroshi Ohmoto explains the geology of the Huronian Supergroup, Ontario that we are literally standing on the great 
oxidation event 2.2-2.4 Ga. 
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Proxy 3: Speciation of Fe 

This proxy is believed to reflect the local redox environment of the deposition environment. 
 

Notation and processes Sedimentary Fe is operationally categorized by its extraction using 

various reactants  [21] into unreactive and reactive iron phases, of which a subset is termed highly 

reactive iron. Each category includes certain species of iron. An index of anoxicity can be defined 

as IA = FeHR/Fetotal, where highly reactive iron7 consist of those phases that are reactive during 

diagenesis, for example towards sulfide. In sulfidic sediments the vast majority of FeHR will react to 

pyrite, FeP, which give rise an index of euxinicity: FeP/FeHR, the fraction of highly reactive iron 

which has reacted to pyrite.8  

Dissolved Fe is only transported in anoxic waters and iron forms insoluble ferric iron species in 

oxic waters [22]. Additional deposition of hydrogenous Fe over the clastic contribution is 

characteristic for sediments underlying an anoxic water column (IA >0.38). Oxic sediments have 

low FeHR/Fetotal values, and most sediments underlying anoxic waters have higher values (table 1) 

[23]. Sometimes, the additional sedimentation of hydrogenous Fe is observed by higher Fe/Al 

enrichment (wt%/wt%) relative to the value of normal clastics deposited in an oxic water column. 

With these definitions one can classify water columns into three categories oxic, anoxic + 

ferruginous, and anoxic+sulfidic (euxinic) based on the Fe speciation in sediments. 

 

Dissolved Fe is only transported in anoxic waters and iron forms insoluble ferric iron species in 

oxic waters. Additional deposition of hydrogenous Fe over the clastic contribution is characteristic 

for sediments underlying an anoxic water column (IA >0.38). Oxic sediments have low FeHR/Fetotal 

value and most anoxic sediments have higher values (table 1). Sometimes, the additional 

sedimentation of hydrogenous Fe is simply observed by higher Fe/Al enrichment (wt%/wt%) 

relative to the value of the clastics. With these definitions one can classify water columns into three 

categories oxic, anoxic + ferruginous, and anoxic+sulfidic (euxinic) based on the Fe speciation in 

sediments. 

                                                      
7 Highly reactive iron is defined as the sum of extractions with oxalate (magnetite), dithioniote (other Fe oxides), 

acetate (Fe-carbonates), and the fraction liberated with reduced chromium distillation (pyrite). 
8 This definition parallels the old definition of degree of pyritization: DOP = Fepyrite/FeR with HCl-reactive iron in 

the denominator [20]. In general: FeP  ⊆ FeHR  ⊆ FeR ⊆ FeT 
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Figure 6: Fe speciation in Neoproterozoic sediments. A) Index of anoxicity IA = FeHR/Fetot and B) index of euxinicity 

DOP = FeP/FeHR. C) A summary of the evidence for ocean water chemical composition [23]. Three major glaciations are 
shown in grey boxes. Deep water refers to deposition below mean storm wave base. Uncertainty of ages is marked with 

dashed green lines. 
  



27 
 

 

Proxy Oxic Anoxic Euxinic Source 
Fe/Al < 0.6 > 0.8 > 0.8 [24] 

IA < 0.38 typically > 0.38 typically > 0.38 [23] 
FeP/FeHR < 0.78 < 0.8 ≥0.8 [23] 
Table 1: Fe proxies for oxic anoxic and euxinic conditions, where oxic sediments refers to settings where dissolved O2 

diffuses into the pore waters, anoxic refers to absence of O2 in the bottom waters, and euxinic sediments underlie sulfide 
waters. 

 

Results Recently, a compilation of Fe speciation data from >700 samples of 34 different 

Neoproterozoic geological formations (figure 6) provided evidence that the ocean returned from 

sulfidic conditions to ferruginous conditions around 750 Ma after the Sturtian glaciation. Anoxic 

water columns were widespread and persisted through most of the late Neoproterozoic until the 

Ediacaran (ca. 580-542Ma) [23], when the surface waters became oxygenated. 

 

Concerns IA and DOP, but not Fe/Al, are sensitive to metamorphism.  

 

Proxy 4: Stable Isotope Fractionation of Iron (δ56Fe) 

This proxy is believed to reflect the local redox environment of the depositional environment. 
 

Isotope systematics Fe has four naturally occurring stable isotopes: 54Fe (5.84%), 56Fe 

(91.76%), 57Fe (2.12%), and 54Fe (0.28%).  The span of isotope variations in nature is ~5‰ in 
56Fe/54Fe ratios. The variation is expressed relative to the international standard IRMM-16 in δ 

notation: δ56Fe = [(56Fe/54Fe )sample/(56Fe/54Fe )IRMM-16 -1].1000.  

Processes The vast majority of Fe reservoirs in the crust have δ56Fe = 0.0-0.1‰. Isotope 

fractionation of Fe occurs primarily in solution and oxic waters contain effectively no dissolved Fe. 

Hence, isotopically fractionated sediments would indicate sedimentation from anoxic and iron-

bearing (ferruginous) waters. The magnitude of isotope fractionation depends on the specific burial 

pathway. A summary of isotope fractionation factors are shown in table 2. However, the 

fractionation factors may not be fully expressed (as mentioned for δ34S prior to 2.3 Ga). The 

specific pathway matters, for example photosynthetic oxidation of Fe2+ fractionates roughly twice 

the magnitude of abiotic oxidation (table 2). 

 

Results Many bulk sedimentary rocks of Archean age have δ56Fe values clearly distinct from 

average crust (figure 7 and 8) . This provides evidence that Fe was cycled in solution either in the 
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water column or in the sediments, which is consistent with oceans being anoxic at that time. The 

mechanism for iron isotope fractionation is in dispute. Oxide precipitation from sea water could 

leave the oceans with low δ56Fe, if all Fe is not efficiently removed as it is today, while 

precipitation with FeS would cause high δ56Fe in sea water. This is consistent with other indications 

that Fe was predominantly removed slowly as Fe-oxides in the Archean and predominantly with 

sulfide after 2.3-1.8 Ga. After 1.8 Ga the oceanic Fe inventory was low and isotope fractionation 

would not have been expressed.  

 
Figure 7: δ56Fe in through time for certain minerals [25]. 

 
 
 

 
Figure 8: δ56Fe in bulk sediments in the Archean and early Proterozoic (compilation by [26]) . 
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Species Reactions δ56Fe* Source 
Aqueous species fractionation factors 
Fe(II)aq - Fe(III)aq Abiotic oxidation 22°C (equilibrium) -2.9 ± 0.2 [27] 
Fe(H2O)6

2+ - Fe(H2O)6
3+ 

 
Equilibrium fractionation at 22°C -3.0 ** [28] 

Fe(II)aq - Fe(II) ads >Fe(III)-oxides Adsorption of Fe(II) -0.8 [23] 
Fe(II) aq - Fe(II)ads >Fe(III)-oxides Adsorption of Fe(II) -2.1*** [29] 
Fe(III)-L - Fe(mineral) Mineral dissolution by organic ligands up to -0.8 [30, 31] 
 
Fluid-mineral fractionation factor during mineral precipitation interactions 
Fe(II)aq - Fe(III)-oxides Abiotic precipitation (kinetic) -0.9 ± 0.2 [32] 
Fe(II) aq - Fe3O4 (magnetite) Dissimilatory Fe reduction (kinetic) -1.3 ± 0.1 [33] 
Fe(II) aq - FeCO3 (siderite) Abiotic precipitation (equilibrium) 0.4 to 0.6 [34] 
Fe(II) aq - FeCO3 (siderite) Dissimilatory Fe reduction (kinetic) 0.0 ± 0.1 [33] 
Fe(II) aq - FeS (gregite) Abiotic precipitation (kinetic) 0.9 to 0.2 [35] 
Fe(III) aq - Fe2O3 (hematite) Abiotic precipitation (equilibrium) 0.1 ± 0.2 [36] 
Fe(III) aq - Fe2O3 (hematite) Abiotic precipitation (kinetic) up to 0.8 [36] 
 
Fluid-mineral fractionation factor during Fe(III) reduction 
Fe(II) aq - Fe(III)-oxides Dissimilatory Fe reduction (kinetic) -2.6 to -1.3 [33, 37, 38] 
 
Fluid-mineral fractionation factor during Fe(II) oxidation 
Fe(II) aq - Fe(III)-oxides Photosynthetic Fe oxidation  -1.5 ± 0.2 [39] 
Fe(II) aq - Fe(III)-oxides Abiotic Fe oxidation  -0.9 ± 0.2 [32] 
* Difference in δ56Fe between the species. This approximates the value of the fractionation factor αA-B 
=(56Fe/54Fe)A/(56Fe/54Fe)B   ≈  (1+ ∆A-B/1000), where ∆A-B = δA - δB. The approximation applies when isotope 
fractionation is small, i.e. <10‰, as it will be for heavy metals such as Fe and Mo.  
**  calculated using density functional theory 
*** calculated by mass balance 
 

Table 2: Isotope fractionation factors for iron, compilation by [40]. 
 

 

Proxy 5: Trace Metal Enrichments (Mo EF, Mo/TOC) 

Evidence for a second rise of oxygen around 550 Ma 
 

Concept Redox sensitive metals such as Mo, Re and U can reach high solute concentrations in 

oxic waters relative to anoxic waters (table 4), and can therefore be effectively transported to the 

ocean basins under oxidizing conditions. A large extent of ocean water oxidation allows high 

concentrations of these metals to build up in the ocean and causes Mo to be the most abundant 

transition metal9 in the present ocean. For molybdenum the metal enrichment in the paleo-ocean 

water column has been inferred by three different measures Mo, Mo EF and Mo/TOC. The first 

approach has been to follow Mo concentrations in euxinic sediments through time. Such a measure 

                                                      
9 Here, transition metals refers to any element in the d-block of the periodic table including Sc, Ti, V, Cr, Mn, Fe, 

Co, Ni, Cu, Zn, Y, Zr, Nb, Mo, Tc, Ru, Rh, Pd, Ag, Cd, La, Hf, Ta, W, Re, Os, Ir, Pt, Au, Hg, and some elements in 
period 7. 
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depends critically on the sedimentation rate in the basin (clastic versus authigenic deposition). 

Metal enrichment factors, X EF, in a sediment is defined as by the excess  of element X relative to a 

non-authigenic element such as Al over the average crustal value  [41]: 

 

Eq. 2   X EF = (X/Al)/(X/Al)crust 

 

 Mo/TOC is a measure where the metal is normalized to its presumed organic particle carrier. 

Mo/TOC relationships in modern euxinic sediments correlate with bottom water Mo concentration 

and to some extent with deep water renewal time [42].  

 

Results Stepwise oxygenation of the oceans has been inferred from Mo and Mo/TOC evolution 

through time (figure 9). The authors claim to see three stages over which sea water Mo 

concentrations progressively increased. 

 

 
Figure 9: Mo concentrations (ppm) and Mo/TOC (ppm/wt%) versus age in euxinic sediments [43]. The Mo 

concentration is much higher in <550 Ma deposits. 
 

Concerns A sparse data set (during most of the Meso- and Neoproterozoic) can lead to false 

conclusions of abrupt changes since Mo concentrations in sediments depend critically on the 

hydrographic dynamics  of each basin.  
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Evolution of O2 in the Earth’s Atmosphere and Oceans       

 

I will now summarize some additional constraints, which have guided scientist to establish the 

current understanding of oxygen evolution of Earth’s ocean-atmosphere system.  

 

First, large sedimentary deposits of iron known as banded iron formations10 formed prior to 1.8 

Ga and again during the Neoproterozoic [44]. These formations provide convincing evidence that 

ocean water was able to transport dissolved Fe over ocean basin length scales at these times. BIF 

deposits have been found on all continents and this is taken as evidence that the global ocean was 

ferruginous in the Archean and Paleo-Proterozoic. The solubility of Fe is very low in permanently 

oxygenated or sulfidic waters. In this picture ∆33S, δ34S, and δ56Fe evidence fits nicely with the 

interpretation of a global oxygenation event around 2.35 Ga and with increasing sulfate 

concentrations in the oceans until 1.8 Ga when bacterial sulfate reduction produced sulfide at a high 

enough rate to remove Fe from solution. 

 

Secondly, fossils of macroscopic organisms are very rare before ~580 Ma, and the diversity of large 

body fossils exploded over 20-30 million years around the Proterozoic-Phanerozoic boundary at 

542 Ma [45, 46]. This event is known as the Cambrian explosion and marks a time where metazoan 

phyla radiated 11. The metazoan requirement for high oxygen concentrations was first taken as 

evidence for higher atmospheric oxygen pressures at that time, but it was not until recent advances 

in the geochemist toolbox of oxygen-sensitive proxies that independent evidence for increased 

atmospheric oxygen pressure was established. The evidence includes systematic increases in the 

magnitude of δ34S in the Huqf Supergroup, Oman, immediately after the Marinoan glaciation, ~630 

Ma [47]. This is explained by higher sulfate levels induced by enhanced oxic weathering of the 

continental crust [47]. Also, Fe speciation data from New Foundland, Canada, show a drop in the 

                                                      
10 Sedimentary deposit of authigenic Fe precipitation. 
11 The Cambrian explosion is exceptional not only because diversity exploded, but also because all modern phyla 

with fossilization potential appear over a geologically short time. Paleontologists distinguish between diversity, the 
number of species, and disparity, the morphological differences or distinctness. Some scientists argue, however, that the 
absence of animal fossils in Precambrian does not reflect their absence, but the fact that we haven’t found them or  For 
example, if the ancestors did not have hard-tissue (skeletons and shells) they would not be preserved (e.g. Reinhardt M. 
Kristensen, Arne T. Nielsen pers. comm.), but see Budd & Jensen 2000 for a contrary view). In any case, the evolution 
of calcified shells and skeletons makes the Cambrian explosion exceptional and leads to speculations, whether increased 
oxygen levels triggered the origin of predation and the selective advantage for calcified metazoans.  
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index of anoxicity (IA) into the oxic regime which persists into the Phanerozoic after the Gaskiers 

glaciation [22, 48].  

 

The onset origin of oxygenic photosynthesis is still under great debate. Some researchers argue that 

the biological invention of oxygen producing photosynthesis predated the great oxidation event by 

300 Myrs or even 1300 Myrs! Fossil remains of oxygen producers are found as molecular 

biomarkers and stromatolites in 2.7 Ga sediments [49]. However, recent studies have found the 

molecular biomarkers arrived later during peak metamorphism 2.2 Ga [50]. An episodic excursion 

of trace metal enrichments (Mo, U) in 2.5 Ga Mt. McRae Shale, North Australia, provides new 

evidence that for a ‘whiff of oxygen’ in the Archean [41]. 

 

Throughout Earth history rises of atmospheric oxygen are correlated to major glaciations. The 

Paleo-Proterozoic great oxidation event is marked by worldwide glacial deposits (e.g. [51]). The 

Neoproterozoic are marked by at least three major glaciations: the Sturtian (750-700Ma), the 

Marinoan (~630 Ma) and the Gaskiers (~580Ma). While the latter was likely regional, the Marinoan 

glaciation was extensive. Glaciogenic deposits have been deposited on all continents and particular 

in marine settings near equator [52]. This led Joseph Kirschvink to propose the Snowball Earth 

hypothesis in 1992, which states that the Earth had ice cover down to sea level even at equatorial 

latitudes at least one time in the Neoproterozoic. 

Stable Isotope Fractionation 

 

Most elements have more than one stable isotope and the ratio of these isotopes varies between 

different materials. This can be caused by ingrowth of radiogenic isotopes as for example the 

increase in stable 206Pb , during  238U→ 206Pb decay or it can be inherited from  the inhomogeneous 

distribution in the starting materials in the early solar system, or changes can be produced  by stable 

isotope fractionation in chemical reactions as where the products discriminate isotopes according to 

its mass, spin, volume, etc. 

 

First, stable isotope compositions do not degrade in ancient material as biological tissue does (e.g. 

cell membrane, DNA). Therefore, it carries a potential for Earth scientist to learn about processes 

that occurred long time ago. All these processes are stored in rocks through all of Earth’s history. 
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Secondly, if we understand the processes that govern stable isotope fractionation, we might learn 

about processes by looking at the products. For example, organic C typically contains 25‰ more 
12C than average carbon in the crust.This means that we can look at graphite grains (cubic crystal 

containing only C) and tell if it formed from biological or abiological carbon, even though the 

original organic compound has degraded. When applied to sediments deposited in ancient oceans, 

we may infer the chemical process by which the element arrived to the sediment and even learn 

about the chemical composition of the ocean.   

 

Stable isotope fractionation results from differences in chemical equilibrium constants and reaction 

rates. Most reactions sort isotopes according to mass. Some gas phase reactions are known to 

discriminate between odd and even number of particles in the nucleus of the isotopes (e.g. 17O, 33S, 
199Hg, 201Hg). The focus of this thesis has been to evaluate mass-dependent stable isotope 

fractionation of Molybdenum (Mo). Molybdenum 

 

 

Molybdenum 

 

Molybdenum has 7 stable isotopes (figure 10) in roughly similar proportions. The mass difference 

between Mo isotopes is 8% which comparable to the mass span in C isotopes.  

 

 
Figure 10: Abundance of Molybdenum isotopes. 95Mo and 97Mo have no isobaric interferences (green bars). Zirconium 

(Zr) interferes on 92Mo, 94Mo, and 96Mo and Ruthenium (Ru) interferes on 98Mo and 100Mo. Moreover, FeAr+ interferes on 
mass 96 and 97. Chemical separation of Mo from Fe and Zr and other matrix elements is needed before the stable isotope 

composition can be measured by mass spectrometry. 
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Mass dependent isotope fractionation of Mo is typically given in notation of δ98Mo: 

 

Eqn. 1   1 1000  

 

Currently, there is no global certified standard that every lab uses, so we refer to the in-house 

ICPMS standard from Matthey-Johnson lot no. 602332B also known as “RochMo2”. Earlier studies 

reported isotope values in terms of 97Mo/95Mo, however this would not change the physical 

meaning of mass dependent fractionation as it monitors the overall enrichment of heavy isotopes in 

the samples. The relationship between δ97/95Mo and δ98Mo is shown in figure 11 for all data 

obtained in this PhD project  

 
Figure 11: Mass dependent relationship between δ97Mo and δ98Mo for all analysis. Most samples plot on the predicted 

mass dependent relationship (red line), those which fall below the line probably have excess intensity on 97 (e.g. interference 
from 57Fe40Ar+). 

 

 

At present there are no reports of non-mass dependent isotope fractionation of Molybdenum in 

terrestrial samples. The natural span of δ98Mo values is 3‰ between Mn-nodules (-0.7‰) [53] and 

sea water (2.3‰) [54]. The reason why the mass of the isotopes matters, is because the energy 

needed to break a chemical bond in a molecule (bond strength) depends on the masses of the atoms 

in the molecule. The potential of isotope fractionation can be seen in the change of zero point 

energy (ZPE) that occurs from substituting 98Mo for 95Mo in Mo-16O. The difference in ZPE 
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between the two isotopologues is approximately12 ~ √  √ / √  ~ 2 ‰, where µ= 

(mA
.mB)/(mA+mB) is the reduced mass of compound AB. For comparison the substitution of 12C and 

13C in C-16O yields a ZPE difference of ~22‰ and for 54Fe and 56Fe in Fe-16O yields 4‰. Even 

though the mass difference of Mo compares to that of C, we will not observe comparable isotope 

fraction in nature, simply because the magnitude is also inversely correlated to the mass of the 

isotope. 

 

Geochemical Behavior of Molybdenum 

 

Mo isotope composition in marine sediments can provide information about the general redox state 

of the ocean and constrain the redox evolution of Earth’s oceans through time. To appreciate this 

we first look at the chemical behavior of Mo and how Mo is cycled in the modern ocean. 

 

The geochemical behavior of Mo depends strongly on the redox state of the environment. Under 

oxidizing conditions Mo is soluble and exists as hexavalent molybdate MoO4
2-. Due to very slow 

removal from oxic waters, Molybdenum is the most abundant transition metal in the ocean at 105 

nM [55]. In the presence of sulfur under anoxic and sulfidic conditions Mo forms 

oxythiomolybdates MoOxS4-x
2- (x = 0, 1, 2, 3, 4), which is particle reactive and is easily scavenged 

from these waters. The stable form of Mo depends on the availability of H+ (pH) and electrons (Eh) 

and can be shown in an Eh-pH diagram (figure 12). Such diagrams are different from a phase 

diagram in the sense that lines represent equal concentrations of two species at equilibrium but not a 

phase transition. In natural systems there may be kinetic barriers that prevent the system from 

reaching equilibrium distribution of the species. For example, sulfidation of molybdate into 

thiomolybdates is slow even at very low redox potential.  

 

                                                      
12 This equation is derived from quantum mechanics where the Hamilton function (energy potential) is determined 

by the harmonic oscillator.  
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Figure 12: Eh-pH diagram for Molybdenum (from Anbar 2004). 

 

The sulfidation reaction of molybdate to any of the oxythiomolybdates is: 

 

(R3)  MoS1-xO5-x
2- + H2S → MoSxO4-x

2- + H2O for x = 1,2,3,4 

 

Equilibrium constants Kxy between species are given by:  

 

Eqn. 1  
·

 

 

Values for K are shown in table 3. The concentration of tetrathiomolybdate relative to molybdate 

increases dramatically at [H2S] >11µM. This limit is known as the “geochemical switch” above 

which most Mo would exist as thiomolybdate.13 

 

 

 

 

 

                                                      
13 Note that H2S ≠ ΣH2S = H2S + HS- + other sulfides which is what we measure by the Cline reagent (Cline 1969). 

The dissociation H2S = HS- +H+ has pKa ≈ 7.0 at T = 25°C and pKa ≈ 7.3 at T = 4°C (Hershey et al. 1988).  
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Reaction x log(K) Ref ∆98Mo @ 4°C Ref 
MoO4

2-→ MoSO3
2- 1 5.19±0.03 [56] -0.9‰ J. Tossell (pers. comm.) 

MoSO3
2-→ 

MoS2O2
2- 

2 4.80±0.12 [56] -1.0‰ J. Tossell (pers. comm.) 

MoS2O2
2-→ 

MoS3O2- 
3 5.00±0.13 [56] -0.9‰ J. Tossell (pers. comm.) 

MoS3O2-→ MoS4
2- 4 4.88±0.28 [56] -1.5‰ J. Tossell (pers. comm.) 

Table 3: Equilibrium constants for sulfidation of molybdate to oxythiomolybdates and equilibrium isotope fractionation 
factors between species calculated by Jay Tossell using density functional theory (B3LYP method). 

 

The sulfidation reactions are extremely slow in naturally sulfidic system [56]14. Even though 

tetrathiomolybdate is the stable species, oxythiomolybdates may prevail in most natural sulfidic 

waters if the residence time for Mo is short (i.e. shorter than ~1 year). This is illustrated in a 

simulation (figure 13) where a molybdate is exposed to sulfide in a water column with 500 µM H2S. 

Tetrathiomolybdate is the dominant species after >100 days. 

 

 
Figure 13: Simulations of seasonal anoxia. At t=0 a water column with 100nM MoO42- begins to react with sulfide at 

pH=7, [H2S]=500 µM (left panel) and pH = 8, [H2S]=50 µM (right panel). αMo is the fraction of total Mo accounted for by a 
particular (oxy)thiomolybdates species. On the 75th day, the water column is abruptly turned non-sulfidic. 

Tetrathiomolybdate is the dominant species after >100 days. Courtesy of [56]. 
 

 

                                                      
14 Reaction rates in Lake Cadagno are shown in the appendix of manuscript 3. 
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Stable isotope fractionation between thiomolybdates has been predicted theoretically (table 3). In 

this system the molybdate anion holds the heaviest Mo isotopes while light Mo accumulate in the 

thio species. Any reaction that runs to completion will not express isotope fractionation between 

product and reactants. However, the slow reaction kinetics of Mo offers an opportunity to detect 

isotope differences between the species. 

 

The theoretically predicted magnitude of fractionation during sulfidation of molybdate compares to 

the large fractionation observed during removal in oxygenated waters. However, controlled 

laboratory experiments still need to confirm these predictions. Studies of Mo adsorption onto Mn 

and Fe oxides have been carried out both in laboratory experiments [57] and in natural settings [54], 

because this process is interpreted to govern isotope fractionation in the modern ocean. Particle 

adsorption onto Mn-oxyhydroxides (birnessite) and ferrihydrite (FeOOH-) is associated with 

equilibrium isotope fractionation factors ∆98Mosorbed-molybdate, of -3.0‰ and -1.2‰, respectively.  

Adsorption of Mo onto Mn-oxides is well-studied and details in the chemical pathway are useful 

when thinking about adsorption of thiomolybdate in sulfidic waters (paper 1). The adsorption 

pathway of tetrahedrally coordinated MoO4
2- onto birnessite does not proceed by direct adsorption 

onto the metal-oxide. Instead, octahedrally coordinated MoO3(H2O)3 slowly adsorbs to birnessite 

while the conversion of MoO4
2- and MoO3(H2O)3 in solution rapidly reach equilibrium. This 

pathway has been confirmed in many ways: First, it is consistent with the observation that the 

isotopic offset between particles and solution is constant and independent of the fraction of Mo 

adsorbed. Secondly, theoretically predicted isotopic offset nearly matches the observed offset in 

adsorption experiments. Third, EXAFS15 patterns reveal that Mo adsorbed onto particles is 

octahedrally coordinated and fourth; Raman spectroscopy shows that MoO3(H2O)3 is indeed in 

solution [58]. 

Oceanic Mo cycle  

 

Mo is sourced into the modern ocean mainly through rivers, while hydrothermal input is found to be 

negligible [59]. The sink term is often expressed as a sum of burial fluxes into sediments with a 

specific redox category (table 4). Ideally, one would define each setting after the governing removal 

                                                      
15 EXAFS = Extended X-ray Adsorption Fine Structure. EXAFS spectra shows the absorption coefficient versus 

energy of the x-ray. The fine structure just above the absorption shows an oscillating spectrum from which it is possible 
to obtain information about the coordination environment of the central excited atom. 
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process, but the responsible burial process is not always known, so operational definitions are often 

used. For example, molybdenum is buried into oxic, suboxic/anoxic and euxinic sediments at very 

different rates (table 5). These categories are defined by the presence and absence of dissolved O2 

and H2S, since those paraemeters are believed to govern the major removal processes. 

 

Category Definition Expected pathway 
Oxic Where Mn-oxides precipitate 

“O2 in the bottom waters“ 
Adsorption onto Mn-oxides [54]. [57] 

   
Suboxic + 

Anoxic 
[H2S] > 11 µM in the pore 

waters 
“no O2 in the bottom waters“ 

Scavenging of molybdate by metal adsorption? 

   
Euxinic [H2S] > 11 µM in the water 

column 
“no O2 in the bottom waters“ 

Scavenging of thiomolybdate by organic matter 
[paper 1] 

Table 4: Operational categories of redox environments classified after the presence/absence of oxygen and sulfide in the 
water column and in the pore water of the sediments. 

 

 

Oceanic mass balance of Mo is typically written: 

Eqn. 2      

 

The sink fluxes are determined by the product of their areal coverage, Ai, and flux rates, ri, which 

can be determined from modern marine sediments (table 5). 

 

Parameter Modern 
value 

Unit Description Ref 

Moocean 1.4 . 1014 moles Mo in the entire ocean [55] 
Vocean 1.3 .1021 liter Volume of the ocean Wiki 
Aocean 3.6 .1018 cm2 Area of the ocean floor Wiki 

[Mo]ocean 105 nmol/liter Mo concentration in the ocean [55] 
Fsource 1.9 .108 moles/yr Riverine flux into the ocean [60],[61] 

rox 0.021 .10-9 moles/cm2/yr Burial rate to oxic sediments [43] 
rsub 2.6 .10-9 moles/cm2/yr Burial rate to suboxic sediments [43] 
reux 13 .10-9 moles/cm2/yr Burial rate to euxinic sediments [43] 
fox 0.90 cm2/ cm2 Areal fraction of oxic sediments [43] 
fsub 0.010 cm2/ cm2 Areal fraction of suboxic sediments [43] 
feux 0.00050 cm2/ cm2 Areal fraction of euxinic sediments [43] 

Table 5: Parameter values used in the modern Mo budget 
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Based on the authigenic flux rates the Mo budget is found to balance with a residence time of 700-

800 kyrs [43], [59]. This time scale is much longer than the oceanic mixing time scale (~1000 yrs 

[62]) and longer than glacial/interglacial periodicity (100.000 yrs [63, 64]) which causes the ocean 

to be well-mixed in terms of molybdenum. 

 

Mo isotope compositions of marine sediments provide independent constraints on the sink fluxes, 

since the isotopic mass balance gives seawater an isotope composition dictated by:  

 

Eqn 3.  

  

 

All burial processes leads to isotope compositions which are lighter than sea water, and the 

magnitude of fractionation  increases in more oxidized settings (oxic > suboxic and anoxic > 

euxinic). This is illustrated in figure 14. A summary of published δ98Mo values in the modern 

marine system is shown in figure 15. 

 
Figure 14: δ98Mo values of major sources and sinks and reservoirs (after [40]). 
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Figure 15: δ98Mo data from rivers, seawater, crustal rocks and marine sediments published until 2008. Error bars either 
represent the precision of the analysis or reproducibility a rock standard (2 s.d.) for different laboratories, except for the 
suboxic sediments (stars) which are four different sediment profiles. Data sources include sea water ■ [54], ○ [65] , rivers ■ 
[60], molybdenites  [66], windows [67], ● [68], ○ [69], granites ■ [70], ○ [54], subduction zone volcanics ■ [54], Fe-Mn oxides 
■ [53], ○ [54], marine oxic sediments from the Black Sea margin ▲[71], clastic sediments ∆ [54], marine suboxic sediments 
(stars), marine anoxic sediments from the oxygen minimum zone at the Chile margin (stars), and marine euxinic sediments ■ 
[53], ○ [72], ∆[71], ▼[73]. 
 

In this picture sea water carries a high δ98Mo value relative to the riverine input because light Mo is 

buried into Fe-Mn crust under oxic waters and into suboxic sediments with a preferentially lower 

δ98Mo value. The offset between seawater and Mn-crust resembles the equilibrium isotope 

fractionation known from laboratory experiments ∆sorbed-molybdate = - 3.0‰ [57], which indicates 

these sediments deposited in equilibrium with seawater. Modern euxinic sediments have a 

composition close to or slightly lower than (∆ = -0.4‰) sea water value. This is usually interpreted 

to result from quantitative removal from a sulfidic water column.  

 

The sea water δ98Mo value has been proposed to offer a measure of the average redox state of the 

ocean in the sense that it measures how large a fraction of the modern ocean floor is covered with 

euxinic versus non-euxinic sediments [72]. In this picture ancient euxinic sediments may record 
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δ98Mo evolution of seawater which is a proxy for ocean oxygenation. The extent of oxygenation 

could then be inferred from the offset between euxinic sediments and the riverine value: 

 

Eqn. 4 fox  = (δeux – δriver)/(δeux – δox/sub)  

 = (δeux – δriver)/(∆ox/sub –∆eux) 

 

In the last line we define δeux = δsw – ∆eux and δox/sub = δsw - ∆ox/sub, which are the average 

fractionation between sea water euxinic sediment ∆eux and sea water and oxic + suboxic sediments 

∆ox/sub. This was first done by Arnold et al. 2004 using a two sink model (e.g. oxic sediments and 

euxinic sediments) and the f-value was derived directly by measuring modern euxinic sediments (f 

= 0.75) by using the fractionation factor between seawater and Mn-oxides for oxic sediments and 

assuming quantitative removal in euxinic sediments (∆eux= 0). Previous estimates based on 

authigenic fluxes would suggest oxic sediments accounted for 50-80% of the oceanic removal term 

[59].  

 

In a more realistic picture the suboxic and oxic removal term operate at roughly the same magnitude 

and each with a distinct isotope signature. In this case, it is no longer satisfactory to know only the 

isotopic composition of each sink and invoke elemental mass balance. Additional information is 

needed about the estimated magnitude of each sink flux. One recent model uses the Mo burial rates 

(table 5) of oxic, suboxic and euxinic sediments and estimate the areal coverage (90%, 1% and 

0.05% ) to obtain mass balance at 37%, 51% and 12% of the global removal term buried into oxic, 

suboxic/anoxic, and euxinic sink, respectively [43]. The isotopic constraint is consistent with this 

interpretation; however, large uncertainties in this budget arise due to the range of isotope values 

found in suboxic/anoxic sediments (figure 15).  

 

I have used the modern burial rates to model what the concentration and residence time for Mo 

would be in the ocean under various redox conditions (appendix, manuscript 2). The burial rate into 

oxic sediments are claimed to be three orders of magnitudes lower than into suboxic and euxinic 

sediments [43]. Thus, a shorter residence time is expected in a global anoxic ocean compared to an 

oxic ocean. One would expect oceans with a heterogeneous Mo composition both by abundance and 

isotopes, if the residence for Mo was shorter than the characteristic time scale for ocean mixing. 

Such a scenario would imply that Mo isotope composition in sediments would only reflect regional 
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conditions and not the global situation. However, this model suggests the Mo residence time is 

always long  (>1.5 kyrs) unless most of the ocean was sulfidic. The model results are sketched out 

in figure 16 and derivations are found in the appendix of manuscript 2. 

 
Figure 16: Residence time of Mo in the ocean in a plot showing global coverage by area versus removal rate at [Mo] = 

105 nM. Heterogeneous oceans occur when the residence time is short compared to the residence time of water. If the modern 
shelf was entirely suboxic, the ocean would still carry a homogeneous Mo composition. Global suboxia cause heterogeneity in 

this model, but the removal rate is based on shelf sediments and will be highly overestimated for deep sea sediments. 
Worldwide euxinia and perhaps euxinic conditions on the shelf would cause heterogeneous oceans. 
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About the manuscripts 

 

The scope of this PhD study is to evaluate if we can infer Paleo-ocean redox conditions from the 

Mo isotope compositions of ancient euxinic sediments. The assumption is that the modern Mo cycle 

is phenomenologically equivalent to the ancient Mo cycle, except that areal coverage of the specific 

depositional environments have changed. 

 

Manuscript 1. Euxinic sediments play a central role when inferring global ocean oxygenation from 

the Mo isotope proxy. Therefore, I dedicated most time to study the burial pathway in a modern 

euxinic setting. We chose the meromictic Lake Cadagno in Southern Switzerland (figure 1) to test 

the assumption that Mo is quantitatively scavenged from sulfidic waters. We establish a model for 

the Mo burial pathway in sulfidic settings and find that two processes can fractionate Mo isotopes 

on their way to the sediments. An overview of the burial pathway is shown in figure 17. 

 
Molybdenum enters the oxic zone as MoO4

2-, which is slowly converted through a series of ‘S for 

O’ substitutions to MoS4
2-  in the sulfidic water column. Mo is removed from the water column by 

particle adsorption and the particle affinity increases for more sulfidized Mo species [56]. We infer 

from isotope measurements that particles contain mixed species of preferentially the more 

sulfidized species (tri- and tetrathiomolybdate) relative to dissolved Mo which also contain other 

species. Each sulfidation reaction is predicted to cause isotope fractionation [74] and this signature 

is preserved in the sediments with the sinking particles. Mo remains in the 6th oxidation state even 

though reduction to MoIVS2 is energetically favorable [75]. Upon sedimentation Mo is released 

from its particle carrier and it diffuses back towards water column. We argue that the carrier 

particles are organic compounds and that the release occurs during degradation of the organic 

matter. Our results emphasizes that Mo reacts very slowly (if ever) to insoluble species, even 

though sulfide concentrations are high. Additional isotope fractionation is expressed during Mo 

release in the sediments. The magnitude of fractionation expressed in Lake Cadagno is small ~ -0.6-

0.3‰, but the fractionation potential increases in waters where the reaction kinetics is slower 

compared to Mo removal rate. Marine euxinic sediment in the Cariaco basin, Venezuela, displays a 

similar offset from the sea water value, while shallow waters of the Black Sea are fractionated by up 

to ~ -2.5‰ [73]. The authors suggest this caused in waters with <11 µM H2S, consistent with our 

model where isotope fractionation associated with the first sulfidation reactions have been 
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expressed. The small fractionation observed modifies the interpretation of the Mo isotope proxy, 

but does not alter its use as a qualitative indicator for ocean oxygenation. 

 

 

. 
Figure 17: Burial pathway of molybdenum into sulfidic sediments proposed in manuscript 1. 
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Manuscript 2: In a first attempt to apply the Mo isotope paleo-redox proxy to ancient sediments I 

attacked a Neoproterozoic succession where the overlying water column was previously found to 

contain sulfide [23]. We chose the Walcott Member in Chuar Group, Grand Canyon, USA because 

samples were previously described in terms of Fe geochemistry which indicated that the local water 

column contained sulfide and hence could reflect δ98Mo of contemporaneous seawater. The Chuar 

Group was deposited at ~742 Ma, after or maybe during the Sturtian glaciation, which is the first of 

three major Neoproterozoic glaciations that preceded the evolution of multi-cellular life forms, 

including animals. The super-continent Rodinia had begun breaking up and the Chuar basin was 

part of this rift-setting located near equator (figure 18). 

 

 
Figure 18: Continental distribution 750 Myrs ago. The red spot is the approximate location of the Chuar Group at the 

time of deposition (after Li et al. [76]). 
 

 

Our results show that the Chuar sediments were very different from modern euxinic sediments with 

100 times lower Mo concentration even though trace metals, such as Mo, in the overlying sulfidic 

waters would be scavenged into the sediment. Moreover, the δ98Mo values display small if any 

fractionation providing evidence for widespread anoxic and sulfidic ocean conditions. 

 

It is possible that questions are not conclusive, but the constraints at hand supports that the 

observations reflect the ocean and mark widespread anoxic and euxinic conditions late in the 

Proterozoic.  
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Manuscript 3: A major climate change occurred ca. 500 Myrs ago at the transition between 

Middle Cambrian and the Furongian (Upper Cambrian), an event marked by the Streptoan Positive 

Carbon Isotope Excursion (SPICE) observed in carbonates worldwide [77]. Recently, a spectacular 

co-variation between the SPICE (δ13C) and δ34S in (figure 19) documented that the ocean probably 

suffered from a major climate change with widespread anoxic and sulfidic waters [78]. 

 

Our samples come from the Swedish Alum Shale where the C isotope excursion has been reported 

from organic carbon [79]. The study was initiated in collaboration with Emma Hammarlund from 

NordCEE-Odense (SDU) who had collected the samples and found substantial fractions of reactive 

Fe (indication of anoxia) with high pyrite content (indication of euxinia). We knew that the Alum 

basin was huge since Alum shales can be found both in Poland, Eastern Denmark, Southern 

Sweden, and Norway. Moreover, samples contained high total organic carbon content (TOC), so the 

samples were ideally suited to capture δ98Mo of contemporaneous seawater.16  

 

The δ98Mo data supports the interpretation based on C and S isotopes, by showing that the oceanic 

Mo cycle was affected by this event. At maximal anoxia the Mo inventory in the ocean is drawn 

down with lower Mo/TOC values and seawater δ98Mo approaching the riverine value. Interestingly, 

the curve shows to periods, a positive excursion ~+0.4‰ occurring over the million year time scale, 

associated with the C and S isotope excursion, overlain by a ~6 times faster negative excursion with 

an amplitude of ~ -0.6‰ (figure 20). 

 

While the negative excursions of δ98Mo excursion and Mo/TOC are the expected consequences if 

sulfidic water masses became widespread, the positive trends is either attributed to suboxic seafloor 

expanding into former euxinic settings prior and after the culmination of anoxia causing a higher 

δ98Mo of seawater only during the event, or to a constantly high δ98Mo value in seawater, but 

isotope fractionation is expressed locally prior to and after the culmination of the event. The latter is 

the expected consequence in a basin with modest sulfide concentrations allowing isotope 

fractionation to occur during Mo burial, and increases to very high sulfide concentrations during the 

                                                      
16 It soon became clear that Benjamin Gill from Timothy Lyons group at UC Riverside in the U.S. had begun the exact same 
investigation of samples taken from the exact same drill core. Their motivation was slightly different from ours, but we decided to 
collaborate on these samples and Ben became principal investigator (first author) on this paper because the final story is more in line 
with their initial assignment. 
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peak event inhibiting isotope fractionation. The last scenario would be a Paleo-manifestation of the 

burial pathway described in the studies of Lake Cadagno (manuscript 1). 

 
Figure 19: Andrarum-3 drill core, Alum shale Sweden, showing A) index of anoxicity (IA) and degree of pyritization 

(DOP), B) δ34S in pyrite [78] and C) the SPICE curve [79]. 

 
Figure 20: δ98Mo data (red curve) versus stratigraphic up (the arrow shows time) from Andrarum-3 drill core (see figure 19).   
Data can be fitted to the sum of two Gauss functions: one with the period and culmination found in the S isotope record, and 

another with an approximately 6 times shorter period. 
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Future Perspectives 
 

A number of considerations should be kept in mind when inferring δ98Mo in sea water from 

euxinic sediments. Our studies in Lake Cadagno suggest that the removal process and diagenetic 

processes may exert important controls on the isotope composition of euxinic sediments. Both the 

removal mechanism and the release of Mo into the pore water can cause isotope fractionation which 

may be expressed in some euxinic environments and thus carry δ98Mo offset from ocean 

composition. The influence of this process will depend on reaction rate to particle reactive species 

(largely controlled by H2S concentrations) and the time Mo exists in the water column (controlled 

by water stability, particle availability, H2S). This can be modelled. Also, the diagenetic isotope 

effect will depend on sedimentation rate and the degradation of organic matter. While we expect 

this process to be minor in sulfidic settings where bottom waters usually are stagnant, it is possible 

that thiospecies also play a role for Mo removal in anoxic, non-sulfidic environments. The style and 

magnitude of the governing isotope fractionation factors can be investigated in controlled laboratory 

experiments and from direct observations the Mo speciation on sinking particles and its 

compositions in the sediments. It appears that Mo is intimately connected to the organic carbon 

cycle, and this may have implications to the understanding of the ancient C cycle from black shales. 

 

At a first glance, the link between Mo isotope composition in black shales and the global state 

of the ocean appears far-fetched. However, the magnitude of isotope fractionation between highly 

sulfidic marine sediments and sea water is small [72]. The hydrogenous Mo component in most 

black shales dominates over the clastic input and therefore, black shales typically have elevated Mo 

concentrations relative to crustal rocks. Moreover, Mo has a long residence time in the ocean, and 

thus sea water δ98Mo is a measure of average seawater composition (e.g. appendix manuscript 2). 

Therefore, δ98Mo in bulk black shales can provide information about the global state of the ocean.  

 

However, there are reasons to believe that our current understanding of the Mo cycle is 

incomplete. For example, the isotope budget is usually balanced between Mn-oxides depleted in 

δ98Mo and euxinic sediments at higher than riverine values, but Mn-oxides are rarely found in  

sediments, since Mn4+ is easily reduced under anoxic conditions [80, 81]. Perhaps, Mo is released 

during Mn-remobilization and will escape to the water column, and have no influence on the global 

isotopic Mo budget. Also, the connection between Mo and organic matter is still not well 
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understood. Recently, it was found that substantial amounts of Mo was removed from the ocean 

following an algal bloom event in the Wadden Sea [82]. No matter how Mo is buried into non-

euxinic sediments, such settings is enriching the δ98Mo value in sea water due to the substantial Mo 

output in such settings and [59] their considerable net isotope fractionation [83, 84]. Therefore, the 

evolution of δ98Mo through time will reflect the sequestration in sulfidic versus non-sulfidic oceans. 

 

In a compilation of euxinic sediments through time (figure 21), Proterozoic black shales are 

little fractionated relative to the modern riverine input value. This continues into the Phanerozoic 

(manuscript 3), with values first increasing in the Devovian. This behavior is decoupled from the 

large Mo enrichment in black shales [43]. While molybdenum isotopes are a promising indicator for 

oceanic redox conditions there are surprising trends that need to be explained, even at this stage 

when burial mechanisms in oxic and anoxic setting are poorly understood. Moreover, figure 21 

shows another intriguing aspect of combining the redox proxies. The highest δ98Mo values are 

found in sediments categorized to be euxinic due to a high index of euxinicity (FeP/FeHR), whereas 

non-euxinic sediments show generally lower δ98Mo values relative to a fitted curve through euxinic 

successions. The systematic lower values for non-euxinic sediments relative to contemporaneous 

sea water are also observed in Devonian successions which confirms isotope fractionation in 

settings that are not persistently euxinic [85]. 

 

If one wishes to further pursue the potential of Mo isotope redox proxy as a quantitative 

assessment of ocean oxygenation, it is insufficient to improve precision and accuracy of the isotope 

measures alone. We would need to understand better the removal processes into suboxic and anoxic 

sediments as well as the diagenetic processes at work. The δ98Mo variations within every category 

of Mo sinks (oxic, suboxic/anoxic or euxinic) exceed several times the current precision. The 

removal pathways in oxic and suboxic/anoxic settings and the isotopic consequences of governing 

chemical reactions needs to be better understood. 
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Figure 21: δ98Mo in sediments through time. This compilation presents published data and new results that are being 

prepared for publication in 2009. 
 

 

Once fractionation processes are understood, we might be able to correct for isotope 

fractionation that is expressed in sediments. Moreover, it is conceivable that we will have 

technological skills to measure sea water precipitates directly [1]. This would also solve another 

problem: The Mo isotope paleo-ocean redox-proxy measures the extent of global euxinia, but is 

only applicable to settings that are already locally sulfidic. This means for example that in a redox-

oscillating ocean from fully oxic to fully euxinic, we would only measure the most reducing peaks 

and conclude persistent euxinia. This is an exaggeration, but an illustration euxinic deposits are few 

and far between (e.g. there is currently a ~650 Myr between Velkerri Fm and Chuar Group). 

 

In my final word of this introduction I would like to expand on what we might learn about the 

ancient ecosystems from molybdenum. Mo/TOC relationships in euxinic sediments are known to 

reflect bottom water Mo concentrations and water residence time [42, 86]. These parameters also 
                                                      
[1] This work has been initiated at Stanford University (A. Erhardt) by trying to analyze δ98Mo in marine barites. The challenge 

is technical, since the Mo concentration is low (~1 ppm in marine barite) and a sample typically gives <15 ng Mo. However, the 
techniques are continuously refined and such analysis may even be possible in some laboratories today.  
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affect Mo isotope compositions which may enable one to back calculate from the conversion rate to 

thiomolybdates to how fast organic carbon is sequestered into euxinic sediments. This can link to 

the organic carbon cycle can be tested against C isotope systematics and biomarker studies, which 

tell us about the microbial fauna. In this view, one might use the slow reaction kinetics to 

thiomolybdate and its isotopic fractionations occurring in the water column  as a ‘stable isotope 

clock’ and constrain rates in ancient biogeochemical cycles? 
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Abstract  

 

Molybdenum (Mo) isotope studies in black shales can provide information about the redox 

evolution of the Earth’s oceans, if the isotopic consequences of Mo burial into its major sinks are 

well understood. Previous applications of the Mo isotope paleo-ocean redox proxy assumed 

quantitative scavenging of Mo when buried into sulfidic sediments. This paper contains the first 

complete suite of Mo isotope fractionation observations in a sulfidic water column and sediment 

system, the meromictic Lake Cadagno, Switzerland, a small alpine lake with a pronounced oxygen-

sulfide transition reaching up to H2S ~ 200 µM in the bottom waters. We find that Mo behaves 

conservatively in the oxic zone and non-conservatively in the sulfidic zone, where dissolved Mo 

concentrations decrease from 14 nM to 2-8 nM across this transition. We find that dissolved Mo in 

the upper oxic waters has a δ98Mooxic = 0.9±0.1‰, which matches that of the riverine input, 

δ98Moriver = 0.9±0.1‰. In the deeper sulfidic waters, dissolved Mo is about 1‰ heavier (δ98Mosulfidic 

= 1.8‰), and particulate Mo in these waters is lighter than the ambient dissolved Mo pool by ~ 0.3-

0.6‰. Sediment traps in the sulfidic zone of the lake collect particles increasingly enriched in Mo 

concentration with depth, with δ98Mo values that increase from 0.6 ‰ in the upper trap to ~1.2‰ in 

the deepest trap. Sedimentary Mo concentrations correlate with total organic carbon and yield Mo 

levels which are two orders of magnitude higher than typical crustal values found in rocks from the 

catchment area. Solid phase Mo in the sediment shows a slightly positive δ98Mo trend with depth, 

while the pore waters show dramatic enrichments of Mo (>2000 nM) with a relatively light isotope 

signature of δ98Mo = 0.9-1.0‰. 

 

These data are readily explained if Mo is converted to particle-reactive oxythiomolybdates in 

the sulfidic waters and is fractionated during removal from solution onto particles. The reason that 

isotope fractionation is expressed, despite the high sulfide concentrations, is because the rate of 

removal is slow and, thus, is not quantitative. Our results emphasize that quantitative removal of 

Mo is only achieved in settings with Mo limitation - either by low concentrations in the local or 

global depositional environment, or by a restricted setting (and sometimes not even then). However, 

the isotopic fractionation we observe is small (0.3 - 0.6‰), and therefore does not negate the use of 

Mo isotopes as a redox proxy. The direction and magnitude of isotope fractionation between 

sediments and overlying waters in Lake Cadagno compares to that seen between seawater and many 
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modern marine euxinic sediments. Isotopic mass balance in the marine system are only slightly 

modified when isotope fractionation during burial into sulfidic sediments are taken into account. 

 

Keywords: Mo isotopes; Mo cycle; molybdenum; stable isotope fractionation; redox proxy; 

sulfide; euxinic sediments; anoxic environments; Lake Cadagno 

        

 

1. Introduction 

 

The fractionation of molybdenum (Mo) isotopes in ancient sediments informs as to the global 

marine redox state in the past [72]. Molybdate has a long residence time (~800 kyrs) and is well-

mixed in the modern ocean [54, 59]. Due to its long residence time, Mo is also the most abundant 

transition metal in the ocean at ~105 nM [55]. Today’s oceans display a heavy Mo isotope 

composition of δ98Moocean = 2.3±0.1‰ relative to the average crust (δ98Mocrust ~ 0‰) [54, 65], and 

this has been attributed to the removal of isotopically light Mo of δ98Mo = -0.8±0.2‰ [54] by 

adsorption onto Mn-oxyhydroxides [54, 72]. Another major Mo sink is euxinic sediments 

(sediments underlying a sulfidic water column) because Mo is readily scavenged under sulfidic 

conditions. The isotopic composition of these sediments is variably offset compared to seawater (0 

to -0.5‰) [72] with the lowest offset due to quantitative removal of Mo from the sulfidic water 

column where isotope fractionation will not be expressed. Because of the isotopic difference 

between the oxic and euxinic sinks, and because euxinic sediments seem to record seawater values, 

the isotopic composition of ancient euxinic shales may be used to understand the fraction of Mo 

removal into euxinic versus oxic environments and the extent of ancient seawater sulfidic 

conditions [72]. For example, it has been proposed that the ocean contained substantial expanses of 

sulfidic water during much of the Proterozoic [12] changing the balance of isotopic sinks and 

dictating the Mo isotopic composition of the Proterozoic ocean  ([72] and  manuscript 2). 

 

The pathway of Mo removal from oxygenated waters into sulfidic sediments goes through a 

conversion of molybdate to particle-reactive thiomolybdates in the presence of >11µM H2Saq 

(typically at pH<8). However, sulfidation of molybdate is a slow process and metastable 

oxythiomolybdates prevail in many natural sulfidic systems [56]. The pathways of particle-reactive 

Mo removals remains in dispute, but experiments have shown that Mo(VI) adsorbs both to pyrite 
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and organic matter at neutral pH [87]. On pyrite, tetrathiomolybdate (MoS4
2-) adsorbs irreversibly 

while molybdate easily desorbs [75]. Increasing particle affinity has also been observed in 

adsorption experiments with FeS [88]. 

 

The isotope fractionation factor between species A and B is given in terms of 98αA – B = 

(98Mo/95Mo)A/(98Mo/95Mo)B and we adopt the approximation 98∆A-B ≈ 103 . (98αA– B -1) to represent 

the isotope offset between product (A) and reactant (B). Theory predicts an equilibrium 

fractionation factor of 98∆tetrathiomolybdate - molybdate = -4.2‰ at 8°C [74] with about a -1‰ shift for each 

sulfidation step, MoO4-xSx
2-, where x = 0 → 1 → 2 → 3 → 4  (J. TOSSELL, personal 

communication). Each sulfidation step progresses 10 times slower than the previous one [56], so the 

isotope fractionation associated with first steps are likely not expressed in stagnant waters. For 

example, where particles capture all tetrathiomolybdate and dissolved Mo remains as pure 

trithiomolybdate, one should find 98∆part-diss  = 98∆ tetrathio - trithio= -1‰. For comparison, molybdate 

adsorbs onto Mn-oxides with an equilibrium fractionation (98∆sorbed – molybdate) of -3.0‰ [57].  

 

Our study aims to address five important questions about the removal pathways of Mo and their 

isotopic implications with which we can evaluate the robustness of the Mo isotopic paleo-ocean 

redox proxy: 1) Are Mo isotopes fractionated during removal at oxic-sulfidic boundaries?, 2) do 

diagenetic processes change Mo composition?,  3) what controls Mo isotope fractionation in 

sulfidic water columns (adsorption, sulfidation, or reduction to MoIV)?, 4) what is the nature of the 

particles to which Mo adsorbs under sulfidic conditions? and 5) do δ98Mo values in euxinic 

sediments reflect the Mo isotopic composition of overlying water column? Our study is based on 

measurements of Mo isotopes in the water column, sediments, pore water, source materials, 

suspended particles, and sinking particles in meromictic Lake Cadagno.  

 

2. Site description 

Lake Cadagno is a 21 m deep alpine meromictic (permanently stratified) lake situated at an 

altitude of 1921 m in Piora Valley in the southern part of central Switzerland (figure 1). The local 

bedrock includes felsic gneisses, dolomite and gypsum. The lake basin was created by glacial 

erosion and was dammed by a moraine during the last glaciation of the valley about 8000 yrs ago. 

The water body has three distinct layers, the oxic mixolimnion, a narrow chemocline at ~ 11 meter 
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depth in which anoxygenic phototrophic organisms thrive, and an anoxic and sulfidic 

monimolimnion (figure 2). This structure is maintained by the density difference between dense 

solute-rich water constantly supplied by subaquatic springs to the monimolimnion and the low-

salinity river water supplying the mixolimnion [89, 90]. The redox stratification has been known for 

more than 100 years [89].  

 

3. Methods 

3.1. Sampling 

Samples were taken during field trips in June 2006, September 2006, and August 2007. Water 

was pumped using a metal-free Flojet Quiet Quad pump system and sampled for sulfide, sulfate, 

oxygen, pH, Sr isotopic compositions and Mo  concentrations. We sampled water from ~20 depths 

from the surface to 20 meters by pumping the water into a clean plastic bucket and this water was 

sub-sampled with a plastic syringe. Both the bucket and a syringe were rinsed with the water from 

the respective depths, and the syringe was rinsed in water several times to avoid air bubbles or 

oxidation of the sample. For metal concentration determinations, we collected unfiltered water, 

filtered water and the filtrate. Oxidation of the samples is limited by the short sampling time (less 

than one minute) and the slow reaction kinetics of thiomolybdate to molybdate. We used Advantec 

glass fiber filters (GF-75 or GC-50 with pore size of ~0.7µm and ~1.2 µm, respectively). The 

filtrate was leached from the filters with 2N HNO3. All acids used were singly distilled, if not 

otherwise stated. Dilutions are made in 18.2 MΩ milli-Q H2O. 

 

For Mo isotope analysis, water samples of 2-5 L were pumped from the lake through plastic and 

Teflon tubes and stored in acid-cleaned polyethylene containers. Water samples were filtered at the 

Lake Cadagno field station using the same type filters as for concentration analyses (prefilters: 

Advantec glass fiber filters GF-75 or GC-50 with pore size 0.7µm and 1.2 µm, respectively, and a 

0.22µm Advantec Mixed Cellulose Ester Membrane filter). In September 2006 and August 2007 we 

used an anaerobic pressure filtration apparatus with N2 overpressure to minimize oxidation. 

Vacuum filtration was used in June 2006. A comparison of these techniques in August 2007 yielded 

the same δ98Mo results. Most particulate Mo was captured by the prefilter (termed here particulate 

Mo), and we confirmed that Mo in filtered water plus Mo on the pre-filter matched the Mo content 

in unfiltered water samples (figure 3). Filtration commenced within seven hours of sampling. The 

water samples were acidified to a pH of 1-2 by with a few milliliters of doubly distilled 



62 
 

concentrated HNO3. Filtrates were leached from the filter in 2N HNO3 prior to digestion. About 1L 

filtered lake water, containing from 400-1400 ng Mo, was evaporated for each depth and the residue 

treated with hydrogen peroxide and aqua regia to oxidize ”dissolved” organic matter. The total Mo 

procedural blank for water samples using Millipore 18.2 MΩ H2O (including pumping, filtration, 

purification and sample handling through all procedures) contained ~10 ng Mo, enabling us to 

analyze samples with >250 ng Mo with a negligible blank contribution. 

 

Precipitation was sampled as snow in June 2006, and in 1kg evaporated snow, Mo was below 

the detection limit (<0.1pM). We conclude that precipitation is a negligible source of Mo to the 

lake. Rock samples of dolomite and granite were collected from outcrops near the lake (figure 2) 

and crushed to fine powders in clean agate mortars. 

 

We installed sediment traps at depths of: 7 m, 9 m, 12 m, and 17 m and collected them after 54 

days (August 30 – October 23, 2007). These were constructed by attaching a funnel to acid-washed 

polyethylene bottles and suspended in triplicate at each depth. Unfortunately, the funnels retained 

the sediment at the edge and thus acted to inhibit particle capture, so sediment flux rates could not 

be calculated, because the effective capture area is unknown (but smaller than the cross-sectional 

area of the trap). Particles in the traps are termed sinking particles. 

 

Sediments were collected with a sediment coring device lined with plastic. Cores were plugged 

with stoppers to avoid oxygenation and kept vertical until cut in slices and stored in 50 ml 

centrifuge tubes. Pore water was separated from the sediment in a centrifuge for 15 minutes at 3000 

rpm and filtered through Advantec GC-50 glass fiber filters with a nominal pore size of 1.2 µm.  

 

3.2. Analytical techniques 

Oxygen was measured by Winkler titration (WINKLER, 1888) with a detection limit of <1 µM, 

while  sulfide concentrations were measured with Cline reagent [91] with a detection limit < 1 µM. 

Conductivity and turbidity were measured with a YSI 6000 multiparameter probe from YSI 

Hydrodata Ltd., while pH was measured with a calibrated pH meter. Sulfate concentrations were 

measured by ion chromatography on a Sykum ion chromatograph with column suppression. 

Uncertainty was < 5%.  
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The water content of the sediment was measured by mass difference before and after 

evaporating the sample in an aluminum tray for 24 hours in a kitchen oven at 110°C. This was done 

immediately after sampling to minimize potential dehydration. Samples were cooled in a desiccator 

to ensure no mass gain during cooling. Determination of the sedimentary burial flux of Mo is very 

sensitive to accurate estimates of the sedimentary water content (porosity), so three different cores 

were compared to guarantee robust results. 

 

The organic C wt% was calculated from the weight lost during ignition (Loss on Ignition, LOI) 

of the dry sediment for 24 hours at 550°C. Two different cores were measured to check the 

consistency of the results. Total trace metal concentrations were obtained from samples ashed in 

ceramic crucibles to avoid metal contamination. All metal concentrations were determined with a 

quadropole inductively coupled plasma mass spectrometer (ICPMS) by intensity comparison to a 

multi-element calibration curve with correction for plasma suppression using a multi-element 

internal standard. Column chemical yields were measured for all non-double spiked samples by 

isotope dilution using a calibrated 97Mo spike on pre- and post chemistry aliquots. This technique 

allows for precise yield determination because the 97Mo/95Mo isotope ratio could be measured to a 

precision of <1% using a Thermo-Fisher Scientific X-Series quadrupole ICPMS at Arizona State 

University. In most cases, mass-dependent isotope fractionation during purification was negligible 

due to a quantitative yield (>92%). 

 

3.2.1. Sr and Mo isotopic compositions 

Sr was purified from 2 ml filtered water, dried, redissolved in nitric acid, and processed over 

miniature columns charged with 200 µls of Eichrom’s SrSpec™ resin using a standard elution 

scheme [92]. Sr isotopic compositions were measured on a VG-54 Sector multiple-collector 

Thermal Ionization Mass Spectrometer (TIMS) at the Institute of Geography and Geology, 

University of Copenhagen in dynamic collection mode.  87Sr/86Sr ratios were normalized to 
86Sr/88Sr = 0.1194. Procedural blanks remained below 150 pg, and they were negligible to the 

sample Sr amount. The long-term reproducibility of the NBS 987 Sr standard for our method is 
87Sr/86Sr = 0.710235 ± 0.000017 (2 s.d.; n=28). 

 

For Mo isotopes, rock samples were dissolved in 6M HCl after a HF-HNO3 digestion while 

water samples were evaporated to reduce volume first. Samples were purified using the separation 
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method described in BARLING et al. (2001) for analysis using an element spike to correct for 

instrumental mass bias. The water samples from September 2006 contained organic matter which 

blocked fluid flow in the columns reducing chemical recovery during purification. Hence, profiles 

from September 2006 and August 2007 were also purified by batch separation using Biorad 

chelating resin Chelex-100 after equilibration with a 97Mo-100Mo double spike for 48 hours prior to 

extraction. The recovery of this methodology was ~80%, and we assumed an exponential mass bias 

law to apply to both the instrumental fractionation and the loss during purification. The element 

spike and double spike methods were compared to check that the two techniques give consistent 

isotope compositions. The data for the two methods are consistent for oxic water samples, but 

double spike replicates tend to give higher values (+0.3‰) and larger uncertainties (<0.25‰) for 

sulfidic water samples, where δ98Mo are high (1.8‰). This problem might arise if Mo was bound to 

humic substances so that sample and spike could not fully equilibrate. Thus, we build our 

interpretations preferentially on the element spike data unless otherwise stated. All samples were 

oxidized with hydrogen peroxide prior to isotope analysis to remove organics eluted from the resin. 

 

Samples of sediment trap material were prepared both by element spike using the protocols of 

[53] and double spike with the methodology of [70]. Some samples were prepared using both 

protocols (table 4). In cases with low-yield, isotope values do not severely deviate from the double 

spiked replicates suggesting that mechanical loss or adsorption to the vials occurred without 

isotopically fractionating the remaining sample. 

 

The stable isotope compositions of molybdenum were determined with a Thermo-Fisher 

Scientific Neptune multiple collector inductively coupled plasma mass spectrometer (MC-ICPMS) 

at Arizona State University. Instrumental mass bias for the non-double spiked samples was 

corrected for by standard-sample bracketing and an external Zr spike technique [53]. The mass 

spectrometer was set up to measure 90Zr, 91Zr, 92Mo (+92Zr), 95Mo, 96Mo (+96Zr), 97Mo, 98Mo and 
100Mo from which we could derive five Mo isotope ratios and one Zr isotope ratio; the latter was 

used to correct for instrumental mass bias. We checked for internal consistency and accepted data 

when maximum and minimum of δ/amu for δ92/95Mo, δ98Mo and δ100Mo differed by ≤ 0.1‰ per 

amu, where δxMo = [(xMo/95Mo)sample/(xMo/95Mo)standard -1] × 103. Also, we rejected data if the 

mass-bias corrected δ98Mo differed from δ98Mo obtained from standard sample bracketing by more 

than 0.50‰, suggesting that significant correction for matrix effects was required. In addition, in-
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house rock and gravimetric standards were run repeatedly in each session to verify agreement with 

long-term averages. Three well-known standards were processed through chemical purification 

(SDO-1, Nod-A1, and Nod-P1) to verify that the methods were consistent with previous work [53, 

70]. Accuracy of the measurements was monitored by measurements of an ICP standard and the 

SDO natural sample by adding a gravimetrically measured amount of calibrated 95Mo spike to result 

in a -1‰ offset on δ97/95Mo. 

 

For data presentation, we use the Zr-corrected 98Mo/95Mo ratio and compare to the average of 

the ASU in-house standard “RochMo” (Alfa Aesar Specpure Lot# 802309E) run immediately 

before and after each sample (standard-sample bracketing). Errors are reported as the 2 s.d. 

reproducibility for replicate analyses of the same sample. The long-term reproducibility of the 

USGS rock standard SDO-1 is 0.14‰ (2 s.d., n = 45) over a period of 19 months. The beam 

intensity was enhanced by at least a factor of 8 using an Apex nebulizer compared to wet aspiration, 

making it possible to analyze solutions with 40 ppb Mo at 97Mo intensities of ~250 mV. 

 

4. Results 

4.1 General chemical characterization of the water column 

Dissolved oxygen, ΣH2S and conductivity profiles are shown in figure 3 a-c The water column 

was saturated with O2 down to a depth of 7 meters, with concentrations decreasing towards the 

chemocline. Sulfide started to accumulate at 11-12 m, just below the steepest conductivity gradient, 

and reached a maximum concentration of about 250 µM at depth in the water column [89, 93, 94]. 

For our purposes, ‘chemocline’ refers to the narrow anoxic zone where the sulfide concentration 

begins to increase.  

 

The water column ΣH2S profile can be fit to sigmoidal functions of depth. The steepest 

gradients of these functions give consistent results for all field trips 100-150 µM/m. In September 

2006 and August 2007, the profiles the chemocline was located deeper compared to June 2006 

(figure 3 a-c) correlating with steeper sulfide gradients at these later times.  

 

Water column pH was measured in August and increased from 6.9 to 7.1 in going from 8.5 m to 

19 m (figure 3c). The precision on the pH meter is <0.1 unit. Values up to pH = 7.9 have been 
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observed within the oxic zone, but in this previous study, the pH in the sulfidic zone was close to 

7.1 [89].  

 

4.2 Molybdenum in the sulfidic water column 

The concentration of dissolved Mo decreased by 40-80% (June 2006: 40%, September 2006: 

70% and August 2007: 80%) across the chemocline into the sulfidic waters. A substantial fraction 

(30-60%) of the Mo in the sulfidic zone was adsorbed onto suspended particles recovered from a 

1.2 µm glass fiber filter (figure 3 d-f, table A1 in appendix B). Our results confirm that dissolved 

Mo plus particulate Mo equals total Mo within error. There is considerable chemical enrichment of 

Mo in the sediments of the deep basin: these sediments are 2-3 orders of magnitude elevated in Mo 

concentration (table 1) compared to typical rocks in the catchment area (i.e., dolomites and gneisses 

contain <1ppm Mo, table 2).  

 

The isotopic composition of Mo varied in the water column (table 1, figure 4). The sulfidic 

water was enriched in heavy Mo isotopes, with δ98Mo  ~1.8‰ in June 2006 and August 2007 

compared to the well-mixed mixolimnion with δ98Mo = 0.9‰. The main river source to the lake 

carried ~8 nM Mo with δ98Mo = 0.86±0.20‰. The swamps in the catchment area had variable Mo 

concentrations; one sample taken north of the lake contained as much as 32 nM Mo with δ98Mo = 

0.78 ± 0.03‰. This is within error of the isotopic composition of the riverine source. The main 

outlet contained ~14 nM, with δ98Mo = 1.02±0.10‰ equivalent to the oxic waters. These waters fall 

within the range of major global rivers, δ98Mo = 0.7-1.2‰ [60]. 

 

4.3. Sr  in the  water column 

The concentration of Sr, increased with depth into the deep waters, reaching up to ~50 µmol kg-

1 in the monimnolimnion (table 1). In contrast, the riverine inlet and swamps were relatively dilute 

(0.12 µmol kg-1 and 0.49 µmol kg-1, respectively; table 1). The Sr isotopic composition decreased 

with depth (table 1) and 87Sr/86Sr correlates with 1/Sr (with a correlation coefficient of R2 = 0.98 in 

both June 2006 and September 2006, figure A1 in appendix B). Typical rocks in the environment 

display a significant variation in Sr concentration. Strontium is abundant in outcropping dolomites 

which determines the chemistry of the monimolimnion (table 2).  The 87Sr/86Sr composition of the 

oxic surface water is dominated by diffusion from the deep lake, rather than the riverine source 

which is ~500 times more dilute. Also, of the potential source rocks in the catchment area, the 
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isotopic composition of the Sr in the deep lake is closest to the dolomites. This is strongly 

suggesting that the main source of Sr to the deep lake is the dolomites, as input by subaquatic 

springs. 

 

4.4. Molybdenum isotopes in catchment rocks 

Since the dolomites provide Sr to the deep lake, we analyzed the Mo isotopic composition in 

nearby dolomite outcrops to evaluate the propects of a subaquatic Mo source. Analyses of two 

dolomites revealed indeed δ98Mo = 1.56±0.10‰ and 1.55±0.06‰ (table 2) which is heavier than 

the riverine value. The concentration of Mo in two dolomites and two gneisses from the catchment 

area were found at 0.32 ppm, 0.48 ppm, 0.15 and 0.28 ppm, respectively (table 2).  

 

4.5. Sinking Particulates 

The color of filtrates from the 12 m sediment trap was dark purple due to rain out of sulfur 

bacteria from the chemocline. The 17 m sample was surprisingly transparent with organic debris in 

the bottom of the trap. Both 7 m and 9 m traps were transparent. Only organic matter and no metal 

sulfide particles were found by microscope (e.g. framboidal pyrite). Particles caught in the sediment 

traps have increasing Mo/Ti with depth; at 12 meters depth Mo/Ti values are a factor of 3 higher 

than particles at 9 m depth and the procedural blank (table 3). At a depth of 17 m Mo/Ti of particles 

is ~20-fold higher than at 9 m depth which is comparable or slightly higher than to the value in 

sediments in the uppermost 8 cm (table 6, figure 5). The sediment traps at 7 m, 9 m, 12 m showed 

lower δ98Mo values than any of the sources to the lake. The isotopic offset in the 12 m trap is -0.3‰ 

relative to oxic waters and -0.7‰ relative to concomitant waters. Furthermore, δ98Mo values of 

sinking particles correlate with Mo/Ti and converge at the sedimentary value δ98Mo = 1.2‰ deep in 

the water column (table 4; figure 5). This observation is consistent with the suspended particles 

carrying a lower δ98Mo = 1.34±0.27‰ (2.s.d., n = 3) compared to dissolved Mo δ98Mo = 

1.74±0.17‰ (2.s.d., n = 6) at 16 m depth in June 2006. 

 

4.6 Sediments and pore fluids 

The sediment was black, finely laminated and smelled strongly of sulfide. The upper sediment 

contained was very fluid, containing ~98 wt% H2O in the upper layers. The water content was 

measured on three separate cores, and the data is in good agreement.  
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Sulfate concentrations decreased from from 2 mM to 1.3 mM from the overlying water and into 

the first cm of sediment, with strongly decreasing concentration deeper into the sediment (figure 

6a). Sulfide is produced by microbial sulfate reduction in the sediment and reached a maximum 

concentration of ΣH2S ~1000 µM at 8 cm depth (Figure 6). At greater than 8 cm depth, sulfide 

reacted out of solution, mostly as metal sulfides [95]. 

 

The Mo concentration of dried sediment was ~130 ppm at the top of the core, declining by 10-

20% to a depth of 19.6 cm, where a combination of lighter color, coarser grained texture, abruptly 

low Mo/Ti, low water content and low organic matter concentrations indicate a turbidite deposit 

consistent with previous interpretations [95, 96]. The top of the sediment contains 10.9 wt% and 

11.2 wt% total organic carbon for the cores sampled in June 2006 and August 2007, respectively. 

Previous studies using a TOC analyzer yielded similar values of 10-14wt% [97]. Mo/Ti correlates 

with decreasing TOC (figure 7b) and depth profiles of Mo/TOC scatters around a value of 13±2 and 

11±4 ppm/wt% for core J and core 1, respectively (figure 8). Sedimentary Mo does not correlate 

with total sedimentary Fe, constant at 5.0±0.7 wt% (figure 7a). Sedimentary Mn concentrations 

increase with depth and are not correlated to sedimentary Mo (figure 7a). The sedimentary δ98Mo 

profile scatters around 1.2‰ in the upper 10 cm, increasing to ~1.4‰ at 15 cm depth (figure 7c) 

with a strong decrease to 0.9‰ in the turbidite layer.  

 

There is a profound enrichment of dissolved Mo and Fe in the pore water (figure 6b). In June 

2006, Mo concentrations increased to 1000 nM by 10 cm depth, just at the sulfide peak, and 

continued to increase to a maximum of over 3000 nM by 20 cm. In August 2007, even higher Mo 

concentrations were reached at depth, but concentrations remained relatively low until 15 cm, 

where a strong increase began. Dissolved Fe2+ from June 2006 mimics dissolved Mo concentration. 

The δ98Mo of dissolved Mo in the uppermost sediment layer is similar to the overlying water, and 

with depth, the δ98Mo becomes depleted to values lower that the solid phase Mo. In the turbidite 

deposit solid phase Mo copies dissolved Mo in the pore fluids.  

 

5. Discussion 

In what follows, we consider the dynamics of Mo cycling within Lake Cadagno, with particular 

focus on the isotope fractionations associated with Mo removal from the lake and into the euxinic 
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sediments. These results allow us to assess in general how the isotopic composition of water 

column Mo is transferred to the euxinic sediments with implications for understanding the isotopic 

mass balance of the modern marine Mo cycle. 

 

5.1 Water column Mo       

5.1.1 Concentration profile     

The concentration gradient of dissolved Mo is steepest at the chemocline and suggests that 

substantial Mo removal occurs in the water column where H2S increases to [H2S] > 100 µM. The 

drawdown of Mo into the sulfidic zone is from 40 to 70% of the overlying water concentrations 

(Mobw/Mosw = 0.3 to 0.6). This magnitude of removal is comparable to that observed in Framvaren 

Fjord (Mobw/Mosw = 0.3, ΣH2S ~ 6mM) and Lake Nitinat (Mobw/Mosw = 0.3, ΣH2S ~ 6 mM), but 

less dramatic than observed in the Black Sea (Mobw/Mosw ~0.06, ΣH2S = 150µM). Mo is removed 

by particle adsorption in the sulfidic waters of Lake Cadagno. This is evident from the accumulation 

of Mo onto sinking particles as seen by the progressively higher Mo/Ti ratios with depth (figure 5) 

resulting in ratios similar to the sediments but much higher than observed for particles in the oxic 

water column (Figure 5; Table A1, appendix A). This observation contradicts previous studies 

which have maintained that Mo is removed into euxinic sediments by processes below sediment-

water interface (EMERSON and HUESTED, 1991; CRUSIUS et al., 1996). However, we suggest that 

similar to Lake Cadagno, Mo is removed onto particles in euxinic Black Sea waters, as evidenced 

by the clear drop in water column Mo concentration ~1500m above the sediments [98]. 

 

The removal process generates a concentration gradient causing a net flux of dissolved MoO4
2- 

from the oxic mixolimnion into the sulfidic monimolimnion, where sulfidation to particle-reactive 

MoS4
2- occurs at >11 µM H2S [56]. The removal rate is slow enough that Mo resides ~80-130 days 

in the sulfidic zone (from flux calculations in section 5.3). The time scale is much shorter than the 

water residence time (>1.5yr, appendix B) and is similar to model predictions of the ~50-100 day 

characteristic time scale at which molybdate is converted to trithiomolybdate without surface 

catalysts (calculations in appendix C). Consequently, the reaction kinetics of molybdate conversion 

to tetrathiomolybdate can explain the Mo residence time. As mentioned above, the reaction kinetics 

are slower during each successive sulfidation reaction MoO4
2-↔ MoO3S2- (~5 hrs), MoO3S2-↔ 

MoO2S2
2- (~50 hrs), MoO2S2

2- ↔ MoOS3
2 (~60 days) and MoOS3

2-↔MoS4
2 (~1.5yr) with 

increasing susceptibility for particle scavenging towards tetrathiomolybdate, [56]. Even though 
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dissolved and particulate Mo will contain species with different degrees of sulfidation, tri-

thiomolybdate and tetrathiomolybdate must prevail given the Mo residence in the bottom waters of 

the lake (calculations in appendix C). This leads us to speculate Mo is removed primarily as tri- and 

tetrathiomolybdate (figure 9). Laboratory experiments confirm that tetrathiomolybdate adsorbs with 

higher particle affinity than oxythiomolybdates onto both FeS2 [75] and FeS [88]. The degree to 

which the Mo species adsorb to particles is central for understanding the isotope fractionation that 

will be expressed between particulate and dissolved Mo. This will be explored below. 

 

5.1.2 Isotopes      

The Mo concentration drop is associated with increasing δ98Mo values in the dissolved pool, 

while for the sinking particles, Mo is ca. 0.3-0.4‰ lighter than their respective waters (table 1). 

This suggests removal of preferentially lighter Mo isotopes from the sulfidic waters. The isotope 

fractionation process is directly observed on the sinking particles where Mo/Ti and δ98Mo values 

increase with depth and converge towards the sediment values (figure 5). The sediment δ98Mo value 

of about 1.2‰ is 0.6‰ depleted compared the dissolved Mo in the sulfidic zone (about 1.8‰; 

Figures 4 and 5), suggesting a fractionation of about -0.6‰ between the water column and the 

particles scavenging Mo as they settle through the sulfidic water. These observations confirm that 

isotope fractionation occurred while Mo was scavenged in the sulfidic water column. The 

magnitude of isotope fractionation can also be evaluated from the δ98Mo value of dissolved Mo in 

the sulfidic waters, provided that the Mo drawdown (40-80%) is responsible for the +0.9‰ 

excursion in the dissolved phase compared to a source in the overlying oxic waters. The 

fractionation factor associated with that process is 98∆ = -1.7±0.6‰ or 98∆ = -1.2±0.6‰ following 

an equilibrium fractionation law and a Rayleigh fractionation law, respectively. These values are 

higher than the observed fractionation between particles and waters probably because Mo is also 

supplied through groundwater sourced in dolomitic limestone, which has a δ98Mo value of 1.55‰ 

(the subaquatic source is discussed further in appendix B). The additional source of heavy Mo to the 

lake will reduce the degree of fractionation needed in the calculation and the two estimates could 

converge at 98∆ ~ -0.6‰ (more on this below).  

 

Isotope fractionation during the ligand-exchange reactions accompanying the conversion of 

molybdate to thiomolybdate [74] through successive sulfidation steps (e.g. MoS4
2- relative to 

MoOS3
2-) are predicted to impart about a -1‰ offset in isotope composition providing an overall 
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isotopic difference of -4.2‰ between tetrathiomolybdate and molybdate at Lake Cadagno 

temperatures. It is likely that some of the oxythiomolybdates exist in so low abundance either in 

solution or on the particles, that the isotope fractionation associated with those species would not be 

expressed. For example, molybdate would persist for less than 1 day in the sulfidic zone before it 

reacted to mono-thiomolybdate, and tetrathiomolybdate should adsorb rapidly and irreversibly to 

particles and immediately disappear from the dissolved pool. Accordingly, the degree of isotope 

fractionation observed between sinking particles and the sulfidic waters depends on the distribution 

of the thio-species in these two pools, and so the composition of sinking particles may well control 

isotope fractionation expressed between euxinic sediments and their overlying waters, because the 

removal mainly occurs by particle adsorption.  

 

The chemical reactions associated with conversion to the particle-reactive species and the 

adsorption should be able to fractionate Mo isotopes by at least the observed 0.6‰. For example, 

the -0.6‰ offset would be generated if the particles contained ~60% MoS4
2- (assumed -1‰ relative 

to trithiomolybdate) and ~40% MoOS3
2- and the dissolved pool was 100% MoOS3

2-. In reality, both 

the dissolved and particulate pools likely contain more than one or two species, but the fact that 

particulate Mo contains more of the lighter compounds than dissolved Mo suggests that the 

partition coefficient for MoS4
2- onto particles is higher than for MoOS3

2- (tri-thio more than di-thio, 

etc.). This conclusion is consistent with laboratory experiments with particle adsorption onto iron 

sulfides [75], and might also be the case for Mo adsorption onto organic matter or humic acids. 

 

An alternative, but more complicated, explanation for the small magnitude of isotope 

fractionation expressed (-0.6‰) compared to ~1.0‰ predicted between two thio-species, is if 

fractionation occurs as reactive oxy-thiomolybdate species adsorb onto the particles themselves. 

This would occur, for example, if MoS4
2- on particles would carry a higher δ98Mo value than 

MoS4
2- in solution, and therefore, the adsorption reaction would counteract some of the isotope 

effect associated with sulfidation. This requires a substantial fraction of tetrathiomolybdate with a 

low δ98Mo to be present in solution, even though it is the most particle reactive Mo species. We 

favor the simpler explanation because it requires only adsorption and desorption of 

oxythiomolybdates, and it fits nicely with the increased particle affinity observed during adsorption 

experiments with FeS2 and FeS. Laboratory experiments with known species are needed to clarify 

these issues. 
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5.2 Sediments 

5.2.1 –Sediment concentrations in solution and solid phase 

Mo is released from its particle carrier in the sediment with Mo increasing from 2-8 nM at the 

sediment-water interface to 2000-4000 nM at ~15cm depth! This dramatic buildup would support 

the diffusion of Mo out of the sediment and back into the water column. In combination with 

decreasing solid-phase Mo (and Mo/Ti) with depth, our results provide evidence that Mo is 

mobilized and transported from the deeper sediments towards to the sediment surface.  The pore 

water profile provides unambiguous evidence that molybdenum is not removed from the sulfidic 

water column by reduction of molybdate (MoVI) to molybdenite (MoIV) and the subsequent 

precipitation of Mo sulfide, even though this reaction is energetically favorable; ∆G0 = -314.3 

kJ/mol [75].  

 

The Mo release into pore fluids is roughly correlated with the decrease in organic carbon 

concentration as driven by dissimilatory sulfate reduction above 8 cm, (appendix B) and 

methanogenesis below this depth where methanogensis dominates. Increases in “dissolved” Mo 

may also accompany the conversion of FeS to pyrite with depth in the sediment, if FeS also acts as 

an important Mo carrier in the sediment.[95]. There is an apparent correlation between Mo and total 

organic carbon which is manifested in relatively constant Mo/TOC with depth (figure 8) which 

would argue for Mo release as organic carbon is oxidized (Figure 5). Once in solution, Mo is likely 

bound and transported by diffusion as humic complexes. The sediment from waters is a deep brown 

color, and this material precipitates on acidification indicating large quantities of scenic acids.  

Indeed, in the anoxic and mildly sulfidic meromictic Lake Pavin, France [99], Mo is found to 

diffuse from the sediments  [100] associated with complex humic substances [101].  

 

The EXAFS spectra of adsorption products between Mo and humic acids are quite similar to the 

spectral type observed in black shales [87]. These spectra suggest that the Mo end product is 

connected to an organic compound (via Mo=O double bonds) and the data also indicates Fe-Mo 

interactions. Our interpretation Mo behavior in Lake Cadagno sentiments is consistent with these 

observations. 
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The geological rock record provides numerous examples of euxinic sediments displaying 

consistent Mo/TOC relationships [41, 42]. These variations would appear if Mo was mainly 

transported to the sediments with organic matter, and with the sediments diluted by terrestrial 

material (with low Mo, low organic C) in variable proportions. The diagenetic remobilization of Mo 

as we see in Lake Cadagno is unlikely to have changed the slope of the Mo/TOC relationship in 

ancient shales which represent the terminal stages of diagenesis.  This will be true as long as the 

organic carbon oxidized in a given setting is a rather constant proportion of that originally 

deposited, and a rather constant proportion of Mo is removable during diagenesis and if the particles 

rain to the sediment with a rather constant Mo/TOC ratio. Therefore, while Mo mobilization will 

influence the absolute value of Mo/TOC in euxinic sediments it should not disturb the Mo/TOC 

proxy. This proxy is interpreted to reflect organic matter burial rate relative to bottom water Mo 

concentrations [42] and is correlated to hydrographic conditions of deep water renewal rates (or 

accordingly restrictedness of the basin).  

 

5.2.2 Sediment isotopes in solution and solid phase 

The δ98Mo offset between sediments and pore fluids is ~0.4‰ at 12-17 cm depth where Mo 

release is most pronounced. This offset causes an isotopic shift in the sediment leaving a higher 

δ98Mo value in the solid-phase at greater depth (Figure 7), although the statistical significance of 

this isotope shift is small. The pore fluids in the fluffy surface sediment layers contain mixed δ98Mo 

values between isotopically heavy Mo from the sulfidic water column (1.8‰) and isotopically light 

Mo released at 10-15 cm (1.0‰). 

 

The sediments carry a distinctly higher δ98Mo value (1.2‰) compared to the riverine source. 

The value is similar to that measured on the sinking particles, but inconsistent with rivers being the 

sole Mo source to the lake. An additional source of Mo to the sulfidic zone is required, since 

particle scavenging from the water column removes Mo with isotope fractionation towards lighter 

δ98Mo values. The subaquatic springs are sourced in gypsum-rich dolomites that likely provide the 

heavy source with a  δ98Mo of 1.55‰. We return to this issue in the isotopic mass balance in 

section 5.3.  

 

As noted above, the accumulation of substantial Mo is the pore water suggests that Mo 

reduction and Mo sulfide formation occurs very slowly. This is corroborated by the turbidite 



74 
 

deposits at 20 cm depth. There is a dramatic decrease in solid-phase Mo concentrations, produced 

by an avalanche flow in 1951 which diluted the sediments with mountain-sourced debris. These 

deposits contain, however, ~5 ppm Mo, which is roughly 10 times higher than typical for the 

catchment area (table 2). This might suggest that these deposits inherited most of their Mo by 

mixing with lake sediment during deposition, but the δ98Mo value (0.9-1.0‰) is distinctly lower 

than the sediments (1.2-1.4‰). The light signature in the solid-phase could be a product of 

extremely slow Mo sulfide precipitation. Alternatively, Mo from an unknown source, for example 

oxic sediments, may have been carried with the turbidite.  

 

5.3 Mo budget for the lake 

In order to understand the integrated behavior of Molybdenum in the lake, we establish 

elemental and isotopic mass balances. Despite its small size, this lake (<1 km2) is quite complicated 

in terms of its Mo sources and sinks. Figure 10 shows a compilation of the fluxes that we will now 

explain.  

 

5.3.1  Elemental mass balance      

Riverine output The upper mixolimnion act as a conveyer moving Mo through the upper lake, 

a portion of which is captured and removed into the chemocline. Surface water enters the lake at 

several places, but mainly as snow and glacial runoff from mountains at the eastern end of the lake. 

Water runs out in the western part of the lake and helps drive a local hydroelectric power plant. 

Water flux is ~ 3 times higher in the summer months than during winter months and the seasonal 

average is 62±9 L/s (Mauro Tonolla, pers. communication). The outlet concentration mirrors the 

oxic zone at 14 nM and leads to a Mo flux out of the mixolimnion of 29±4 mol yr-1.  

Chemocline flux Dissolved compounds are transported across the chemocline by eddy 

diffusion. The vertical eddy diffusion coefficient depends on the density stratification of the water 

and is calculated from the profiles of temperature, conductivity and turbidity, yielding KD = 4.10-3 

cm2s-1 at 7-11 m depth [102]. This value is in agreement with dye experiments (5-10.10-3 cm2s-1 

[90]), and the value 4.1±1.3 .10-3 cm2s-1 obtained from sulfur mass balance (matching rates of 

sulfate reduction in the lake and the sulfide gradient; appendix B). We use KD = 4.10-3 cm2s-1 and 

find Mo fluxes of 2.2, 9.8 and 8.7 nmol cm-2 yr-1 across the chemocline for June 2006, September 

2006, and August 2007, respectively. We have taken into account that the chemocline was 

positioned at a shallower depth in June 2006 and thus deposited Mo over a larger area.  
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Mo sedimentation rate The net Mo flux to the sediment can be calculated in two ways. First, 

the radiotracers, 210Pb and 137Cs have been used to calculate a sedimentation rate, s, of 4-6 mm/yr 

[95]. In combination with water content and wet density of the sediment, the dry Mo concentrations 

at the surface are converted to deposition rates, yielding 16±4 nmol Mo cm-2 yr-1 and 16±3 nmol Mo 

cm-2 yr-1 for core J and core 1, respectively.  Alternatively, one can use the turbidite deposit as a 

time marker, because the turbidite was caused by an avalanche in 1951, and integrate the total Mo 

deposition to obtain the average Mo deposition rate over 56 years. The depth of the turbidite is 

marked by a sudden drop in water content, β, Loss on Ignition (LOI) and [Mo] at z =19.6 cm depth 

in core 1.  

  · 1 ·   1) 

(ρ = density of wet sediment).  This second approach yields a deposition rate of 20 nmol Mo 

cm-2 yr-1 into the sulfidic sediments which is equivalent to 20 moles yr-1  if the mean sulfidic lake 

floor area is equivalent to the area of the chemocline at 11 m depth [89]. Based on our flux 

estimates, we conclude that a substantial fraction of the sedimentary Mo reservoir is transported 

from the surface waters across the chemocline in a dissolved state, but there is still an apparently 

substantial Mo flux through subaquatic springs. 

 

Sediment return flux. The combination of increasing pore water Mo concentrations and 

decreasing solid-phase Mo (and Mo/Ti) and the consistent isotope behaviors suggests a net flux 

from the pore water towards the water column. The average mobilization rate from the deep 

sediment can be derived from linear fits of the sediment profile in figure 7b.  

  · · 1   2) 

This leads to a return flux of 3.1±1.2 and 0.7±0.4 nmol cm-2 yr-1 for core J and core 1, 

respectively. A much larger return flux is calculated from the pore water profiles using the diffusion 

coefficient for sulfate (D = 0.572.10-5 cm2 s-1 [103]), and the concentration gradient for Mo obtained 

by fitting the profiles at 0-8 cm depth (above the sulfide peak) to a 2nd or 3rd order polynomial, p(z), 

(giving R2 > 0.9), and use  = p’(z)|z=0 in  , where porosity is determined by Φ 

= ρ . β. The calculated fluxes are 15±3 nmol cm-2 yr-1 and 5±2 nmol cm-2 yr-1 and comparable to the 

deposition fluxes. We suspect, however, that Mo is transported in dissolved phase as humic 

complexes, with a much lower diffusion coefficient that the free diffusion coefficient. In fact, the 
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two pore water return flux estimates would yield the return flux calculated from the sediment 

profile using the diffusion coefficient for dissolved organic matter 0.12.10-5 cm2 s-1 [104]. We, 

therefore, favor the estimates based on the solid phase profiles. 

Elemental Mass balance A generalized Mo budget for the monimolimnion includes two 

inaccessible subaquatic components. These are the flux of Mo into the anoxic zone from subaquatic 

springs (Fsub), which deliver the denser bottom water to the lake [89], and any subaquatic flux out of 

the lake (Fsub,out). These can be included in an overall mass balance equation (equation 4), with the 

additional terms: Fchem is the flux into the anoxic zone across the chemocline, Fsed is the deposition 

flux to the sediment surface and Fsed,loss is the return Mo flux from the sediments to the water 

column. 

  dMo/dt = Fchem + Fsub - Fsed,loss - Fsed - Fsub,out  3) 

In steady state, the net subaquatic Mo source would be Fsub - Fsub,out = 7.2 ± 6.4 moles/yr (Fchem= 

6.9±4.1, Fsed,loss=1.9±1.2,  Fsed = 16±3). The subaquatic Mo outflow would be negligible to the 

subaquatic influx, if it carried the Mo concentration found in the sulfidic zone, since its water flux is 

minor to the subaquatic inlet (or the lake would dry out) which carries >20 nM Mo (details in 

appendix B). Hence, we expect the subaquatic source to discharge Mo to the sulfidic zone at 

roughly the same rate as the chemocline flux. 

 

5.3.2 Isotope budget  

The sediment is significantly enriched in 98Mo compared to the oxic reservoir and this implies 

an additional heavy source of Mo to the deep lake. We propose that subaquatic springs provide that 

heavy source. Evidence form Sr isotopes (appendix B) shows that the subaquatic springs are 

sourced in dolomitic limestone and nearby outcrops reveal a δ98Mo value close to 1.55‰ (Table 2). 

Therefore, if the dolomite is also the source of the Mo, the surface sediment isotope composition is 

balanced between the dolomitic subaquatic source, the riverine input, and the return flux of 

sediment Mo to the water column.  

 Mo.d/dt(δsulfidic) = 0 =  Fchem δchem + F sub δsub + Fesc δesc - Fsedδsed  4) 

 

The isotopic budget leads to the same conclusion as the concentration mass balance (table 8) 

that the subaquatic springs must accounts for about 7.2±4.2 nmol cm-2 yr-1 or 45±28% of the Mo 

burial flux. 
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In these calculations we have designated the δ98Mo value = 0.9±0.1‰ of the oxic zone to the 

chemocline flux and δ98Mo = 1.0±0.1‰ of Mo released into the pore fluids to the sediment return 

flux. A correction could be made, because a higher flux of light Mo isotopes from the oxic zone into 

the sulfidic zone is the expected consequence of a negative Mo gradient and positive δ98Mo 

gradient with depth, which supports a higher net flux of dissolved 95Mo than for 98Mo into the 

monimolimnion. The same phenomenon occurs for dissolved Mo diffusing out of the sediments 

into isotopically heavier sulfidic zone.  However, there is an increasing concentration gradient of 

dissolved thiomolybdates, e.g. MoS2O2
2-, establishing the reverse effect by carrying isotopically 

fractionated light Mo out of the sulfidic waters. 

 

5.4 Implications  

Isotope fractionation during burial into sulfidic sediments has direct implications for 

interpretation of the paleo-ocean redox conditions from marine sediments (e.g. [72]. Lake Cadagno 

compares with other marine euxinic systems such as Black Sea and the Cariaco Basin in terms of 

Mo burial rate, the sedimentation rate, and sediment Mo concentrations at around 100 ppm (table 

9), but displays a ~100 times steeper sulfide gradient (~100 µM/m). Isotope fractionation is 

expressed in sediments of the Cariaco basin with δ98/95Mo ≈ 3/2 δ97/95Mo = 1.78±0.12‰ [72] 

significantly lower than seawater at δ98/95Μο = 2.3±0.1‰ [54, 65]. This ~0.5‰ offset is comparable 

to the isotope fractionation observed in Lake Cadagno between sinking particles and sulfidic waters. 

Much larger fractionations of up to -2.5‰ are observed in Black Sea sediments deposited in water 

depths of up to 300 meters and H2S levels of 10 µM or less [73]. The authors conclude that sulfide 

levels influence the extent of fractionation by controlling the kinetics of the conversion of 

molybdate to the various oxythiomolybdate forms. This is completely consistent with our results, 

but the higher sulfide levels in Lake Cadagno favor the more reactive oxythiomolybdate phases and 

lower overall fractionations as discussed above. The extreme case occurs in the Black Sea bottom 

waters where Mo drawdown is nearly complete, tetra-thiomolybate is favored [73] and little to no 

fractionation is expressed. Indeed, the extent of Mo drawdown, as defined by the ratio of bottom 

water to surface water Mo concentration, provides some measure of degree to which particle 

reactive tri- and tetra-thiomolydate species dominate and therefore the overall fractionation 

expressed in the sediment. However, the relationship will not be linear and will depend on both the 



78 
 

sulfide levels present and the time available for reaction. Thus, the shallow Black Sea sediments 

express high fractionations because sulfide concentrations are low, and also because this region of 

the water column receives a diffusive flux of Mo from the overlying oxic water column limiting the 

time for reaction. In contrast, the Cariaco Basin has low sulfide levels too, H2Saq about 25 µM [98, 

105], but considerably more time for reaction. Therefore, although the overall kinetics of 

thiomolybdate formation will be slow, the more particle reactive phases will be preferred, reducing 

the overall fractionation. 

 

The degree of expressed isotope fractionation in highly sulfidic sediments is also a positive 

function of Mo drawdown as calculated by comparing bottom water to surface water Mo 

concentrations (figure 11), with a much shallower trend observed for the more sulfidic Black Sea 

sediments, Lake Cadagno and the Cariaco Basin [73] than in sediments underlying waters with 11 

nM or less. While the strong isotope fractionation occurs at low sulfide concentrations where the 

first sulfidation steps is expressed, there is still a small ~0.5‰ offset expressed on particle reactive 

Mo under high sulfide conditions, which produce sediments with a lower δ98Mo value than 

contemporaneous sea water.  

 

5.4.1 Mo budget in the modern ocean 

Authigenic flux estimates suggest euxinic sediments to account for 20-50% of the total burial in 

the modern ocean [59], and much higher in the Proterozoic ocean ([72] and manuscript 2) when 

sulfidic water masses were wide spread [12].   

Consequently, isotope fractionation during burial into the euxinic reservoir is capable of 

changing the composition of seawater.   

Preliminary work suggested the oceanic Mo budget was balanced between oxic and euxinic 

sediments, which suggested that euxinic sediments accounted for 25% of the oceanic removal term 

[72]. Subsequently, three modifications to the isotope budget can be made. First, the riverine source 

was first assumed at a δ98Mo value similar to average crust (~0‰), but has recently been found at 

0.7-1.2‰ [60]. This would force the euxinic sink to remove 55±10% of Mo from the modern ocean, 

which is surprisingly in the view that >99% of the ocean is oxygenated to the sea floor.  A second 

modification to the oceanic Mo budget is based on authigenic accumulation rates into a “suboxic” 

sink, which may account for ~25% Mo of the oceanic removal term [61]. These sediments are 

characterized by little or no oxygen in the bottom waters and the presence of sulfide just below the 
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sediment-water interface. Suboxic sediments are found with a broad range of isotope values, δ98Mo 

= 0.5-1.5‰ [84],ranging between the values of oxic and euxinic sediments and giving rise to 

significant uncertainty. For example, one would find feux = 47±19% if the the suboxic sink was 25% 

of the total removal term and δin = 0.95±0.25 ‰, δsubox = 1.0±0.5 ‰, δox = -0.70±0.15‰, δsw = 

2.3‰ and ∆eux = 0.0‰ (adopting elemental mass balance 1=fox+fsubox+feux). 

In this picture, isotope fractionation occurring during removal into the euxinic sink provides a 

minor correction to the isotope mass balance. For example, the euxinic sink expands to 56±23% 

using ∆eux = 0.5±0.15‰. In this view the isotopic constraint on Mo mass balance in the modern 

ocean is more uncertain due to the range of isotope values in suboxic sinks than the offset suggested 

to occur in non-restricted marine euxinic sediments. 

 

6 Conclusions 

With regard to the Mo paleo-ocean redox proxy, we have found that quantitative removal is not 

guaranteed in sulfidic settings even in highly sulfidic settings (H2S > 11µM). The major burial 

pathway of Mo into the sulfidic sediments in Lake Cadagno occurs by particle adsorption in the 

sulfidic water column. The scavenging process causes a dramatic Mo enrichment in the sediment 

(~130 ppm) relative to country rocks in the surrounding area (~0.5 ppm) with light Mo 

preferentially adsorbing to the sinking particles (fractionation of 0.3-0.6‰ between waters and 

particles). Mo is released during early diagenesis with preferentially light Mo mobilized into the 

pore fluids (0.2‰ between sediments and pore fluids). Isotope fractionation associated with the 

removal process in the water column is most likely to govern isotope fractionation between 

overlying sulfidic waters and the sediment with an offset towards -0.6‰ lower δ98Mo values, while 

Mo mobilization during early diagenesis can cause higher δ98Mo in the sediment end product. The 

scavenging process at the chemocline is slow by the reaction kinetics to form the particle reactive 

species, which explains the isotope fractionation occurring in marine euxinic sediments even at >11 

µM H2S. However, the isotope fractionation expressed between sediments and overlying waters is 

small and does not negate the use of Mo isotopes as a paleo-redox proxy. 
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Figures Manuscript 1 

 

 

 
 

Figure 1: Sketch of Lake Cadagno. The water body is structured in three distinct layers, the oxic mixolimnion, the 
anoxic monimolimnion and a narrow chemocline in between where phototrophic sulfur bacteria thrive. 
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Figure 2: Geographical map of Lake Cadagno, Switzerland. Water column studies have been performed within the 

>19m depth zone. The approximate location of our samples are marked on the map: sediment cores are taken from the 
deepest point and 11 meters depth (¥), outcrop samples of gneisses (●) and dolomites (○) samples have been taken from the 
catchment area. The riverine inflow to the lake was sampled from a creek at a major waterfall on the northeast side of the 

lake. Water from swamps just 50m west of the creek were sampled for comparison. 
 

 

 

 



86 
 

 



87 
 

Figure 3 (previous page): The main chemical, physical and biological characteristics of Lake Cadagno water column are 
shown in panels a)-c) for three sampling periods. Depth profiles showing O2 (■) and ΣH2S (∇) concentrations are shown in 
units of µM. The salinity increases with depth and is inversely correlated to O2 (not shown). This causes a density increase 

and thus permanent stratification throughout the year. The sulfate concentration profile from June 2006 is shown in 
millimolar in panel a), the temperature profile for September 2006 is shown in °C in panel b) and pH is shown in panel c) for 
August 2007. The annual changes in the sulfate profile are small [94], temperature varies only in the mixolimnion (surface is 

frozen in the winter, 8.6°C at 3.6m depth in June 2006) and pH varies between 6.9-7.9 at 11m depth and remains close to 
neutral at greater depths. The turbidity peaks at the chemocline which indicates the highest density of cells (not shown).  In 

panel d-f) Mo concentrations of unfiltered water/ total Mo (■), filtered water/dissolved Mo (□) and filtrate/particulate Mo (×). 
Filtrate concentrations from June were not measured. The Mo control curve (dotted line) shows that [Mo]total = [Mo]diss + 

[Mo]part  holds within precision of the analyses. 
 

 

 
 

Figure 4: Mo isotopic composition in the water column expressed as δ98Mo in permil of the dissolved water. Data from a) 
June 2006, b) September 2006 c) August 2007. Instrumental mass bias correction is made by either the Zr-doping technique 

or double spike technique as indicated in table 1. Notice the different scale in b). Dashed lines represent the subaquatic 
(dolomitic) value. 
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Figure 5: δ98Mo versus Mo/Ti on the sinking particles (■) and in the sediment core J (●, dotted line). The δ98Mo 

measurements of sediment trap material has not been replicated and so the external reproducibility of a rock standard (2 
s.d.) is shown for precision. 

  



89 
 

 

 
 

Figure 6: Pore water characteristics in Lake Cadagno. Profiles are marked with □ for core 1 sampled at the deepest 
point of the lake (21 m) in August 2007, with ● for core J sampled at the deepest point in June 2006. Panel a) shows water 

content, β, in units of gram water per gram wet sediment and concentrations H2S and SO4
2- in µM. Panel b) shows Mo 

concentrations and Fe (note the different axes). Panel c) shows δ98Mo of pore water. The dotted lines represent δ98Mo values 
of the river (0.9‰) and monimolimnion (1.8‰). The turbidite deposit for each core is marked with rectangular boxes. 

 

 

 
Figure 7: Sediment concentrations in Lake Cadagno. Profiles are marked with □ for core 1 sampled at the deepest point 

of the lake (21 m) in August 2007, with ● for core J sampled at the deepest point in June 2006. Panel a) shows Mo in ppm, Fe 
(wt%) and Mn (in units of 100 ppm on the upper scale). Panel b) shows Mo/Ti (mg/g) and organic C measured by LOI (this 
study) and TOC shown with ‘×’ [97]. Panel c) shows sedimentary δ98Mo (‰). The dotted lines represent δ98Mo values of the 
river (0.9‰) and monimolimnion (1.8‰). A linear fit in the sediment above the turbidite predicts a positive trend with depth 

of 0.16±0.05‰/10cm (R2 = 0.64). The turbidite deposit for each core is marked with rectangular boxes. 
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Figure 8: Sedimentary Mo (ppm) versus organic C (wt%) for core J sampled in June 2006 (●) and core 1 sampled in 

August 2007 (□). Both cores are sampled at the deepest point in the lake. Data inside the dotted area contains represent the 
turbiditic component. Linear fits Mo (ppm) = A x Corg (wt%) + B yields A = 22.9±2.5 and 17.7±3.9 and ordinate-intercept B = 

-21±16 and -10±23 with correlation coefficients R=0.86 and 0.67 for core J and core 1, respectively. 
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Figure 9: A generalized box model for Mo sources and sinks in the Lake Cadagno system given in moles yr-1 which 

roughly corresponds to nmol cm-2 yr-1 lake floor. See text for an evaluation of fluxes. 
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Figure 10: Schematic overview of the proposed Mo burial pathway. Isotope fractionation can occur during sulfidation of 

molybdate to particle reactive thiomolybdate. 
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Figure 11: Expressed isotope fractionation versus Mo drawdown (defined as [Mo]bottom water/[Mo]surface water). Data from 

Black Sea  [73, 98], Cariaco Basin [72, 98], and Lake Cadagno (this study) are shown with ■, □, and ○, respectively. Even 
sediments underlying sulfidic waters with >11µM H2S do express isotope fractionation. 

 

 

  



94 
 

Tables to Manuscript 1 

 

Description Depth 
m 

[Mo]diss 
nmol 
kg-1 

δ98Mo 
‰ 

n1) Technique2)/ 
Yield % 

Sr 
µmol/kg 

87Sr/86Sr3) 

 
June 2006 

Oxic water 3.0 14.3 0.78±0.16 3 100 ± 1% 12.7 0.708082 
- replicate 2 3.0 14.3 0.91±0.02 2 100 ± 1% 12.7 0.708082 
- replicate 3 3.0 14.3 0.97±0.07 3 98 ± 1% 12.7 0.708082 
- 
replicateDS 

3.0 
14.3 0.90±0.18 3 DS 12.7 

0.708082 

Oxic water 7.0 14.9 0.95±0.05 4 98 ± 2% 16.8 0.708058 
Oxic water 9.8 13.0 1.29±0.17 3 98 ± 2% 34.2 0.707994 
Oxic water 10.4 12.2 1.37±0.07 3 99 ± 2% 36.1 0.707972 
Chemocline 11.0 10.9 1.45±0.14 4 98 ± 2% 42.5 0.707966 
Sulfidic 
water 

13.0 
8.8 1.61±0.14 4 96 ± 2% 53.2 

0.707961 

Sulfidic 
water 

16.0 
8.6 1.74±0.17 6 100 ± 2% 54.8 

0.707936 

Sulfidic 
water 
 

16.0 
filtrate 

 
1.34±0.27 

 3 
88 ± 1% 

  

 

Sulfidic 
water 

19.0 
8.5 1.71±0.13 2 97 ± 1% 55.7 

0.707956 

Riverine 
inlet 

0.0 
8.0 0.86±0.20 4 98 ± 2% 0.12 

0.720920 

Swamp 
inlet 

0.0 
32.2 0.78±0.03 3 99 ± 1% 0.49 

0.717748 

Riverine 
outlet 

0.0 
14.3 1.02±0.10 3 98 ± 1% 

  

 
September 2006 

Oxic water 3.4 12.0 0.87±0.09 3 DS 12.3 0.708090 
- replicate 3.4 12.0 0.92±0.28 3 103 ± 2%   
- replicate 3.4 12.0 1.07±0.10 2 DS   
Oxic water 10.4 11.6 1.26±0.05 2 DS 30.2 0.707993 
Oxic water 10.9 12.9 1.22±0.50 2 DS 32.5 0.707987 
Chemocline 11.2 - 1.25±0.59 2 DS 37.3 0.707978 
Chemocline 11.4 - 1.38±0.11 2 DS 39.5 0.707968 
Chemocline 11.7 - 1.67±0.29 2 DS 42.5 0.707971 
Sulfidic 12.4 - 2.34±0.65 2 DS 50.6 0.707955 
Sulfidic 13.4 8.9    51.1 0.707970 

Sulfidic 
13.4 

filtrate 
 
 1.16±0.06 

 
2 

 
99 ± 3%   

Sulfidic 
14.3 

filtrate 
 

8.8 1.33±0.08 
 
3 

 
99 ± 3%   
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Sulfidic 16.4 - 2.71±2.29 2 DS 47.0 0.707968 
Sulfidic 19.4 - 1.57±0.70 2 DS 50.1 0.707949 
Riverine 
inlet 

River 
in 

- 
1.05±0.55 

2 DS 
  

Riverine 
outlet 

River 
out 

- 
1.22±0.42 

2 DS 
 

 

August 2007 
Oxic water 7.0 13.0 0.87 1 DS§ 12.9  
Oxic water 7.0 13.0 0.92±0.10 4 77±3% 12.9  
Oxic water 9.0 14.4 1.11 1 DS§ 23.2  
Oxic water 9.0 14.4 0.93±0.11 3 96±3% 23.2  
Oxic water 10.3 14.5 1.08 1 DS§ 27.4  
Oxic water 10.3 14.5 1.00±0.19 3 95±1% 27.4  
Oxic water 11.0 8.6 1.32 1 DS§ 28.8  
Oxic water 11.0 8.6 1.27±0.26 5 99±9% 28.8  
Chemocline 11.8 7.3 1.41 1 DS§ 29.8  
Chemocline 11.8 7.3 1.49±0.12 4 93±4% 29.8  
Chemocline 12.1 5.4 1.84 1 DS§ 29.6  
Chemocline 12.1 5.4 1.32±0.18 4 107±9% 29.6  
Chemocline 12.1 5.4 1.30D 1 98±9% 29.6  
Sulfidic 
water 12.5 4.6 1.79 

1 DS§ 
30.9 

 

Sulfidic 
water 12.5 4.6 1.68±0.09 

3 93±3% 
30.9 

 

Sulfidic 
water 15.0 4.4 1.61±0.23 

4 98±7% 
31.2 

 

Sulfidic 
water 19.0 4.1 1.72±0.04 

3 102±3% 
31.8 

 

flData is corrected for overspiking. 
§Quality controls for double spiked samples include: 95Mo intensity > 0.15V (Sample/noise), 2 s.d. raw 95Mo/98Mo 

< 0.5‰, 97Mo/98Mo within a factor of the optimal ratio (Spike-sample ratio), Low “99Ru” interference <0.58mV. 
 

Table 1: Mo concentrations measured by isotope dilution at Arizona State University and δ98Mo isotope fractionation 
relative to the RochMo2 standard (2 s.d. uncertainty levels) given in nmol kg-1 and ‰, respectively. 1)Number of replicate 

measurements of δ98Mo from which the reproducibility is derived (2 s.d.). 2) Method of correction for instrumental mass bias 
are either done by quantitative extraction (>92% yield) or doping with double spike (DS) prior to purification. 3) Sr isotope 

compositions measured by TIMS, the long-term producibility of the NBS 987 Sr standard for our method is 87Sr/86Sr = 
0.710235 ± 0.000017 (2 s.d.; n = 28). 
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Name Type [Sr] 1) 87Sr/86Sr nSr 
2) 

[Mo] 1) δ98Mo nMo
3) Yield

  ppm   ppm ‰  % 
dol1 Dolomite 633±61 0.70773±0.00001 7 0.48±0.04 1.56± 0.10 5 94±2 
dol2 Dolomite 277±41 0.70784±0.00004 5 0.32±0.07 1.55± 0.06 4 93±2 
gne1 Gneiss 114±4 0.72840±0.00001 6 0.28±0.03    
gne2 Gneiss 38±1 0.73645±0.00001 13 0.15±0.001    

1)  Measured on the Thermo-Fisher Scientific X-Series quadrupole ICPMS at Arizona State University by intensity 
comparison to a standard curve. 2) Number of replicate analyses for 87Sr/86Sr. 3) Number of replicate analyses for δ98Mo 
measured on different days. 

 
Table 2: Mo and Sr concentrations and their isotope compositions in rocks from the catchment area. 

 

 

 

 

Small particles 0.2-0.7 um Large particles >0.7 um 
Depth 
m 

Mo 
ng 

Mo/Fe 
mg/g 

Mo/Ti 
mg/g 

Mo1) 
ng 

Mo/Fe 
mg/g 

Mo/Ti 
mg/g 

7 16 4.5 18.5 45 n.d. - 
9 28 2.2 18.7 24 0.2 7 
12 68 3.0 37.6 4342 1.4 34 
17 56 4.6 32.4 252 3.8 135 
Blank filter 13 12.5 10.0 9 n.d. - 
Proc. blank <1 45.3 15.1 <1 11.7 11.6 

Sediment 
Sediment upper 8 cm  3.2±0.

5 
41 

1 Approximate amount of Mo in one trap estimated from the amount of analyzed filtrate. The 12m trap data is based on 
the analysis of three out of eight filters. One of the filters has 4 times more Mo than the other two and dominates the 
above average. 

 
Table 3: Mo, Mo/Fe, and Mo/Ti of small and large particles in the sediment traps. 
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Name 
 

Description 
 

δ98Mo 
(‰) 

n 
 

Method/Yield1) 

     
ST54-1c Sediment trap 7m 0.45 1 DS 
ST54-2b Sediment trap 9m ≤0.60 1 59±5% 
ST54-3b2 Sediment trap 12m 0.60 and 1.24 1 DS 
ST54-4a1 Sediment trap 17m ≤1.18 1 64±8% 
ST54-4c1 Sediment trap 17m 1.16 1 DS 
1) Isotope analyses were performed using two different methods for instrumental mass bias correction. Correction by 
external element spiking (Zr) indicates Mo loss during purification, which can fractionate towards higher δ98Mo values. 

 
Table 4: δ98Mo of sediment traps left hanging in the water column for 54 days. 

 
 

Name 
Depth 
(cm) 

[Mo] 
(ppm) 

Mo/Ti 
(mg/g) 

δ98Mo 
(‰) 

n 

June 2006, core J, 21m depth 
Sed2 2.5 132 82.6 - - 
Sed3 3.8 158 93.9 1.15±0.29 5 
Sed4 5.0 166 90.2 1.22±0.12 3 
Sed5 6.3 129 70.4 1.25±0.15 3 
Sed6 7.5 167 87.0 - - 
Sed7 8.8 180 81.3 - - 
Sed8 10.0 130 54.4 1.31±0.10 3 
Sed9 11.3 117 51.2 1.19±0.14 3 
Sed10 12.5 124 58.6 - - 
Sed11 13.8 58 25.6 - - 
Sed12 15.0 121 65.0 1.44±0.09 3 
Sed 14 17.5 123 42.6 1.37±0.19 3 
Sed 15 18.8 94 30.7 - - 
Sed16 20.0 - - 0.98±0.16 3 
Sed17 21.3 7 2.2 0.87±0.18 4 
Sed18 22.5 5 1.3 1.11±0.16 4 

 
August 2007, core 1, 21m depth 

Sed_a2 1.5 114 47.6   
Sed_a3 3.0 101 39.7   
Sed_a4 4.5 91 39.0   
Sed_a5 6.0 183 43.9   
Sed_a7 9.0 116 30.7   
Sed_a9 12.1 83 34.2   
Sed_a11 15.1 165 40.0   
Sed_a13 18.1 77 18.6   
Sed_a15 21.1 6 0.7   
Sed_a17 24.1 53 11.0   
Sed_a19 27.1 2 0.4   
Sed_a21 30.1 3 5.3   

 
Table 5: Mo, Mo/Ti and δ98Mo in solid-phase of the sediments. 
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Name 
 

Depth 
(cm) 

Mo 
µmol kg-1- 

δ98Mo 
‰ 

n1) Yield 
g/g 

 
June 2006, Core J, 21m depth 

LCJc1_pw1 0 2116 1.60±0.07 4 97±2% 
LCJc1_pw2 2.5 21    
LCJc1_pw3 3.8 167    
LCJc1_pw4 5.0 281    
LCJc1_pw5 6.3 281    
LCJc1_pw6 7.5 563 pw6 + pw7 

1.31±0.28 
  

LCJc1_pw7 8.8 1178 4 89±3% 
LCJc1_pw8 10.0 792 pw8 + pw9 

1.12±0.10 
  

LCJc1_pw9 11.3 844 3 95±3% 
LCJc1_pw10 12.5 1209 pw10 + pw11 

0.97±0.21 
  

LCJc1_pw11 13.75 2199 5 95±3% 
LCJc1_pw12 15.0 2679 -  - 
LCJc1_pw14 17.5 3262 0.97±0.03 5 99±3% 
LCJc1_pw15 18.8 2231 -  - 
LCJc1_pw16 20.0 3189 1.26±0.06 3 97±3% 
LCJc1_pw17 21.3 1303 pw17 + pw18 

1.36±0.16 
  

LCJc1_pw18 22.5 - 3 99±3% 
 

August 2007, Core 1, 21m depth 
LCAc1_pw1 0.0 23 -  - 
LCAc1_pw2 1.5 214 -  - 
LCAc1_pw3 3.0 158 -  - 
LCAc1_pw4 4.5 204 -  - 
LCAc1_pw5 6.0 355 -  - 
LCAc1_pw6 7.5 234 -  - 
LCAc1_pw7 9.0 192 -  - 
LCAc1_pw8 10.5 253 -  - 
LCAc1_pw9 12.1 109 -  - 
LCAc1_pw10 13.6 405 -  - 
LCAc1_pw11 15.1 1248 -  - 
LCAc1_pw12 16.6 1592 -  - 
LCAc1_pw13 18.1 1858 -  - 
LCAc1_pw14 19.6 1301 -  - 
LCAc1_pw15 21.1 751 -  - 
LCAc1_pw16 22.6 431 -  - 
LCAc1_pw17 24.1 4052 -  - 
LCAc1_pw18 25.6 4248 -  - 
LCAc1_pw19 27.1 313 -  - 
LCAc1_pw20 28.6 1380 -  - 
LCAc1_pw21 30.1 1739 -  - 

 
Table 6: Mo and δ98Mo in pore fluids of the sediments. 1) Number of replicate isotope analyses. 
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Date Total Mo Dissolved Mo Particulate Mo 
Total Mo inventory 

June 2006 36.2 33.7 2.5 
September 2006 31.1 30.1 1.8 
August 2007 22.5 23.5 1.0 
Average ± sd 29.8±7.0 29.1±5.2 1.8±0.7 

Mo inventory in the monimolimnion 
June 2006 7.4 5.7 1.7 
September 2006 3.6 3.0 1.3 
August 2007 2.5 2.2 1.0 
Average ± sd 4.5±2.6 3.6±1.8 1.3±0.3 

 
Table 7: Cumulative Mo inventories in Lake Cadagno (moles). Numbers are derived by stepwise integration of the 

product of the water exchange area profile from [89], and the observed Mo profiles in figure 3, table A1. In June 2006, 
particulate Mo has not been directly measured and we use particulate = total – dissolved. In September 2006 and August 

2007 the filtrate profile itself was used in the integration with no blank correction applied, hence particulate Mo + dissolved 
Mo appears slightly greater than total Mo. Importantly, the average values confirm mass balance within error. 

 

 

  δ98Mo 
‰ 

element budget flux 
nmol cm-2 yr-1 

fraction of 
sediment 

output 
Sediment Particulate 1.2 ± 0.1‰ 16±4 1 
Chemocline Dissolved 0.9± 0.1‰ 6.9±4.1 0.43±0.27 
Chemocline, isotopic constraint  7.2±4.2 0.45±0.28 
Sediment escape Dissolved 1.0 ± 0.1‰ 1.9±1.2 0.12±0.08 
Ground water in Dissolved 1.55 ± 0.1‰ 7.2 ± 6.4 0.45±0.35 
Ground water out Dissolved 1.8 ± 0.1‰ < 1.2 <0.08 

 
Table 8: Mo fluxes in Lake Cadagno 

 

 

Basin Mo 
ppm 

 Mo burial rate 
nmol Mo cm-2 

yr-1 

 H2Saq, 

bottomwater 
µM 

 

Black Sea 30-50 [73] 3-6  [98] 38 [73] 
Cariaco Basin 150-180 [72] 5-11 [43] 25 [43] 
Framvaren 
Fjord 

100-170 [42] 99-103 [98] 4120 [106] 

Lake Cadagno 110-130 * 12-20 * 150 * 
* This study. 

 
Table 9: Comparison of euxinic basins 
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Appendix to Manuscript 1 

 

Appendix A: Data Repository 

Depth 
(cm) 

Dissolved Mo 
nmol kg-1 

Particulate Mo 
nmol kg-1 

Total Mo 
nmol kg-1 

Control 
nmol kg-1 

June  2006 
3.1 14.3 - 13.9 - 
7.1 14.3 - 14.4 - 
9.1 14.9 - 14.9 - 
10.1 14.1 - 15.7 - 
10.35 13.2 - 15.4 - 
10.6 13.1 - 15.1 - 
10.85 12.9 - 14.2 - 
11.1 12.4 - 13.9 - 
11.35 12.2 - 13.0 - 
11.6 11.8 - 14.7 - 
11.85 11.3 - 12.0 - 
12.1 10.9 - 12.6 - 
12.35 10.5 - 12.0 - 
12.6 10.1 - 11.7 - 
12.85 9.6 - 11.7 - 
13.1 9.2 - 11.0 - 
14.1 8.8 - 11.5 - 
15.1 8.7 - 11.4 - 
16.1 8.7 - 11.6 - 
17.1 8.6 - 11.5 - 
18.1 8.6 - 11.9 - 
19.1 8.5 - 11.3 - 
 

September 2006 
1.4 13.0 0.4 13.9 13.4 
3.4 14.4 0.2 15.4 14.6 
7.4 14.7 0.2 14.7 14.9 
9.9 15.2 0.3 12.5 15.5 
10.4 13.9 0.3 11.7 14.2 
10.9 14.2 0.2 11.8 14.4 
11.15 11.7 0.7 11.4 12.4 
11.4 11.3 0.6 10.0 11.8 
11.65 13.3 2.0 8.3 15.3 
11.9 8.1 2.3 8.2 10.3 
12.15 6.2 2.3 7.7 8.5 
12.4 6.2 2.4 8.0 8.6 
12.65 6.4 3.2 7.6 9.6 
12.9 7.0 2.2 7.5 9.2 
13.15 6.9 1.7 7.8 8.5 
13.4 5.6 2.7 7.5 8.3 
13.9 5.2 1.7 6.6 6.9 
14.4 4.5 3.8 6.9 8.3 
15.4 4.0 2.7 6.7 6.7 
16.4 3.6 3.2 6.2 6.8 
17.4 4.1 3.6 6.2 7.6 
18.4 3.3 3.6 6.1 6.9 
19.4 3.9 3.8 6.9 7.6 
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August 2007 
3.0 11.5 0.0 10.6 11.5 
6.0 12.3 0.0 11.0 12.3 
7.0 12.2 0.0 11.4 12.2 
8.0 13.1 0.0 12.5 13.1 
8.5 12.8 0.0 12.7 12.8 
9.0 14.1 0.0 13.2 14.1 
9.5 12.3 0.0 12.1 12.3 
10.0 11.7 0.2 10.6 11.9 
10.5 10.7 0.5 7.3 11.2 
11.0 7.2 0.7 4.8 7.9 
11.5 3.6 1.9 5.0 5.5 
12.0 2.2 2.4 3.9 4.6 
12.5 2.7 2.0 4.1 4.7 
13.0 2.3 2.0 3.6 4.3 
15.0 2.9 1.8 4.1 4.7 
17.0 2.9 2.0 3.3 4.9 
19.0 1.8 2.4 4.0 4.3 

 
Table A1: Molybdenum concentrations in filtered water (dissolved), unfiltered water (total) and on the filtrate 

(particulate) for three different field trips. The relation [Mo]total = [Mo]dissolved + [Mo]particulate holds within the precision of the 
analysis (no blank substraction). Standard reproducibility of the measurement is 6.7% (2 s.d.). 
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Appendix B: Ground water flux. Eddy diffusion coefficient and subaquatic water and Mo flux 

 

The waters in Lake Cadagno are strongly influenced by a subaquatic supply of water. This 

solute rich stream is sourced in dolomitic limestone. We show this based on Sr sources of dolomites 

from outcrops near the lake (figure B1). Correlation of 1/[Sr] and 87Sr/86Sr in the water column in 

June 2006 (fitted line, R2 = 0.96) and September 2006 (R2 =0.97) confirms that Sr behaves 

conservatively in the water column. The water column Sr isotopic compositions defines a mixing 

line with the unradiogenic dolomite end member and a mixture of dilute, radiogenic Sr from the 

river and swamps (inserted panel). The standard reproducibility of the isotope measurements is 

similar or smaller than the size of the symbols. 

 

 
Figure B1: Water source characteristics in the lake. 

 

In contrast to Sr, molybdenum behaves non-conservatively in the water column. This is evident 

from plots of δ98Mo versus 87Sr/86Sr, where the isotopes compositions are clearly decoupled around 

the chemocline. 
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Figure B2: δ98Mo versus 87Sr/86Sr in the water column June 2006, September 2006 and August 2007. 87Sr/86Sr from 

August 2007 is derived from the measured Sr profile and the mixing relationship from September 2006 (figure B1). The 
decoupling of Mo and Sr isotopes is observed during all field trips. 

 

The dolomites outcrops are found to carry low Mo concentration (<1ppm), but a high δ98Mo 

value = 1.55‰ (table 2). This source is required to explain the Mo isotope budget in the lake 

(section 5.3.2). 

 

 

Eddy diffusion coefficient 

Here, we present calculations of the eddy diffusion coefficient at the chemocline from mass 

balance of sulfide in Lake Cadagno, and derive the water flux and water residence time into the 

monimolimnion through subaquatic springs based on the concentration of calcium, sulfate and 

magnesium in the ground water.  
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The major loss of H2S in Lake Cadagno occurs by oxidation at the chemocline and by 

precipitation at depth in the sediment (below 8 cm). Sulfide enters the monimolimnion from 

subaquatic springs and is produced by sulfate reduction. We derive the production rate from sulfate 

reduction rate profiles in the water column and in the sediment. Mass balance of sulfide production 

+ subaquatic source = loss at the chemocline is used to derive the eddy diffusion coefficient at the 

chemocline by a simple one-dimensional model where variations in the concentration of element 

the conservative element X occur only along the depth axis, z: 

 

Equation A1:   P = - Kz . dX/dz 

 

The sulfide gradient is derived from the sulfide profile (figure A1) and total production of 

sulfide is equal to the integrated sulfate reduction rate from the chemocline to the sediment at a 

depth of 8cm where sulfide minerals form (sulfide begins to decrease with depth). Sulfate reduction 

in the sediment accounts for 55% of the sulfide which is lost through the chemocline, while ground 

water supply and sulfate reduction in the water column accounts for an equal fraction of the rest. 

The derived values are given table B1. The sulfide gradient at the chemocline is a best fit of the 

steepest slopes. The eddy diffusion coefficient derived by this approach yields 4.1±1.3 cm2 s-1.  

 

The eddy diffusion coefficient can also be derived from temperature, conductivity and turbidity 

profiles shown in figure B4 [102]. 

 
Figure B3: Sulfate reduction rate (■ and solid line) and sulfide concentration profiles (grey solid line) in a) the water 

column and b) pore water in the sediments. Measurements from June 2006. Errorbars in b) represent 1 s.d of three replicate 
analyses of distinct sedimentary cores. 
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d[H2S]/dz. d[H2S]/dz range H2S production 
[nM cm-1] [nM cm-1] nmol cm-2 d-1 

Water column 
800 648–800 86 (67-101) 

Upper sediment (to depth of 8cm) 
251 240–263 117 (100-137) 

Flux from subaquatic springs 
[H2S] Qwater Subaquatic H2S flux§ 
[µM] [L/s] nmol cm-2 d-1 

176 µMfi 2-10 83 (28-138) 
Loss = Production + subaquatic source 

Total loss 
nmol cm-2 d-1 
286 (195-376) 

‡ Equations: P = - Kpw . dC/dx φ3, φ2-4cm  = 0.982578 (range 0.9801-0.9855), Kpw  = 0.572 .10-5 cm-2 s-1 (for sulfate), § 
Calculation: Fsub = - [H2S] sub . Q sub, water, fi) H2S = 176 µM in subaquatic springs (Mauro Tonolla, unpublished data) 

 
Table B1: Sulfide gradients and sulfate reduction rate (sulfide production) in the water column 

 

 

 
Figure B4: Eddy diffusion coefficient derived from temperature, conductivity and turbidity [102] with estimate based on 

sulfide loss at the chemocline (pink, dashed box). 
 

Chemocline flux 

 

Concentrations of SO4
2-, Mg2+-, and Ca2+  have been measured directly in the subaquatic springs 

[89] and are found to be much more abundant than in the riverine source. We can think of the 

monimolimion as a box with input flux from subaquatic springs and output flux through the 
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chemocline. The chemocline flux is derived as the product of the eddy diffusion coefficient at the 

chemocline and the corresponding concentration gradient. The flux can be used to calculate the 

subaquatic water flux Qsub (from Fchem = Fsub = Qsub .[X]), where X is a conservative species.  

 

Concentration gradients are derived from their respective profiles (figure B3) with values in 

table B2. The estimates of the ground water flux are consistent with Qwater = 1.5-3.6 L/s. We can 

take this as a minimum value if the species are removed by sedimentation or through a subaquatic 

outlet. Hence, our result agrees well with the value obtained from mixing models based on natural 

and artificial dye experiments, Qwater < 10 L/s (UHDE, 1992). From the elemental Mo budget we 

derive a Mo concentration in the ground water source of 22±20 nM (10 L/s) or 114±101 nM (2 L/s). 

 

Water residence time 

The estimated subaquatic fluxes corresponds to a residence time of water in the sulfidic zone of 

1.5-7.6 years (the volume of water in the monimolimnion is 4.8 .108L,  [89]. The residence time for 

any species in the sulfidic zone must be shorter than the water residence time (otherwise it would be 

carried away). Thus, we can look into the element cycles in the lake and use the shortest residence 

time of any element to derive the minimum residence time in the lake. We find the residence time 

for Ca2+, Mg2+ and SO4
2- are 4.8 yr, 3.0 yr, and 1.5yr, respectively. Hence, waters must reside for at 

least 1.5 years in the sulfidic zone.  

 
Figure B3: Water column sulfate, calcium and magnesium profiles for June 2006. 
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 Concentration 
gradient at the 

chemocline 

Subaquatic spring 
concentration‡ 

Flux§ Water flux Residence time

 µM cm-1 mM kmol yr-1 L/s yr 
Ca2+ 1.60 4.7 218 1.5 4.8 
Mg2+ 2.82 3.4 385 3.6 3.0 
SO4

2- 4.00 7.0 546 2.5 1.5fl 
‡ [89], We use Kz = 4.10-3 cm2 s-1 and the area of the chemocline at 10.5 meter is 1.08 .109 cm2 [89]. fl Sulfate is lost 

from the chemocline also by sulfide oxidation (this flux is estimated from the sulfide gradient) and taken into account 
here. 

 
Table B2: Element and water fluxes derived from conservative elements 

 

There is hypothetically a subaquatic outlet from the monimolimnon. However, we neglect such 

a Mo sink as it would be small Fsub,out  1.2 mols yr-1, since the water flux is smaller than the 

ground water flux into the lake and it would likely carry an average Mo concentration similar to the 

water column (2-8 nM). 
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Appendix C: Reaction kinetics of molybdate conversion to thiomolybdate 

 

The rate of sulfidation from molybdate to thiomolybdate species is calculated using the 

equations in  [56] and the pK value for the dissociation of sulfide [105]. It is mainly controlled by 

the concentration of aqueous H2S. A compilation of measured ΣH2S (≈ HS- + H2S) for various field 

trips and the calculated values using pH values shown in table C1: 

 

 

Sampling date measured ΣH2S 
bottom water 

pH calculated H2Saq 
bottom water 

June 8, 2006 237 7.11-7.02a 145-162 
June 11, 2006 254 7.11-7.02a 155-173 
June 15, 2006 261 7.11-7.02a 159-178 
September 27, 
2006 

275 6.99-7.11 a 172-188 

August 23, 2007 165.2 7.11 101 
August 26, 2006 175.3 7.11 107 

 
Table C 1: Measured ΣH2S and calculated concentrations of aqueous H2S. a Uncalibrated pH meter. 

 

The characteristic time scale to form di-, tri-, and tetra- thiomolybdate species is shown for 

various water depths. The tri-thiomolybdate species forms over a ~50 days time scale, which is 

about twice as fast as the mean residence time for Mo in the lake. This suggests most dissolved Mo 

in the deeper part of the sulfidic zone exist as MoOS3
2-, while tetrathiomolybdate may exist mostly 

adsorbed onto particles. 

 

Species [Ha] moles/liter 
NH4+ 2.50E-05 
H3O+ 7.94328E-08 
H2O 56 

H2PO4- 2.30E-06 
HCO3- 1.58E-06 

 
Table C 2: Ion concentrations in Lake Cadagno (data from K. Habicht, pers. communication) 
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Figure C1: Characteristic time scale for the sulfidation reaction at various depth in Lake Cadagno as given by t = 

(kf*([H2S]aq+1/Keq))-1 [56], depends on the ion concentrations in the lake (table C2). 
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ABSTRACT 

 

The Ediacaran appearance of macroscopic animals is commonly assumed to reflect a 

physiologically enabling increase in atmospheric and oceanic oxygen abundances (pO2). The 

abundance and isotopic composition of molybdenum (Mo) in organic-rich, euxinic sediments can 

reflect global ocean oxygenation throughout Earth history. Here, we explore the ~750 Ma Walcott 

Member of the Chuar Group, Grand Canyon, which accumulated in a rift basin with open 

connection to the ocean. Local bottom waters recorded by upper Walcott shales were anoxic and 

sulfidic, and served as sinks for marine Mo and U. Similar facies in Phanerozoic successions 

accumulated high redox-sensitive metal concentrations, but in the Walcott Member, Mo and U 

abundances are low (both ~1 ppm), Mo/Al is only ~5 times the crustal average, and δ98Mo is similar 

to modern riverine input. These results suggest that the mid-Neoproterozoic ocean was depleted in 

Mo and that Mo had a shorter residence time than today, consistent with widespread anoxic and 

sulfidic bottom waters. Our findings bridge a nearly 700 million year gap in previous Mo data, 

confirming that euxinic conditions were relatively widespread as recently as 750 Ma.  

Keywords: Mo isotopes, stable isotope fractionation, molybdenum, uranium, paleo-redox,  

Chuar Group, Grand Canyon, Neoproterozoic, black shales,  anoxic environments, euxinia. 

 

INTRODUCTION 

The current model for ocean chemistry between 1.84 and 1.0 Ga includes the presence of 

free sulfide in the oxygen minimum zone to remove Fe2+ from overlying waters [12, 13, 23]. This 

situation dramatically affected the global molybdenum (Mo) cycle, and its consequences can be 

observed in the step-wise increase of average Mo concentrations in black shales through the 

Archean (~3.3 ppm), Proterozoic (~24 ppm) and into the Phanerozoic (~164 ppm) [43]. Mo and U 

inventories in seawater are functions of marine redox conditions and can be inferred from Mo and U 

enrichments in organic-rich euxinic black shales [107]. To appreciate the significance of redox-

sensitive metal abundances and their isotopic composition we briefly review the geochemistry of 

Mo and U.  

Mo is readily scavenged from sulfidic waters but is highly soluble, with a long residence 

time (~ 800 k.y.), in the oxygenated waters that dominate modern oceans [59]. Mo removal would 

be efficient in a sulfidic ocean, driving the marine inventory down and resulting in a shorter 

residence time for Mo.  In euxinic sediments underlying anoxic and sulfidic waters, Mo is 
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associated with organic matter [42]. It exists in black shales with a mean oxidation state between its 

tetravalent reduced form (MoS2) and the hexavalent thiomolybdate species (MoOxS4-x
2-) [87]. 

Molybdate in surface waters converts to particle reactive thiomolybdate in the water column where 

[H2S]aq >11 µM [56, 73]. Thiomolybdate adsorbs to particles and this is the main removal 

mechanism to the sediments Dahl et al. manuscript 1). Most likely Mo follows organic matter into 

euxinic sediments as it typically correlates with TOC in marine settings [42]. The δ98Mo values 

mirror those of overlying seawater. In principle, low sedimentary metal abundance in some settings 

could be caused by the absence of either a particle carrier or low sulfide concentrations and, 

therefore, not directly reflect low metal inventory in the overlying water column. However, such a 

false conclusion will only appear in samples with unusually high Mo/TOC values or a low degree of 

pyritization. Overall, the best targets to record the δ98Mo of contemporaneous sea water are organic-

rich sediments with high DOP deposited in a marine setting with open access to ocean (Gordon et 

al. 2008). 

The chemical behavior of U is similar to Mo and provides complementary evidence for 

widespread marine anoxia. Like molybdenum, uranium is soluble in its oxidized UVI state and has a 

long residence time in the modern ocean. In natural waters it exists as a uranyl-carbonate anion 

complex [108] and accumulates in organic-rich, oxygen-deficient sediments [61, 109-111]. The 

primary transfer to the sediment is by diffusion across the sediment-water interface [109, 112]. U 

accumulates at roughly the same rate in euxinic sediments as in suboxic sediments where sulfide is 

restricted to the pore waters [61]. Thus, thus its removal is insensitive to the presence of dissolved 

sulfide.  

The molybdenum (Mo) stable isotope system [40, 72] can indicate the average redox-state 

of the ocean. This is because Mo has a long residence time relative to ocean mixing time and thus 

the ocean carries a uniform δ98Mo17 value [54]. The sea water value is significantly higher than the 

riverine source. Most fractionation is thought to occur during inefficient Mo removal to sediments 

accumulating under oxic conditions by adsorption onto Fe- and Mn-oxides [53, 54, 57, 71, 84, 113]. 

In contrast, quantitative scavenging into euxinic depositional settings such as the Black Sea results 

in preservation of the seawater δ98Mo signature [53, 72]. Suboxic sediments are also fractionated 

relative to seawater with values intermediate between the other two sinks. Hence, global ocean 

δ98Mo is roughly determined by the balance between sulfidic and non-sulfidic bottom waters [40, 

                                                      
17 δ98Mo = [(98Mo/95Mo)sample/(98Mo/95Mo)standard  -1].103. 
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53, 54], and δ98Mo of ancient oceans is commonly inferred from δ98Mo in euxinic and organic-rich 

shales [53, 57, 72, 114-116].  

We examined the metal concentrations and isotopic composition of Mo in ~750 Ma 

sedimentary rocks from the Walcott Member, Chuar Group, Grand Canyon, USA. A previous study 

suggested that these sediments were deposited from sulfidic ocean water (Canfield et al., 2008). The 

present study aims to assess the global extent of anoxic and sulfidic conditions at this time. This 

data could complement the existing Mo isotope data base which suggests widespread marine 

sulfidic conditions at 1400 Ma [72].  

 

GEOLOGICAL SETTING 

The Chuar Group was deposited in an intracratonic rift basin at near-equatorial (2°S to 18°N) 

latitudes [117, 118] during break-up of the supercontinent Rodinia [119]. The ~1600 m deep 

stratigraphic column is subdivided into the Kwagunt and the underlying Galeros formations. The 

stratigraphy of the uppermost part (Walcott Member) of the Kwagunt Formation is illustrated in 

Figure 1 [120]. Samples were collected from outcrops in the Sixty-Mile Canyon and the NE Flank 

of Nankoweap Butte [121].  

The ~250 meter thick Walcott Member is capped by an ash layer hosting zircons with a U-

Pb age of 742±6 Ma [119]. U-Pb dating of shale-hosted monazite yields an age of ca. 770 Ma for 

the bottom of the Galeros Formation, some 1400 m lower in the Chuar succession (Williams et al. 

2003). The Walcott Member consists of organic-rich mudrock with interbedded dolomite. Our 

samples come from finely laminated mudrock and dolomicrites, which experienced minimal 

thermal alteration (well below greenschist facies) [121].  

The Chuar Basin was marine and had contact to the open ocean, as recorded by sedimentary 

structures and features indicative of tidal influence [120]. Moreover, microfossils in Chuar rocks 

belong to taxa that are widespread and commonly observed in 800-750 Ma successions around the 

world [122, 123], providing additional indication that the basin was not overly restricted.  The 

group is exposed over 150 km2 and the stratigraphic thickness of the Walcott Member provide 

further evidence that the depositional environment persisted regionally for millions of years. 

Fe speciation for the sediments of this study have been previously conducted, including 

degree-of-pyritization (DOP), and index of anoxicity (IA = FeHighlyReactive/FeTotal) [23]. The total 

organic carbon content and δ13C of the organic matter have also been reported previously [119, 

121].  
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METHODS 

Sample preparation procedures for metal abundances, Mo isotopes, organic carbon content 

and DOP measurements are described in appendix 1. Mo isotope compositions were determined by 

MC-ICP-MS (Thermo Scientific Neptune) at Arizona State University in the W.M. Keck 

Foundation Laboratory for Environmental Biogeochemistry. Zr was used as an internal “element 

spike” to monitor and correct instrumental mass discrimination [124]. Quality control measures 

included (1) the use of sample-standard bracketing to compensate for differences in the relative 

fractionation behavior of Mo and Zr; (2) agreement between the sample-standard bracketed and the 

Zr-normalized sample-standard bracketed value to within 0.5‰; (3) internal agreement of the 

fractionation per amu of δ92/95Mo, δ98Mo and δ100/95Mo within 0.10‰/amu; (4) frequent analysis of 

a previously-characterized natural sample, a ‘gravimetric’ standard and a ‘gravimetric natural 

sample’ (gravimetric refers to samples with sufficient 95Mo spike weighted and added to the 

solutions to give a known offset of 1‰); (5) analysis of each sample solution in triplicate and (6) 

for some samples, analyses of two complete replicate digests (including replicate digestion and 

chemical processing). The long-term external reproducibility (2σ) of a rock standard (SDO-1) was 

better than ± 0.15‰. 

 

RESULTS AND DISCUSSION 

The δ98Mo data are presented in figure 1 and 2, along with Mo and U concentrations, IA 

values, DOP values (definition in caption of figure 1), Mo and U enrichment factors (definition in 

caption of figure 2). The Mo and δ98Mo data are not controlled by lithology or position in the 

stratigraphic column (figures 1 and 2). The depositional environment in the upper Walcott Member 

is classified as anoxic and sulfidic by its high IA and DOP > 0.7 [23, 125]. In a few samples, DOP 

is driven below the sulfidic threshold by a carbonate-associated Fe pool. These samples have >10 

wt% Ca and <1 wt% Al (marked with asterisks figure 1 and 2 and table A.1 in appendix to 

manuscript 2). The lowermost part of the Walcott Member deposited from a shallow, non-sulfidic 

water column [120] with variable redox-conditions including anoxic or even oxic deposition. For 

these reasons, Mo concentration and δ98Mo in the lower part of the section may reflect an 

isotopically fractionated component and are ill-suited to evaluate sea water composition [72].  

In the upper part of the Walcott Member, euxinic sediments show unusually low 

concentrations of Mo (~1-2 ppm) and U (~2 ppm). Despite the low metal abundances, the 

enrichment factors (EF) for Mo and U are elevated, at ~ 6 and ~ 4 respectively, compared to 
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average crustal values (enrichment factors are defined in the caption of figure 2). Thus, the 

hydrogenous (seawater) component of Mo and U in these shales probably dominates over the 

detrital fraction. Both Mo concentrations and Mo enrichment factors for the Walcott Member are 

lower than the average Proterozoic values of ~ 24 ppm Mo and Mo EF ~21 for pyritic black shales 

[41, 43], and somewhat higher than Archean black shales ~3.3 ppm Mo and Mo EF ~ 2.  No current 

summary exists of U concentrations in black shales through time, but U concentrations in Chuar 

sediments are substantially lower than those of Phanerozoic black shales, such as, for example, the 

100-300 ppm U measured in the late Cambrian (Furongian) Alum Shale of Sweden [126], the ~160 

ppm U in the Pennsylvanian Mecca Quarry Shale, Illinois [127], and ~14 ppm authigenic U in 

modern euxinic Black Sea sediments [128].  

Walcott shales contain 0.5-4 wt% organic C (figure 2), corresponding to Mo/TOC ~ 1 

ppm/wt% which is significantly lower than the Proterozoic average of 6.4 ppm/wt% [43]. 

Therefore, Mo scavenging by adsorption onto organic matter must have been possible in the sulfidic 

Chuar basin and limited scavenging cannot explain the low Mo abundance in the sediments. 

Contrary, the low metal abundances in the more basinal facies of the Walcott Member show that the 

overlying water column had low concentrations of Mo and U.  

The δ98Mo composition in the upper Walcott Member (figure 2) is 0.93±0.24‰ (2 s.d.), 

within the range of modern rivers 0.7-1.2‰ [60], and well below modern euxinic sediments, in 

which δ98Mo  = 1.7-2.3. The generally uniform range in δ98Mo for the upper Walcott Member, 

together with elevated DOP and IA, suggests quantitative sequestration of Mo; thus, average δ98Mo 

reflects the composition of contemporaneous seawater. Because the Chuar basin was well-

connected with the global ocean, these observations suggest the δ98Mo of the global ocean 742 

million years ago was not significantly fractionated relative to riverine input. This signature implies 

that the Mo-isotope fractionating oxic and suboxic sinks at this time were negligible compared to 

the sulfidic sink. Thus, the mid-Neoproterozoic oceans at ~742Ma were extensively sulfidic. 

 

A simple model of the ancient Mo cycle based on modern flux rates suggests that the 

residence time for molybdenum is always much larger than the time scale for modern ocean 

ventilation. Thus, the open ocean will carry a homogeneous Mo composition, even if most of the 

ocean floor was covered by suboxia/anoxia (derivation in Samples and Methods). Hence, δ98Mo in 

euxinic marine sediments will reflect global conditions.  
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It is possible that the molybdenum in the Chuar sediments were isotopically fractionated 

relative to sea water as observed by a ~ -0.4‰ offset in some modern marine euxinic sediments 

[72]. However, this would not change our general conclusions from isotopic mass balance that the 

euxinic sink vastly dominates Mo removal, since δ98Mo of marine euxinic sediments would be 

indistinguishable from the expected value of the source.  

δ98Mo of modern riverine input is uncertain, but clearly positive relative to average crust. 

This fractionation appears either during oxic weathering and/or during transport [60]. None of these 

processes are obviously sensitive to increases in atmospheric oxygen from the Neoproterozoic, ≤0.1 

PAL [9, 48] to modern levels. If we allow the global rivers to discharge at the low end of the 

modern values δ98Mo = 0.7‰, a suboxic sink would account for 30% of the Mo removal term. This 

value is overestimated if the oxic sink was significant and underestimated if fractionation was 

expressed into the euxinic sink. 

The low Mo and U values in the Walcott sediments are reminiscent of Archean and some 

Proterozoic shales, but not like those appearing in the Phanerozoic [43], corroborating the inference 

from Fe speciation that subsurface anoxia may have continued well into the Neoproterozoic. Our 

data fill in a stratigraphic gap between the ca. 1400 Ma Velkerri Formation (Roper Group, 

McArthur Basin) with average Mo concentration ranging between 10 ppm and 120 ppm [72]) and 

the 663 Ma Datango Formation, south China, with average Mo concentration ~20 ppm [43]. Our 

data also add to a growing body of Mo isotope studies showing the presence of sulfidic marine 

conditions in Proterozoic oceans.  Previous studies include euxinic sediments from the ~1.4 Ga 

Velkerri Formation in the McArthur Basin and the ~1.7 Ga Wollogorang Formation both in 

Northern Australia which also have Mo-isotope compositions comparable to modern rivers (δ98Mo 

values 0.4-1.1‰) [72]. 

The accumulated data demonstrate extensive sulfidic conditions in mid-Neoproterozoic 

oceans from both Mo and U concentrations and Mo isotopes. Our data improve the temporal 

resolution of sulfidic conditions in ancient oceans and reinforce the utility of Mo concentrations in 

euxinic sediments as an indicator of the extent of sulfidic conditions in ancient oceans.  

 

IMPLICATIONS 

Our data show a strong similarity to those from ~1.7 Ga and 1.4 Ga black shales in northern 

Australia [72] and, as such, provide evidence for widespread anoxia and sulfidic ocean conditions 

from the mid-Proterozoic into the mid-Neoproterozoic.  
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This finding is qualitatively consistent with current models for the Proterozoic ocean which 

posit that free sulfide in subsurface water masses excluded the presence of banded iron formations 

from ~1.8 Ga until the later Neoproterozoic, when ferruginous deep water conditions were 

reestablished and BIFs again deposited [23, 44, 52]. Moreover, widespread anoxia implies low 

atmospheric oxygen levels which can explain the absence of macroscopic life forms during pre-

Ediacaran times [45, 129]. 
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Figures to Manuscript 2 

 

 
 

Figure 1. Stratigraphic profile of the Chuar Group (after Dehler et al. 2001) and analyzed profiles in the Sixty Mile 
Canyon section: a) δ98Mo in ‰ difference from the ASU in-house RochMo2 standard. Errors (2σ) include measurement 
uncertainty and values obtained from replicate digestions plot within the external reproducibility. b) Mo concentrations 
(ppm), c) degree of pyritization (DOP = FeP/FeT) and Index of Anoxicity (IA = FeHR/FeT). Samples with >10 wt% Ca and 

<1wt% Al are marked with an asterisk for “carbonate rich”. 
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Figure 2. The upper Walcott Member (Chuar Group) is shown with ‘■’ δ98Mo (‰), ‘●’ Mo (ppm), ‘○’ Mo- and ‘∆’ U 

enrichment factor, and ‘▼’ organic carbon (wt %). Stratigraphic height is measured in meters above the Walcott base. 
Carbonate rich samples are marked with asterisk. Metal enrichment factors are calculated by EF = (Mo/Al)sample/(Mo/Al)av. 

crust  using average crustal values from Taylor and McLennon (1995). Typical values for Archean- and Proterozoic black 
shales are shown for reference [43]. Organic carbon content as LOI (definition in appendix 1) and previous TOC values [119] 

are shown with ‘▼’ and ‘ ’, respectively. Samples with >10 wt% Ca and <1 wt% Al are marked with an asterisk for 
“carbonate rich”. Metal enrichment factors are calculated by EF = (Mo/Al)sample/(Mo/Al)av. crust  using average crustal values 

in second row as the reference [130]. Typical MoEF values for Archean- and Proterozoic black shales are 2 and 21, 
respectively [41]. This normalization compensates for variable dilution by carbonate sedimentation and facilitates 

visualization of authigenic enrichment. 
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Appendix to Manuscript 2 

 

Data repository 

Exposure Carbonate Height1) δ98Mo [Mo] [U] IA FeP/FeHR Mo EF U EF 
(average crust) rich m ‰ ppm ppm g/g g/g (0.19) (0.35) 
AK-10-60-38 SMC * 230.5 n.a. 0.37 0.4 0.80 0.86 5.83 3.71 
AK-10-60-39 SMC  219.5 0.92±0.19 3.45 3.7 0.87 0.59 4.47 2.59 
AK-10-60-36 SMC * 217 1.05±0.37 0.95 0.9 n.a. n.a. 19.5 10.3 
replicate-36b SMC * 217 1.15±0.14 1.31 n.a. n.a. n.a. - - 
AK-10-60-35 SMC n.a. 215 1.13±0.38 2.66 6.5 0.80 0.84 n.a. n.a. 
replicate -35b  SMC n.a. 215 1.06±0.12 5.36 n.a. - - - - 
AK-10-60-34 SMC  210 0.91±0.27 0.82 2.4 0.72 0.63 0.67 1.04 
AK-10-60-33 SMC  202.2 0.81±0.28 3.40 4.3 0.87 0.88 3.29 2.27 
AK-10-60-32 SMC * 190 n.a. 0.46 0.5 0.89 0.22 1.98 1.24 
AK-10-60-31 SMC * 175 0.82±0.17 0.74 0.6 1.02 0.32 13.2 5.87 
replicate-31b SMC * 175 0.88±0.19 1.22 n.a. - - - - 
AK-10-60-30 SMC  157 n.a. 2.36 2.9 0.83 0.83 3.51 2.37 
AK-10-60-29 SMC  150 0.87±0.17 0.72 2.7 0.83 0.78 1.01 2.10 
AK-10-60-28 SMC n.a. 145 0.89±0.12 5.19 n.a. 0.93 0.78 n.a. n.a. 
AK-10-60-19 SMC n.a. 9 0.45 0.46 n.a. n.a. n.a. n.a. n.a. 
AK-10-60-16 SMC n.a. 6 0.98±0.14 0.53 n.a. 0.82 0.03 n.a. n.a. 
AK-10-60-13 SMC n.a. -2 0.63±0.03 0.29 n.a. 0.10 0.01 n.a. n.a. 
AK-10-53-12 NB n.a. 249.6 0.18±0.02 12.07 n.a. n.a. n.a. n.a. n.a. 
AK-10-53-13 NB n.a. 248.5 1.19±0.16 3.19 n.a. 0.82 0.02 n.a. n.a. 
AK105313A NB  235 0.71±0.06 0.21 n.a. 0.82 0.61 n.a. n.a. 
AK-10-53-15 NB n.a. 40 0.51±0.10 1.91 n.a. 0.81 0.02 n.a. n.a. 
 

Table 1: Sample locations and stratigraphic positions with δ98Mo, Mo, U, IA and DOP for mudrocks in the Walcott 
Member of Chuar Group, Grand Canyon, USA. Samples with >10 wt% Ca and <1 wt% Al are marked with an asterisk for 
“carbonate rich”. Entries marked ”n.a.” were not analyzed. Fe speciation data of the same samples were measured by [23]. 

The δ98Mo measurements are presented with respect to the in-house Mo standard (”RochMo2”) where modern seawater has 
a value of 2.34 ±0.19‰ (Barling et al., 2001; Siebert et al., 2003) and error bars represent 2 s.d. of three replicate analyses on 
different days. Sample localities are Sixty-Mile Canyon (SMC) and NE Flank of Nankoweap Butte (NB). 1) Heights are given 

relative to the base of the Walcott Member. Metal enrichment factors are calculated by EF = (Mo/Al)sample/(Mo/Al)av. crust  
using average crustal values in second row as the reference [130]. Typical MoEF values for Archean- and Proterozoic black 
shales are 2 and 21, respectively [41]. This normalization compensates for variable dilution by carbonate sedimentation and 

facilitates visualization of authigenic enrichment. 
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Sample preparation  

Rock samples were crushed in a ceramic mortar and ashed at 550°C for 12 hours before digestion. 

The loss on ignition (LOI) was measured by weight and the organic carbon content calculated by 

assuming quantitative oxidation of organic matter to CO2. This method is known to underestimate 

organic C content due to weight gain by oxidation of reduced Fe species. The values are obtained 

by LOI are very similar to previous TOC measurements [119]. Fe speciations were determined at 

University of Southern Denmark using a calibrated extraction method [21, 23]. The fraction of 

highly reactive iron was determined as the sum of leaches using acetate (Fe-carbonate), dithionite 

(magnetite), oxalate (other Fe oxides) and CrCl2 (pyrite). The definition of degree of pyritization 

used in this study is DOP = Fepyrite/FeHR and the index of anoxicity by IA = FeHR/FeTotal, where FeHR 

= Fepyrite + Feacetate + Feoxalate + Femagnetite. 

 

For Mo and U concentration and Mo isotope analysis the samples were prepared and analyzed 

at Arizona State University. Rock powders were weighed into Teflon vials and digested using a 5:1 

mixture of conc. HF and conc. HNO3 for 48 hours. After acid evaporation the samples were 

dissolved in concentrated HCl for 24 hours and finally re-dissolved in 6M HCl.  

 

For isotopes, Mo was extracted by techniques described in Barling et al. (2001). An aliquot of 

the sample was taken before and after the purification procedure to check quantitative chemical 

recovery during ion exchange purification 

 

Trace metal analysis 

Metal concentrations were measured in 2% HNO3 solutions with a quadropole ICP-MS. A 

correction for plasma suppression was made by monitoring the response of a continuous supply of 

internal standard (Ge, Y, In, Bi) mixed online into the sample during analysis. The conversion from 

intensity to concentrations was done by comparison to a known multi-element standard made from 

single element ICP solutions with elemental concentrations optimized for black shales measured at 

four different intensities. A standard curve was measured before, during and after the samples to 

eliminate drift in the observed values.  
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Mo residence time in Paleo-Oceans 

Our interpretation rests upon the geological observation that Chuar basin was a marine setting, and 

thus was in contact with the open ocean, but did the ocean have a global Mo isotope signature? 

Since anoxic conditions were widespread, Mo burial rates would be higher than today and reduce 

the Mo residence time in the ocean. To address this issue we derive a simple model for the Mo 

budget using modern burial rates [43] and scale the sink fluxes linearly to oceanic [Mo].  

 

The Mo inventory in the ocean is controlled by its fluxes: 

(1)   dMo/dt = Fsources - Fsinks 

 

Mo is sourced into the ocean mainly by rivers (1.9 .108 moles yr-1) and the sinks are typically 

labelled after specific redox conditions ([59, 61]. In the modern marine budget, the major sinks 

include oxic, suboxic (and anoxic) and euxinic sediments [43]:  

(2)     Fsinks = Fox + Fsub + Feux 

 

An extrapolation to the ancient Mo cycle must take into account that the Mo inventory in the ocean 

was lower than today and thus the burial rates were lower. The simplest approach is to assume that 

burial fluxes are proportional to [Mo] of contemporaneous seawater: 

(3)    Fi = Fi,today .[Mo]/[Motoday] 

i = oxic, euxinic or suboxic. 

 

This leads to a simple 1st order differential equation:  

(4)    dMo/dt = a – b .Mo 

where a and b are constants. The evolution of the total Mo inventory in the ocean is: 

(5)    Mo(t) = Moterm +  (Mo0 - Moterm). exp (-t/τ) 

The terminal Mo inventory (Moterm) and Mo residence time scale (τ) is then given by: 

(6)    Moterm = Fsource
. τ 

(7)   τ = M-1 . τtoday 

 

The burial forcing function M depends on the areal extent of each redox environment.  

Substituting parameter values from [43] gives a forcing function: 
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(8)    M = 0.3673 (fox/0.9) + 0.5102 (fsub/0.01)+ 0.1224 (feux/0.0005) 

 

In the modern marine system one solution to the budget is fox = 0.9, fsub = 0.01 and feux = 0.0005 

(M=1) with burial rates 0.021, 2.6 and 13 nmol cm-2 yr-1 for oxic, suboxic and euxinic sediments, 

respectively [43].  

 

The results are illustrated in figure A.1. It turns out that the residence time scale is always large 

compared to modern ocean mixing time scales (~1.5 kyr) unless the areal extent of euxinic seafloor 

approaches unity (= widespread euxinia). Ocean ventilation may have been slower than today and 

we plot in figure A1 the what happens if ocean circulation operated on a 10 fold longer time scale. 

If the suboxic settings expanded to 10 and 100% of the seafloor, the residence time would be 130 

kyr and 14 kyr, respectively. At the same 10% and 100% coverage of euxinia, the higher burial 

rates would force the residence time to 30 kyr and 3 kyr, respectively. However, the burial rates are 

greatly exaggerated since burial rates are based on shelf data where sedimentary particle fluxes are 

large. This leads to underestimates of the Mo residence time, since particle limitation in the open 

ocean may reduce burial fluxes. Consequently, the Mo isotope paleo-ocean redox proxy applied to 

marine sediments deposited in non-restricted basins will practically always reflect global 

conditions. 

 

The model requires widespread sulfidic seafloor for Mo gradients to build up in coastal zones 

(τ/τocean ~ 1). Only when the ocean was entirely sulfidic, Mo could have a short residence time and 

sediments reflect the local source, but in this case the sediments would carry δ98Mo similar to local 

rivers and indicate widespread euxinia too. 
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Figure A.1:  Double logaritmic plot showing the inverse relationship between critical coverage and removal rate (scaled 

to [Mo]= 105 nM). The Mo residence time governs the ocean’s ability to carry a heterogeneous Mo composition, the critical 
lines show 1x and 10x- ocean mixing time scale (thick black line: 1.5 kyrs; thin black line: 15 kyrs). The ocean is clearly 

heterogeneous at 1500 yrs and may built Mo gradients even at τ = 15 kyrs if ocean ventilation was slower than today. The 
oxic removal rate is much too low to cause heterogeneous oceans. It appears that the removal rate into the suboxic sink alone 
is unable to drive the ocean heterogeneous, thus only the most extreme euxinic cases would cause regional variations in sea 

water δ98Mo. 
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The last major rise in the oxygenation state of the Earth is thought to coincide with the 

evolution metazoans during the late Ediacaran.  However, increasing evidence points to a 

persistence or return to a reducing ocean during the succeeding Cambrian.  This reducing 

Cambrian ocean undoubtedly had an impact on the evolution and extinction of early 

metazoan life as suggested by the extreme evolutionary patterns expressed by Cambrian 

metazoans.  Here, we present molybdenum isotope and concentration data from an oceanic 

event during the Late Cambrian that support the existence of a widespread reducing ocean 

and show that the transition from the largely oxygen-deficient ocean of the Proterozoic to the 

well-oxygenated conditions assumed for the early Paleozoic was not as straightforward as 

once envisioned. 

 

The Cambrian (542-488 million years ago), with its evolutionary “explosion” of calcified 

metazoans, was a pivotal moment in the history of life on Earth.  Some evidence from the Latest 

Ediacaran (the interval immediately preceding the Cambrian) point to a shift from a widely 
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reducing ocean to a well-oxygenated one [43, 47, 48]. The redox state of the global deep ocean 

during the ca. 3 billion years preceding the Ediacaran and Cambrian is thought to have been 

dominantly reducing [12, 131], which may have presented environmental and chemical barriers to 

the evolution of metazoan life [8].  Thus, increasing oxygenation of the ocean across the Ediacaran-

Cambrian transition may have led to the rise of calcified metazoans at the opening of the Cambrian.  

 

The history of the oxidation state of the ocean immediately following the Cambrian Explosion is 

less well known.  This interval is characterized by a conspicuous plateau in marine diversity, driven 

by extinction and diversification rates that are among the highest observed in the fossil record [132].  

Among these biological events is the loss of newly evolved, large, sessile calcifying metazoans and 

peculiar, repeating patterns of diversification and extinction in trilobites.  Recent studies of the 

Ediacaran and earliest Cambrian have argued that oxygen-deficient conditions may have persisted 

or returned in the deep ocean [23, 133, 134] and may be linked to these biological events.  

However, the temporal persistence of this oxygen-deficient deep ocean and its biological 

consequences is largely unknown. 

 

Also occurring during the Cambrian are large, rapid (of a few million years duration or less) 

excursions in the marine carbon isotope record, likely indicating perturbations in the global carbon 

cycle [135-139]. Many of these excursions are temporally coincident with biological events, 

suggesting linkages among the records [137].  The last large excursion in the Cambrian, the 

Steptoean Positive Carbon Isotope Excursion, or SPICE, is the subject of this study.    

 

The SPICE is a 4-6‰ excursion that occurs globally in the earliest Late Cambrian [77, 79, 137, 

139].  Coincident with its initiation is a trilobite extinction that is also recognized worldwide [137, 

140].  Our recent work, based on carbon and sulfur isotope stratigraphy and geochemical box 

modeling, has shown that the SPICE event was likely caused by enhanced carbon and sulfur burial 

under sulfidic bottom waters in the deep ocean [78, 141].  Here, we present molybdenum 

concentration and isotope data from the SPICE event to assess the nature and spatial event of 

marine oxygen-deficiency during the SPICE event.  

 

The redox state of the ocean can be reflected in the isotopic composition of molybdenum in 

seawater, which reflects the balance between the inputs and outputs of molybdenum to the ocean.  
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In an oxic world, molybdenum is delivered to the ocean through continental weathering as the 

stable molybdate ion (MoO4
2-) with an average, present-day isotopic composition of 0.7‰ [60].  

This value, enriched in 98Mo compared to average continental rocks, ~0‰, may reflect internal 

redox cycling in river basins [60].    

 

Under oxic depositional conditions, molybdenum can be removed from seawater by adsorption 

onto ferromanganese oxides.  This process yields an isotopic fractionation of approximately -3‰ as 

a result of preferential adsorption of the lighter isotope onto the oxide phases [54, 57].  The δ98Mo 

of modern seawater (2.3‰) is dominated by this fractionation and implies a large oxic sink in the 

modern molybdenum budget.  Suboxic depositional environments — that is, settings characterized 

by little to no oxygen in the bottom water but with free hydrogen sulfide confined to the pore waters 

— have been shown to fractionate molybdenum during uptake.  Like oxic settings, the suboxic sink 

is characterized by negative fractionations, but of smaller magnitude.  Recent work has revealed a 

wide spread in the isotopic composition of molybdenum sequestered in these sediments, with an 

average fractionation of approximately -1‰ relative to seawater [83, 84]. 

 

Molybdate is converted through particle reactive oxythiomolybdate ions to tetrathiomolybdate 

(MoS4
2-) under sulfidic conditions, when [H2S] is greater than 11 µM [56, 87].  Tetrathiomolybdate 

and the oxythiomolybdates ions can be removed from solution by reactions with organic molecules 

and iron sulfides.  In euxinic sediments, which are devoid of oxygen and contain sulfide in the 

overlying water column, molybdenum is buried at rates 10 and500 times higher than in suboxic and 

oxic sediments [43] and can reach concentrations much greater (10-100s of ppm) than those seen in 

average crust (~1-2 ppm) [42].  Importantly, since conversion to MoS4
2- and its removal can be 

nearly to fully quantitative, sediments deposited under euxinic conditions can reflect the isotopic 

composition of seawater [54, 72, 73].  Because the euxinic sink is efficient, the oceanic reservoir of 

the molybdenum can be drawn down during intervals of widespread euxinic/sulfidic deposition, 

yielding muted enrichments [43, 86, 115].    

 

The fundamental assumption when applying the molybdenum isotope proxy to track the δ98Mo 

of ancient seawater is that the host sediments were sufficiently sulfidic to capture the δ98Mo of 

seawater (i.e., euxinic with high enough sulfide concentrations) [73, 85].  Characterization of the 
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depositional redox conditions is therefore of utmost importance to rule out fractionations from 

seawater linked to local conditions.   

 

Iron proxies (e.g. Degree of Pyritization [DOP], Fe/Al) have proven valuable in the delineation 

of at least local euxinia (reviewed by Lyons and Severmann 2006 [24]; see supplement for a 

detailed discussion of the application iron proxies as a test for ancient euxinia).  Such conditions are 

a prerequisite for the Mo isotope proxy [85], and these proxies indicate euxinic deposition 

immediately before, during, and after the SPICE event in the Alum Basin (DOP>0.7 and Fe/Al>0.5; 

Figure 1), despite the presence of benthic dwelling trilobites in the Alum Shale.  We argue that the 

presence of these trilobites could represent several processes including storm deposits and periodic 

oxygenation events that allowed brief benthic colonization.  Such patterns have been well 

documented in euxinic Jurassic sediments [142].  The brevity of these oxygenation events is 

evidenced by the lack of bioturbation and thus preservation of fine, millimeter-scale laminations 

and a clear euxinic signal from our Fe proxies even in samples that contained the fauna. 

 

In short, our iron proxy data argue for dominantly euxinic deposition for Alum sediments and 

thus affirm their capacity to sequester redox sensitive metals. This potential, based on our data, 

fluctuated very little over the temporal extent of the SPICE event.  This predominance of euxinia 

allows us to argue that patterns of molybdenum enrichment and isotope variability for the Alum 

Shale likely record changes in the seawater molybdenum inventory rather than fractionations and 

enrichments that varied with local redox (i.e., occurrence of suboxic or oxic isotope fractionations 

and uptake limited by sulfide availability in the water column).  Therefore, molybdenum 

enrichments and isotopic values in this interval should track the properties of the marine Mo 

reservoir. 

 

The molydenum concentration data show that the global increase in sulfidic deposition 

associated with the SPICE event drew down the marine inventory (Figure 1).  We normalize our 

molybdenum concentration data to total organic carbon (TOC) because Mo enrichment in euxinic 

sediments is coupled to their TOC content [42, 87] (and manuscript 1) and therefore varying 

Mo/TOC better reflects the behavior of the Mo inventory.  Mo/TOC values start around ~10 and 

fall to ~3 slightly before the peak of the δ13C and δ34S peaks of the SPICE. These ratios increase to 
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values of ~10 during the falling limb of the carbon and sulfur excursions, consistent with a 

relaxation of the global sulfidic sink of molybdenum. 

 

The δ98Mo data also suggest an expanded sulfidic sink during the SPICE interval (Figure 1).  At 

the peak of the event, the δ98Mo values fall from 1.5‰ to 0.8‰. Recent work has constrained the 

modern average riverine input of molybdenum at approximately ~0.7‰ (Archer and Vance 2008), 

and the decrease in δ98Mo at the peak of the SPICE to values near this riverine source indicates 

almost complete loss of the oxic and suboxic environments that fractionate molybdenum.  The 

assumption that the δ98Mo of Late Cambrian input was the same as today may not be valid, but it is 

likely that this value was no lower than  0.1‰ based on the crustal composition and the variation 

seen in modern rivers [60]. Additionally, it should be pointed out that the δ98Mo before the SPICE 

interval ranges from 1‰ to 1.5‰, whereas the modern ocean has a δ98Mo of 2.4‰.  This 

relationship suggests that even outside the SPICE interval, the Cambrian ocean had less oxic and 

suboxic deposition to fractionate molybdenum compared to the modern ocean. 

 

 

Interestingly, δ98Mo increases from 1‰ to 1.5‰ at the onset of the δ13C and δ34S excursions.  

This pattern is mirrored on the falling limb of the  δ13C and δ34S excursions, with an initial δ98Mo 

increase from the minimium of 0.8‰, followed by a gradual decline from 1.5‰ to ~1.1‰.  At first 

glance, rising δ98Mo at the onset of the SPICE is counterintuitive because Mo fractionation occurs 

in more oxygenated depositional environments, and this positive δ98Mo shift is occuring during an 

interval of increasing oxygen deficiency. These higher δ98Mo values either reflect increasing 

sequestration globally under conditions that fractionate molybdenum — either oxic or suboxic, or  

increasing hydrogen sulfide levels in the local basin, which could reduce fractionation (0.4‰) that 

can be expressed in sulfidic sediments (Dahl et al., manuscript 1). Both explanations favor a 

culmination at highly reducing oceans. 

 

However, expanding sulfidic deposition would likely have been preceded by an increase in 

suboxic deposition, perhaps as a thickening oxygen minimum zone.  The rate of Mo uptake in 

suboxic settings exceeds that of the oxic sink by two orders of magnitude [43, 61].  Therefore, an 

increase in the suboxic burial flux at the expense of the oxic sink would have increased the δ98Mo 

of seawater, despite the smaller fractionation, because of the drastic increase in the rate of 
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fractionated Mo uptake  [61, 143].  Therefore, the increase in δ98Mo at the initiation and cessation 

of the SPICE can be caused by increases in global suboxic deposition that bracketed the expanded 

sulfidic deposition that defined the SPICE.    

 

The biological impact of expanding suboxia and euxinia during the SPICE would have been 

severe.  The associated trilobite extinction occurs at the initiation of the carbon and sulfur isotope 

excursions, suggesting a connection. Additionally, the extinction horizon occurs during the initial 

positive molybdenum isotope excursion at the onset of the SPICE, implying that the extinction 

coincided with increasingly reducing deposition within the ocean.  This observation is not 

surprising given that benthic trilobites dominated the affected fauna. 

 

More broadly, a more reducing Cambrian ocean could have been the driver of the evolutionary 

and geochemical patterns observed immediately following the Cambrian radiation.  The presence of 

a reducing deep ocean would have left the shallow, more oxygenated portion of the ocean more 

vulnerable to shifts in its redox state.  This redox volatility would have increased the environmental 

stress and thus selection pressure on the metazoans in the shallow Cambrian ocean.  It is to be 

expected, then, that many of the larger extinction events in the Cambrian are coincident with large 

carbon isotope excursions that may indicate similar shifts in the redox structure of the ocean.  Thus, 

the high rates of origination and extinction observed during the Cambrian diversity plateau may be 

a symptom a persistently widespread oxygen-deficient deep ocean harkening back to the conditions 

that dominated the Proterozoic. 
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Figure 1 (first part) 
 

 
Figure 1: Stratigraphy and geochemistry of the Alum Shale, including δ13Corg, δ 34Spyrite, δ 98Mo, Mo, Mo/TOC, DOP and 

Fe/Al.  δ13Corg data are from Ahlberg et al. (2008) and δ34Spyrite data are from Gill et al. in prep.  Extinction horizon is not 
developed in the Alum and was placed using the FAD of Glyptagnostus reticulatus (Ahlberg et al. 2008), which is correlated to 

event elsewhere (reviewed by Peng et al. 2001). 
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Interval 
(meter) Mo (ppm) Mo/TOC δ98Mo Fe/Al DOP 

0.9 
3.3 0.94 0.9 
3.8 138 10.38 0.65 0.9 

4.43 146 9.99 1.15 0.66 0.9 
5 135 10.31 1.09 0.92 0.8 

5.5 180 10.70 0.74 1.0 
5.95 161 11.08 0.61 0.9 
6.5 181 10.28 1.07 1.26 1.0 
7 147 11.26 0.71 0.9 

7.5 136 10.60 0.79 1.0 
7.60 119 9.61 0.91 
7.60 125 10.13 1.01 

8 114 11.01 1.09 0.9 
8.5 74 6.75 1.05 0.69 0.9 
9 162 15.11 0.57 

9.5 154 13.03 1.10 0.9 
10 87 7.19 1.31 1.14 0.7 

10.5 73 6.47 1.17 0.9 
10.54 26 3.10 1.36 

11 41 4.50 0.83 0.9 
11.28 65 7.09 1.13 
11.5 36 4.27 0.80 0.8 
11.78 45 6.30 0.98 
12.00 53 5.85 0.81 

12 50 5.66 0.94 1.04 0.9 
12.5 45 4.99 0.73 0.8 
13.00 41 4.49 1.44 

13 75 8.15 0.97 0.9 
13.5 27 2.92 1.05 0.8 
13.70 48 6.43 1.28 

14 86 7.14 1.41 0.99 0.9 
14.5 67 7.23 0.70 0.9 
15 66 8.25 1.02 0.80 0.9 

15.5 55 6.92 0.53 0.9 
16 76 9.22 1.15 0.63 0.8 
17 77 7.34 0.89 0.7 

17.5 84 9.46 0.94 0.9 
18 58 7.25 1.22 1.44 0.7 

Table 1: Data from Andrarum-3 drill core, Alum shale, Scania Sweden 
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Iron proxies as a test for ancient euxinic  

 

A recent model for Fe deposition in euxinic marine basins suggests that both regional and 

temporal patterns in degree of pyritization (DOP) — the ratio of pyrite Fe to reactive Fe (Fe 

available to be converted to pyrite; [144, 145] Berner — are controlled by the relative proportions 

of (1) Fe delivered with detrital sediments and (2) Fe present as a fraction that is decoupled from the 

local detrital flux.  The latter represents scavenging of dissolved Fe in the sulfidic water column 

during pyrite formation.  This syngenetic contribution to reactive Fe yields high DOP values, as 

well as elevated ratios of highly reactive Fe (FeHR) to total Fe (FeT) and FeT to Al [125, 146, 147] 

(as reviewed in [24]).  Export of Fe remobilized from shallow oxic shelves to deep euxinic basins, 

where it is completely consumed during pyrite formation, is the primary pathway of enrichment 

[148-150].  By this model, a combination of high FeHR/FeT and FeT/Al ratios and DOP values can 

only be explained by syngenetic pyrite formation under euxinic conditions, although the magnitude 

of enrichment reflects the ratio of the oxic/suboxic benthic source area to the euxinic sink. Because 

of careful calibrations in modern settings and equally careful applications to ancient systems [13, 

48, 151-153]. Fe speciation has emerged as the most straightforward indicator of ancient euxinia on 

the scale of individual basins, which is an essential step in the Mo isotope approach. 

 

Analytical Procedures 

 

Total carbon, inorganic carbon, and organic carbon 

 Total carbon was determined on an Eltra® carbon-sulfur analyzer. Approximately 100 

mg of sample is combusted in the Eltra’s furnace module with oxygen at 1200ºC, liberating carbon 

as carbon dioxide and sulfur as sulfur dioxide.  These gases are then quantified in an infrared 

detector within the Eltra’s analyzer module.  Total inorganic carbon is determined by acidification 

of the sample with 20% HCl on the Eltra’s acidification module.  Carbon dioxide is liberated and as 

above is quantified by the infrared detector.  Total organic carbon is determined by the difference 

between total carbon and total inorganic carbon.  Precision from replicates of samples was 5% or 

better. 
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 Elemental Analysis 

Determination of bulk elemental composition of the samples was done through multi-acid 

digestion.  Samples were ashed at 950ºC to remove volatile phases.  Then ~0.1 mg of sample was 

digested in a multi-step, trace metal acid digestion.  This procedure consisted heating the samples in 

a Teflon bombs with several acids.  The typical procedure consists of three acid treatments: (1) 12 

N HNO3, (2) 14 N HNO3 and 12 N HF, (3) 12 N HCl.  The acid is dried off of the samples between 

each acid digestion.  After the completion of the digestion, the samples were concentrated into a salt 

and dissolved into a 2% HNO3 solution.  The samples were run on an Agilent® ICP-MS with 

collision cell to determine its elemental composition.  Accuracy was determined with USGS 

standards SDO-1 (Devonian Ohio Shale) and SCO-1 (Cretaceous Cody Shale) and was better than 

5%.  Replicates of samples showed reproducibility within 5%. 

 

Pyrite Analysis 

 Extraction of pyrite sulfur from the samples is done by chromium reduction, a method 

outlined in Canfield et al. (1986) [146].  This method recovers all reduced inorganic sulfur present 

in the sample (pyrite, element sulfur, iron sulfide intermediates); however, in samples of the age 

considered in this study, all sulfur intermediates are likely to have been diagenetically converted to 

pyrite.    

Powdered rock is reacted with ~40 mL of 1 M chromic chloride solution and 20 mL of 12 N 

HCl and heated for 2 hours in specialized extraction line under a N2 atmosphere (see Canfield et al. 

1986 [146] for the details of the extraction line).  The N2 atmosphere prevents oxidation of the 

hydrogen sulfide gas that is liberated during the reaction and is the carrier gas that moves the 

hydrogen sulfide through the line.  This hydrogen sulfide gas is sent to trap where it is reacted in 

traps so it can be analyzed.  Pyrite concentration determination was done by acidification of the ZnS 

with 6 N HCl and titration with a KI and KIO3 solution (see Canfield et al. 1986 [146] for specific 

details of the titration). Accuracy was determined by running pure pyrite through the procedure.  

Reproducibly for of samples was better than 4%. 
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δ 98Mo 

 Sample preparation for molybdenum isotope measurements are initiated by the acid 

digestion used for concentration measurements, followed by separation of Mo from matrix elements 

such as Zr and Fe [53]. Aliquots of each sample were taken out before and after the extraction 

procedure to guarantee >90% recovery. Molybdenum isotope compositions were determined by 

MC-ICP-MS (Thermo Scientific Neptune) at Arizona State University in the W.M. Keck 

Foundation Laboratory for Environmental Biogeochemistry. Zr was added to each sample as an 

internal “element spike” to monitor and correct instrumental mass bias [124]. Quality control 

measures included (1) the use of sample-standard bracketing to compensate for differences in the 

relative fractionation behavior of Mo and Zr; (2) agreement between the raw sample-standard 

bracketed and the Zr-normalized sample-standard bracketed value to within 0.5‰; (3) internal 

agreement of the fractionation per amu of δ92/95Mo, δ98Mo and δ100/95Mo within 0.10‰/amu; (4) 

frequent analysis of a previously-characterized natural sample to check for long-term stability; (5) 

and repeated analyses of a standard and a rock sample with sufficient 95Mo spike weighted and 

added to the solutions to give a known offset of 1‰; (6) analysis of each sample solution in 

triplicate and (7) confirmation of the isotope values by replicate analyses of a random sample (7.60 

m) including full digest and chemical purification. The long-term external reproducibility (2σ) of a 

rock standard (SDO-1) was better than ± 0.15‰. 
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Appendix   

 

 

I will describe the methods used to determine Mo isotope compositions, show a compilation of all 

data and discuss quality controls associated with sample purification and isotope analysis. On the 

way I will outline some of the complications that I ran into on the way towards Mo isotope 

measurements of materials which had not been analyzed before, including, lake water, sulfidic 

water and water filtrates with organic matter. 

Methods 
Isotope compositions of heavy metals are measured by mass spectrometer either by wet 

aspiration into a plasma instrument, ICPMS18, or by thermal heating from a filament, TIMS19. The 

sample is ionized and ions are accelerated by an electric field. The ion beam is bended around a 

magnet and detected in static mode by multiple collectors (MC). The trajectory of each ion is 

determined by its charge to mass ratio, so the beam will be sorted in isotopic order. The ion beam 

contains not only singly ionized species (e.g. 56Fe+, 95Mo+, 96Mo+, 98Mo+), but also minor 

components such as doubly charged species (e.g. 95Mo++, 192Os++) which will group with isotopes of 

half their mass, and polyatomic species (e.g. 40Ar56Fe+ ) which also cause interferences on the 

dominant singly ionized species. Moreover, the presence of other elements, referred to as matrix 

elements, will reduce the sensitivity of the machine towards the element in concern and thus 

samples are always purified prior to the isotope measurement. 

For both Mo and Fe, MC-ICPMS takes advantage over TIMS if a correction for instrumental 

mass bias can be achieved [154]. (I will return to this issue in the subsection “instrumental mass 

bias”.)  

Purification methods by ion exchange chromatography 
Samples need to be purified before measuring the isotope composition of molybdenum (figure 

A1). The goal is to purify the sample such that 1) the Mo loss is minimal, 2) matrix elements have 

been efficiently removed, and 3) contamination is negligible. These three measures determine the 

quality of the purification scheme. Due to the low abundance of Mo compared to Fe in natural 

materials (typically ~1 µg Mo and ~50.000 µg Fe per gram of crustal rocks), the major tasks is to 

remove 99.9999 wt% of the sample and keep the remaining 0.0001 wt% Mo. Moreover, any loss of 
                                                      
18 ICPMS = Inductively Coupled Plasma Mass Spectrometry 
19 TIMS = Thermal Ionization Mass Spectrometry 
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molybdenum during the separation is critical because it may change the isotopic composition of the 

sample. 

 

The purification scheme for both rock samples starts with an acid sample digestion (table A1) 

and continues by ion exchange using chromatographic separation (table A3).  

 

Water samples are by definition already in solution and their pre-conditioning is merely pre-

concentration (table A2). In a first approach I evaporated 1L water sample and treated the 

condensate as a rock powder. The sulfidic water samples required 10-30 ml hydrochloric acid to re-

dissolve. This was first surprising because the condensate weighed ~100-200 mg which for most 

salts (e.g. chlorides, nitrates) would dissolve in <1ml acid. However, calcium sulfate (or other 

sulfates) would, indeed, re-quire >10 ml. It remains to be tested whether or not Mo is bound to such 

sulfates, so I decided to dissolve also the salts in a larger volume of acid.  
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Table A 1: Procedure for digestion of rocks 

 

Pre-concentration of Mo from a water samples is done faster by use of the chelating resin 

(Chelex-100). Most Mo is captured by the resin, which sinks to the bottom of the container. The 

Mo-free supernatant is decanted and trace metals can be eluted from the resin upon transfer to a 

column. Unfortunately, this procedure only captures ~70% of the initial molybdenum, so it is 

necessary to correct for potential mass bias during purification. This is done by adding double spike 

to the sample (see section “isotope fractionation during purification“). 

  

 Sample digestion for rocks 
1 Weigh sample into ceramic 

crucible  
  

2 Ash sample >12 hours at T=550 °C  Combust organic 
compounds 

3 Weigh sample into Teflon 
beaker 

  

4 Add conc. HF + conc. HNO3 
ca. 4:1 

2 ml per 100 mg sample 
powder 

2 ml per 100 mg rock 
powder 

5 48 hours on hot plate  Digestion 
6 Dry down softly  
7 Add conc. HNO3 2 ml per 100 mg sample 

powder 
 

8 24 hours on hot plate  Digestion 
9 Dry down softly  
10 Add conc. HCl 2 ml per 100 mg sample 

powder 
 

11 24 hours on hot plate  Digestion 
12 Dry down softly  
13 Add 6M HCl 1 ml  
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 Pre-concentration of water samples using Chelex-100 
1 Acidify sample to pH =1 ca. 4 ml conc. HNO3 per liter 

2 Add double spike to the sample 1.5 µg spike per µg Mo in sample20 
3 Add Chelex-100 resin ca. 6 ml 
4 Add ammonium acetate buffer (pH =9) until pH = 4.8 – 5.5 ca. 25ml/ 1L sample 
5 Stir using a magnet bar Stir for 24 hours 
6 Decant liquid   
7 Transfer resin to Biorad column rinse sample bottle with MQ H2O 
8 Elute trace metals with 4N NH4OH 50 ml (10 x 5ml)* 
9 Dry down eluate gently 

 
Table A 2: Pre-concentration of water samples using Chelex-100. The method was developed by Christopher Siebert and 

is reproduced in this thesis with his approval. 
 

Matrix elements, such as Fe and Zr, can be removed according to the techniques described in table 

A3, when the samples is in a 6M HCl solution. The method was invented in 2000-2001 by Gail 

Arnold, Jane Barling, and Ariel Anbar at the University of Rochester, New England [53, 124] and 

refined by Gwyneth Gordon at Arizona State University. 

 

 
Figure A 1: Ion exchange chromatography in Pb-lab, Institute of Geography and Geology, University of Copenhagen, 

Denmark. 

                                                      
20 Optimal precisionon the isotope measurements is found for a spike/sample ratio which produces 97Mo/98Mo = 

Rmix ≈ 3 using the ASU2 100Mo-97Mo spike. This ratio translates into spike/sample molar ratio    · ·

1.539, where Ab, M and R refer to abundance, molar mass, and 97Mo/98Mo ratios for spike (sp) and 

sample (sam), respectively. 
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Prepare columns, resins and acids 
Columns 10 ml Biorad™ columns cleaned in 1% citranox for >4 days and in elute acid for >4 

days. 
Resins Anion resin: AG1-Wx8 100-200 mesh  

Cleaning on large column (c.v. = 250 ml 
or 10 ml) 
5 c.v. MQ H2O 
5 c.v. 12 M HCl 
3 c.v. MQ H2O 
2.5 c.v. 100% Ethanol 
2 c.v. MQ H2O 
18 c.v. 1 M HCl 

Cation resin: AG50-Wx8 200-400 mesh 
Batch cleaning in 250 ml Teflon flask 
1 c.v. MQ H2Ofl 
1 c.v. 6M HNO3

fl
 

2 c.v. MQ H2Ofl 
1 c.v. 6M HClfl 
10 c.v. MQ H2O 
 

Acids All acids have been distilled from trace metal grade reagents, diluted with  MQ H2O 
(18.2 MΩ) 

Anion column chemistry 
Load anion resin in 10+2 ml Biorad column 2 ml AG1-Wx8 100-200 mesh to Biorad™ 

column 
Clean resin  20 ml 6M HCl, 20 ml 1M HCl 
Condition resin  20 ml 6M HCl 
Load sample  1 ml at a time gently without disturbing the resin 
Rinse resin for matrix elements (Mo is 
bound to the resin) 

30ml 6M HCl (10 ml x 3) 

Collect Mo by elution in >50 ml Teflon 
beaker 

40ml 1M HCl (0.5 ml x2, 8 ml, 10 ml x3) 

Dry down eluate  until 5ml is left 
Transfer sample to 8 ml Teflon vial, continue 
drying gently 

into a small ‘colorful’ droplet 

Dissolve in 0.5N HCl 1 ml 
Cation column chemistry 

Load cation resin in 10+2 ml Biorad column 2ml AG50-Wx8 200-400 mesh to Biorad™ 
column. 

Condition resin 5ml 0.5M HCl leave column capped over night 
Condition resin 20 ml 0.5M HCl + 2% H2O2 
Place beaker under column (ready for Mo 
collection) 

 

Load sample 0.5 ml at a time 
Collect Mo by elution into >50ml open 
Teflon beaker 

40 ml 0.5M HCl + 0.1%H2O2 (0.5ml x2, 8ml, 
10ml x3) 

Dry down eluate Until 5ml is left 
Transfer sample to smaller vial (with known 
weight) 

Until completely dry 

Oxidize organics from resin add H2O2 until the sample stops fizzing 
Dissolve sample 1ml 0.32M HNO3. 

* c.v. = column volume 
fl These steps were included in October 2007 to clean out matrix elements (such as Na, K) 

 
Table A 3: Mo purification method modified from Barling et al. 2001 [53]. Reproduced with permission of Gwyneth W. 

Gordon who invented and/or improved the recipes. 
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Quality control for purification 1: Loss/gain, ‘Yield‘ 

 

The column yield defines the fraction of initial Mo which survives purification. It has been 

measured for every non-double spiked sample to guarantee quantitative recovery during ion 

separation. This is practically done by taking accurately measured aliquots from each sample (50-75 

ng Mo) before and after chromatographic separation which is measured on a quadropole ICP-MS 

(details in a subsequent section). If Mo sticks to the columns (‘low yield’), isotope fractionation will 

result (figure A2) with a preferential loss of lighter isotopes. A low yield caused by loss in beaker 

only fractionates if the sample is not well-mixed; for example a fraction of Mo stays in solid-phase. 

Gain is possible only by contamination; for example when samples dry out on the hot plate and the 

evaporites are shuttled out of the beaker by electrostatic forces. This is best circumvented by drying 

out the sample gently under inspection. Accordingly, a low yield is either attributed to loss from the 

beaker which may or may not cause fractionation or loss on the column which will fractionate Mo. 

If yields are higher than 100% yield the sample has been contaminated. In cases where 

contamination accounts for ~10% of the sample with δ98Mo ~ 0.5‰ the potential isotope effect on 

will be insignificant on δ98Mo measures in the range of -1‰  to 2‰ (e.g. smaller than the long-term 

precision of the δ98Mo analysis, 0.15‰ 2 s.d.).  

 

 
Figure A 2: Isotopic offset versus yield for Standard Devonian Ohio Shale (SDO-1). Reproduced with permission from 

Gwyneth W. Gordon. 
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An overview of yields on all samples measured during my ph.d. work is shown in figure A3. 

 
Figure A 3: Recovery during Mo purification (yield) for all samples discussed in this thesis. Sample numbers in 

parantheses are shown for reference to the discussion in text and a summary of causes are found in table A4. Isotope 
fractionation on the anion column will be insignificant for yields above the red dashed line. Contamination will affect δ98Mo 

insignificantly below the dashed blue line. 
 

All samples with yields above 110% (sample number 9, 38, 68, 80, and 81) are unquestionably 

contaminated. This has been observed to occur on the hot plate in some extremely dry samples, 

where the evaporite becomes airborne by electro static forces. This phenomenon will also lead to 

sample loss in other samples, and may or may not change the isotope composition. For the yield 

determination we cannot distinguish between the causes of losses. The best way to chase this further 

is to repeat the experiment. Another way is to use relationship in figure A2 to compensate for the 

isotope effect provided the loss occurred on the anion column (the cation column is incapable to fix 

Mo in the acids used, so the alternative solution is a spill or loss in beaker). In a total of 110 

samples, 20 samples suffered from Mo loss during purification, 9 showed no isotope fractionation 

( ), 1 showed an isotope effect close to the predicted value from the anion column (figure A2), and 

in 6 cases isotope fractionation cannot be ruled out, because the true isotope value was neither re-

measured nor known from its context or other studies. The last four samples included are sediment 

trap samples from Lake Cadagno, which contained lots of organic matter that possibly clogged the 

resin. In this view a loss on the column is in good agreement with our interpretation that Mo is 

indeed bound to organic matter during removal in sulfidic settings. Details are found in table A4. 
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Sample 
number 

Name Description δ98Mo constraints (‰) Evaluation 

   Measured Other 
constraint 

Offset Calc. frac.∏ Gain/ 
loss 

Isotope 
effect 

Gain during purification Gain 
% 

 

9 Sed-16 Lake C 
sediment 

20cm 

0.98±0.16 0.87-1.4 small  +27 maybe 

38 SDO-
1dec07 

Standard 1.14±0.14‰  
(n = 2) 

1.13±0.14 
(n = 228) 

none  +27±2
2 

no 

68 AK10531
2 

Chuar 0.18±0.02  
(n = 3) 

 unknown  +28±1
5 

maybe 

80 AK10603
1b 

Chuar 0.88±0.19  
(n = 2) 

fails quality 
control 

0.82±0.17 
(n = 2) 

unknown  +21±2 maybe 

81 AK10603
6b 

Chuar 1.15±0.14  
(n = 2) 

1.05±0.37 
(n = 3) 

none  +48±8 no 

Loss during purification Loss% 
2 Sed-3 Lake C. 

Sediment 
depth: 3.8 cm 

1.15±0.29  
(n = 5) 

1.1-1.3 none 1.3 -26±5 no 

22 LCA-A Lake C. water 
7m (Aug 

2007) 

0.92±0.10  
(n = 4) 

0.93±0.15 none 0.49±0.07 -23±3 no 

31 SDO-
1oct07 

Standard 1.47 
(n = 1) 

1.13±0.14 0.34 0.51±0.07 -24±6 Yes 

44 Alum300 Alum 3.00m 1.55±0.15  
(n = 4) 

none unknown 2.02±0.04 -86±2 maybe 

45 Alum 760 Alum 7.60m 0.91±0.18  
(n = 4) 

1.01±0.17 -0.1‰ 2.10±0.04 -11 no 

59 AK10603
6 

Chuar, SMC§ 
217m 

1.05±0.37  
(n = 3) 

1.15±014
‰ 

-0.1‰ 0.71±0.07 
w/69% 

-69±2 
(-32±9 
IDMS) 

no 

61 AK10603
5 

Chuar, SMC§ 
215m  

1.13±0.38  
(n = 2) 

1.06±0.12 
(n = 3) 

+0.07‰ +0.61±0.07 -28±12 
(-17±1 
IDMS) 

no 

72 AK10601
6 

Chuar, SMC§ 
6m 

0.98±0.14  
(n = 3) 

none unknown 0.41±0.06 -20±4 maybe 

73 AK10601
9 

Chuar, SMC§ 
9m 

0.45 
(n = 1) 

none unknown 0.36±0.06 -18±3 maybe 

74 AK10531
5 

Chuar NBfl 
40m 

0.51±0.10  
(n = 3) 

none unknown 0.56±0.07 -26±3 maybe 

75 AK10602
8 

Chuar, SMC§ 
145m 

0.89±0.12 
(n = 3) 

none unknown 0.22±0.07 -12±10 maybe 

Loss from sediment traps ST54   
40 ST54-1 Lake C. 

Sed.trap 7m 
  unknown 0.80±0.06 -

36±8% 
no 

41 ST54-2 Lake C. Sed. 
trap 9m 

0.60 
(n = 1) ”2B” 

 unknown 0.92±0.05 -
41±5% 

no 

42 ST54-3 Lake C. Sed. 
trap 12m 

 0.60 and 
1.24 (DS) 

unknown 1.51±0.05 -
65±5% 

no 

43 ST54-4 Lake C. Sed. 
trap 17m 

1.18 1.16 
(DS) 

none 1.53±0.04 -
66±8% 

no 

§ SMC = Sixty Mile Canyon, height above Walcott base, fl NB = NE Flank of Nankoweap Butte, ∏Estimated column 
fractionation according the relationship in figure A2 (always positive). DS = double spike. 

Table A 4: Low yields and an evaluation of their cause (see text for details). 
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Quality control for purification 2: Contamination, ‘Blanks‘ 

 

Contamination can be measured in the sense that blank experiments (identical experiments without 

samples) are made in parallel with other sample extractions. The tolerable level of contamination is 

defined by the amount needed to displace the isotope measurement beyond precision of the 

analysis. This depends on the isotope composition of the blank, which is generally unknown (blanks 

may have different origins and contain typically too little Mo for isotope analysis). If we assume the 

blank composition has an extreme isotope composition relative to the sample, which is ~3‰ on a 
97Mo/95Mo basis, and thus ~20 times larger than the precision of the analysis, the sample/blank ratio 

should therefore exceed 20. However, if the contamination comes from an isotopic spike (>1000‰) 

the distortion will be much larger. We monitor for this by looking at the internal consistency of 

measured isotope compositions (I elaborate on the instrumental quality controls in a subsequent 

section).  Blanks for a variety of experiments are shown in table A5. The purification procedure 

currently adds 1-2 ng Mo to the samples under optimal conditions. This has improved from ~5 ng 

Mo when I first established the method in Copenhagen. At this level, it is acceptable to measure 

only 150 ng Mo in rock samples (typically <0.2 g sample), but filtered water samples should come 

as 200-500 ng Mo to overcome 10-25 ng contamination that mainly comes from filter and pump 

system.  

 

Figure A4 illustrates the size of a spherical stainless steel particle that will destroy the isotope 

analysis. Contamination is most likely NOT discovered while working in the lab, and thus one must 

avoid all metal in the clean lab, wear clean lab coats only, and behave cautiously when near 

unsealed samples. Moreover, the samples should be kept on a hot plate no longer than absolutely 

required and never situated up against each other. When these cautions are met, contamination 

appears at the sub-nanogram level. 
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Figure A 4: Fetch the hand lens! In the center of this figure is a dot of the size of 1 spherical piece of stainless steel 

(center) sufficient to fully spoil the Mo isotope measurement. Similar amounts of Mo are delivered by the 10 and 100 pieces in 
lower left quadrant and lower right quadrant, respectively. 
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Experiment Comment Mo ng 
Anion-cation chemistry T1 (CPH) Old anion cleaning recipe 7.1±0.2 
Anion-cation chemistry T2 (CPH) during run with Lake C. June water samples 3.9±0.1 
Anion-cation chemistry T3 (CPH) during run with Lake C. June water samples 1.5±0.1 
Anion-cation chemistry T4(CPH) during run with Lake C. Sept water samples 3.8±0.2 
Anion-cation chemistry T6 (CPH) incl. Chelex-100DS, Lake Cadagno Sept 

water 
3.1±0.1 

Filtrate + Anion-cation chemistry Filtrate digested in aqua regia 25.0±0.4 
Total Lake C. water (pump+all) This is what a lake water sample collects 12.1±0.2 
Blank Chelex-100 9 ml resin split in 2x4.5ml , each split eluted 

in 25 ml 4N NH4OH 
0.8±0.1 

Blank Chelex-100 6 ml resin eluted in 50 ml 4N NH4OH 5.4±0.1 
4N NH4OH 10 ml 0.16±0.05 
4N NH4OH 30 ml 0.30±0.05 
4N NH4OH 50 ml 0.56±0.05 
Anion-cation chemistry Dec07 C 
(CPH) 

during run with Lake C. Aug. water samples 6.05±0.02 

Anion-cation chemistry Dec07 Eo 
(CPH) 

during run with Lake C. Aug. water samples 3.05±0.01 

Anion-cation chemistry Dec07 E 
(CPH) 

during run with Lake C. Aug. water samples 1.80±0.02 

Cation chemistry only Dec07 (CPH) during run with Lake C. Aug. water samples 0.87±0.13 
Filter (furnace) Advantec glass fiber filter GC-50 9.9±1.4 
Filter (oven + furnace) Advantec glass fiber filter GC-50 7.2±1.5 
Anion-cation chemistry Dec07 (CPH) during run with Lake C. sediment traps 0.79±0.10 
Anion-cation chemistry Dec07 (CPH) during run with Alum batch 1 17.9±1.9fl 
Anion-cation chemistry Dec07 (CPH) during run with Chuar batch 2 1.74±0.44 
Hot plate (Cph, Pb-lab 12 hrs) during run with Chuar batch 2 0.45±0.09 
Hot plate (Cph, Pb-lab 36 hrs) during run with Chuar batch 2 0.51±0.10 
Anion-cation chemistry (ASU) during run with Chuar batch 3 1.31±0.08 
fl This blank received two pieces of <0.1mm black material, . . , while on the hot plate. 

 
Table A 5: Blank experiments 

 

In one case during purification of the Alum shale batch 1, contamination was tenfold higher than at 

other times. This coincides with the generally more variable yield values which is explained by 

transfer between beakers, because they were placed too close to each other. (The Alum samples, 

however, contains high Mo concentrations and would not be disturb by this mistake). 

 

  



165 
 

Quality control for purification 3: Purity of the extraction (Sample/matrix)  
 

Samples usually contain 1-100 ppm Mo which means >99.99% of the sample can preferentially 

be removed. In practice, purification is not that effective. Figure A5 shows the element distribution 

in a random sample before and after purification. This sample was subsequently measured at high 

precision and excellent reproducibility δ98Mo = 1.36±0.07‰ (2 s.d., n = 4) at the W.M. Keck 

Foundation Laboratory for Environmental Biogeochemistry at Arizona State University.  

 

 
Figure A 5: The efficiency of the purification method of a randomly chosen sample. The element abundance is shown in 

circle diagrams as a fraction of 23 selected elements. Light elements in first and second row of the periodic table are not 
measured. Silicon (Si) has been removed by prior digestion with HF. This sample contains 27.5 nmol Mo (2.6 ug) which 

passes quantitatively through the method. The total number of ions is reduced 500 times. Ions in first and second group of the 
periodic table dominate the analyte both before and after purification even though their abundances are also significantly 

reduced (shown as yield in the column). This purified sample contained 3.9% Mo by mass and 1.4% by atoms and was 
subsequently measured at high precision and excellent reproducibility δ98Mo = 1.36±0.07‰ (2 s.d., n = 4) on the Neptune 

MC-ICPMS at Arizona State University, USA. The Mo recovery (yield) was measured to 109%. 
 

Instrumental Techniques 
 

When we discuss quality controls it is in place to emphasize the difference between precision and 

accuracy (figure A6).  

 

Stable isotope measurements can be performed to very high precision, e.g. (98Mo/95Mo) < 0.01‰ 

precision, but the accuracy of the measurement (its ability to reflect the correct value) is typically 
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lower. There is still some confusion of what is reported from various laboratories. The ‘uncertainty’ 

of any isotope measurement should be reported as maximal deviation from the true value. 

 

 
 

Figure A 6: Illustration showing the difference between precision and accuracy. 
 

 

Concentration measurements by Inductively Coupled Plasma Mass Spectrometry (ICPMS) 
 

Trace metal concentrations are measured by quadrupole ICPMS. I have used two instruments: 

Thermo-Fisher Scientific X-Series at Arizona State University and PerkinElmer 6100 DRC at the 

Geological Survey of Denmark and Greenland. The samples are introduced in mild acid (2-5% 

HNO3) via an auto sampler and a peristaltic pump into a nebulizer from which the solute is carried 

by a gas of argon into a plasma chamber. The sample ionizes and is immediately accelerated by an 

electric field towards the detectors. The ion beam passes an electric quadrupole field which is used 

to differentiate the beam into its components according to charge/mass ratio. The electric field is 

modulated so that one can scan fast through the entire periodic table (a survey scan) or accumulate 

ions of a certain type.  

Concentration measurements are either done by comparing the intensity of the sample to a 

standard curve, or by dilution the sample with a known amount of isotope spike (i.e. 97Mo) prior to 

measurements and derive the concentration from a spiked isotope ratio (i.e. 97Mo/95Mo). Isotope 

dilution mass spectrometry (IDMS) generally provides the highest precision because ICPMS 

determines intensity ratios much more precise than the intensity itself, especially for pre-aliquots 

where matrix elements significantly reduce the sensitivity of the instrument. 
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I have applied both methods on the Thermo-Fisher X-series for determinations of concentrations 

in pre- and post- purification aliquots. The precision of the Mo concentration measurement is 

comparable for the two methods <1%, but IDMS is probably more accurate, because the intensity 

comparison to a standard curve is sensitive to plasma suppression.  

Instrumental ‘plasma suppression’ is monitored by a constant flow of highly concentrated rare 

elements (internal standard) which is mixing into the beam parallel with the samples. When the 

sensitivity drops it will be observed on the rare masses and a correction can be made for the rest of 

the periodic table by interpolation between elements in the internal standard. The ICPMS at ASU 

does this correction automatically, but the PerkinElmer instrument is not setup for parallel sample 

introduction. In both laboratories well-known standards were run repeatedly through a sample 

sequence to check if the machine response changed. I typically observe a 10-20% intensity decrease 

overnight (40-60 samples) and sometimes up to 50% if a dirty sample is introduced to the plasma. 

The measured isotope ratios would not be affected and hence IDMS results are robust to plasma 

suppression. Unfortunately, the PerkinElmer instrument has not been calibrated to precise (~1‰) 

isotope determinations. It shows uneven and narrow intensity peaks (compared to the X-series), 

which results in low precision. Contrary, the X-series produce high precision isotope measurements 

even for pre-aliquots with the error propagating into typically ~1% precision on the yield estimates. 

 

When sensitivity drops and standards are found to drift using the Perkin-Elmer ICPMS21, one 

can fit a response curve through the standards and assume the suppression to have occurred 

smoothly. While this correction most likely will improve the data, it is almost certainly wrong. The 

drift is observed to occur by abrupt shifts in the Thermo ICPMS and such effects can only be 

compensated for by simultaneous monitoring. 

 

The Thermo ICPMS has another advantage, as it uses collision cell technology (CCT) in which 

the beam passes through a collision cell with a different gas (He) than the carrier flow (Ar). This 

system will reduce interferences from polyatomic species. The CCT mode is particularly useful 

when measuring 56Fe and 96Mo where interferences from 40Ar16O and 40Ar56Fe will be greatly 

reduced. At the Perkin-Elmer ICPMS, this option is not installed and Fe is measured by 57Fe instead 

of the more abundant 56Fe. This is possible because 40Ar17O is 2600 times less abundant than 
40Ar16O (assuming no discrimination of oxygen isotopes in the production of ArO), and 57Fe is only 

                                                      
21 Plasma suppression is not continuously monitored and isotope dilution cannot be used 
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50 times less abundant as 56Fe. However, I sometimes experienced nonsense Fe data and the CCT 

mode is greatly favored. 

 

Isotope analyses by Multiple Collector Inductively Coupled Plasma Mass Spectrometry (MC‐
ICPMS) 

The stable isotope composition of molybdenum is measured using a Multiple Collector 

Inductively Coupled Plasma Mass Spectrometer (MC-ICPMS). The sample is introduced and 

ionized in a plasma chamber in a similar fashion to the quadropole ICPMS. However, in the MC-

ICPMS ions are bended around a magnet (not by an electric field) and the beam is collected in 

multiple cups. This facilitates isotope analyses in static mode, so that electric and magnetic fields 

are constant during the entire session.  

 

 
Figure A 7: Neptune Multiple Collector Inductively Coupled Plasma Mass Spectrometer at Arizona State University. 

 

 

I have worked on both a VG Axiom MC-ICPMS in Copenhagen (figure A8) and the Thermo 

Neptune MC-ICPMS at Arizona State University (figure A7). Both instruments have nine collectors 

(Faraday cups). The Neptune spanned a larger range of masses than the Axiom, so that we could 

measure 90Zr, 91Zr, 92Mo, 95Mo, 96Mo, 97Mo, 98Mo, 99Ru, and 100Mo simultaneously. The Axiom 

instrument would either exclude 90Zr or 100Mo.  
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Figure A 8: VG-Axiom Multiple Collector Inductively Coupled Mass Spectrometer at University of Copenhagen. 

 

Instrumental mass bias  
 

All mass spectrometers have an inherent problem: they change the isotope composition that they 

were set to measure.  This is called instrumental mass bias. Measured isotope ratios are shown in 

table A6 for the VG Axiom MC-ICPMS and the Thermo Neptune MC-ICPMS with a mass bias of 

~2%/amu relative to the true Mo isotope ratio. Heavy isotopes make it to the detector while light 

isotopes are preferentially lost in the machine (most of the sample is lost in the machine). The mass 

bias is usually very stable and can therefore be corrected for.  

 

 98Mo/95Mo 98Mo/95Mo Mass bias  Mass 
bias 

 example 1 example 2 example 1 example 2 
Axiom 1.62513±0.00096 1.63056±0.00082 2.40%/amu 2.52%/amu
Neptune mean 1.61450±0.00194 1.61067±0.00063 2.17%/amu 2.08%/amu

 
Table A 6: Comparison of instrumental mass bias between Axiom MC-ICPMS in Copenhagen and Neptune MC-ICPMS 

at ASU. The instruments preferentially let heavy isotopes come to the detector. The mass bias is calculated by comparing the 
offset to the IUPAC standard 98Mo/95Mo = 1.515876 and normalized linearly to three mass units (98 – 95). 

 

There are three ways to correct for instrumental mass bias in a MC-ICPMS. 

1. Standard-sample bracketing 

2. External element doping 

3. Double spike doping (triple or higher isotope spikes)  
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1. Standard –sample bracketing 

This correction performs a first order correction to the instrumental mass bias by calculating a delta 

value from the difference between the sample and the mean of the two neighboring standards: 

 

   
/

1 · 1000  A1) 

 

Here, R is the measured value of an isotope ratio of interest, for example 98Mo/95Mo. It is then 

assumed the offset between the measured values corresponds to the true offset. This assumption can 

be justified if the instrumental mass fractionation doesn’t change between sample and standard. If 

the instrumental mass bias jumps between sample and standards this will produce offset values. 

Suppose the instrumental mass bias followed an exponential fractionation law as a function of mass 

(µ = mass ratio, e.g 98/95 = 1.03) the measured ratios, R, will be offset from true value, r, and cause 

measured delta values to deviate from true delta values: 

 

            ·

· ·
1 · 1000 A2) 

 

  · 1000 · 1  

 

 where 
_ _ /

1 · 1  A3) 

 

If the mass bias doesn’t jump, but fractionation change in a linear fashion between standards (x = 

1), there will be no difference between measured and true delta values. However, we have learned 

(from the other mass bias corrections) that instrument is unstable by few ‰ in the β factor (βsample - 

βstd ≈ 0.00ε) between consecutive samples. This will cause measured δ values to be offset by δtrue + 

ε. 
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2. External element doping 

 

A second option for instrumental mass bias correction is to dope each sample with another element 

with a known isotope composition. By measuring simultaneously an isotope ratio of the external 

element and the isotope ratios of interest it is possible to compensate for instrumental mass bias. 

This approach assumes isotopes of both elements to fractionate in a proportional manner. On the 

Neptune MC-ICPMS both Ru and Zr are found to correlate with instrumental fractionation of Mo 

[124]. 

 

 
Figure A 9: Logarithmic plots of 95Mo/98Mo versus 90Zr/91Zr for a standard measured by a) Thermo Neptune MC-

ICPMS at ASU and b) the VG Axiom MC-ICPMS. The inserted panel in the left figure shows all the relationship for all data 
that meets the quality criteria measured over 18 months in more than 10 sessions. 

 

This relationship between Mo and Zr isotope variations in a session is shown in figure A9. We 

obtain the Zr normalized Mo isotope ratios by adopting an exponential fractionation law for the 

instrumental mass bias. The reproducibility of δ-values on a standard over two sessions were 

unacceptably high on the Axiom using the Zr- mass bias correction, and I focused on the standard-

sample bracketing technique. However, the variation of delta values was typically twice the 

reproducibility on the Neptune instrument (figure A10). I decided to continue isotope measurements 

at Arizona State University. 
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Figure A 10: Standard-sample bracketing δ98Mo values of all standards measured on the VG Axiom MC-ICPMS. The 

standard deviation is about twice as high as the Zr corrected values measured on the Neptune MC-ICPMS. 
 

3. Double spike 

 

The Zr correction for instrumental mass bias adds an additional source of error to the data 

reduction, as the delta values will depend on the different fractionation behavior of Mo and Zr. A 

third option for the compensation of instrumental mass bias is to add a mixture of two Mo isotopes 

(‘double spike’) to the sample. I used a 97Mo-100Mo double spike at Arizona State University. If the 

isotope composition of the double spike is known, one can derive instrumental mass bias because 

the spike isotope ratio, 97Mo/100Mo, change mostly by the instrumental fractionation22.  

 

The double spike data reduction is usually done in one of three ways: geometric solution [54], least 

squares fit, or by an iterative approach (such as a Monte-Carlo algorithm).  

 

The mathematical problem can be thought of as three equations with three unknowns. The 

equations are three measured isotope ratios (for example 97Mo/95Mo, 98Mo/95Mo, and 100Mo/95Mo). 

Each ratio will be determined by 1) how much spike Mo is added to the sample (spike/sample molar 

                                                      
22 The calculation is slightly more complicated, since one must include a correction because natural samples also 

contain 97Mo and 100Mo. 
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ratio n), 2) how much the instrument fractionates sample+spike (instrumental fractionation, Fins), 

and 3) how much nature has fractionated the sample relative to a standard (natural fractionation, 

Fnat).  

 

The output of the data reduction is the three values n, Fins , Fnat which uniquely describes the 

connection between measurement and true isotope composition. It is worth mentioning that all Mo 

isotope ratios can be derived from Fnat and the composition of the standard. A geometric solution to 

the problem is shown in figure A11 and described in the caption. 

 
Figure A 11: Presentation of the Double spike idea where x = 95Mo/98Mo, y = 97Mo/98Mo, and z = 100Mo/98Mo. Any 

mixture of sample (blue dot) and spike (red dot) will fall on the yellow mixing line between spike and sample composition. 
The two vectors fnat and fins represent the fractionation in nature and in the machine. The arrows shows how the 

fractionation proceeds: The sample is fractionated relative to a Mo standard composition onto the yellow line and the 
observed mixture is fractionated away from the yellow line by instrumental mass bias. Equations become linearly 

independent because these two vectors are not parallel. This can be understood by understanding the functional behavior of 
the mass bias laws. Both natural and instrumental fractionation follow exponential laws and thus fractionate ‘percent wise’. 

This means a true isotope ratio x = y=1.00 will be observed at x = 0.925, y = 0.975 for an instrumental fractionation of it 
+2.5%/amu and, hence, a shift of -0.075 and -0.025 along the x-axis and y- axis, respectively. (Recall that the machine has a 

preference for heavy isotopes and thus reduces the values of these isotope ratios). On the other hand a spiked sample with say 
x=2, y=10 will be measured as x= 1.85 and y= 9.75 in the machine, thus a 10 times larger shift (-0.25) along the y axis and the 
only twice the shift along the x-axis. This means that the mixture of spike and sample (pink dot) fractionate more along the y-

axis than unspiked samples would do (blue dot). Thus, the two fractionation vectors are non-parallel and there will be a 
unique path from standard (through natural fractionation) to the true natural isotope composition (blue dot), along the 

mixing towards the spike composition to the pink dot, where the machine has fractionated along the vector to the measured 
composition (pink dot with black ring). The mathematical task is to walk along this path in the reverse direction (from 

measured mixture to true value of the standard). 
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Mo has seven stable isotopes which the system of equations is overdetermined. There is more 

information than required for the double spike data reduction. I collaborate with Stephen 

Romaniello at Arizona State University to develop a more stable data reduction which operates on 

all measured isotopes.  

 

Instability of the Instrumental Mass Bias using the VG Axiom MCICPMS 

 

I tested the effect of matrix elements on the Axiom MC-ICPMS at the Isotope Lab in Copenhagen, 

by doping a standard with Na. Excursions outside the ±0.15‰ uncertainty led to the decision that 

the Axiom was apparently too sensitive to the presence of matrix element. As we saw in equation 

A2, this is problematic using only the standard-sample bracketing correction. I reasoned that, either 

the Mo purification procedure was to be improved or I could use the instrument at ASU.  

 

 

 
Figure A 12: Semilogarithmic plot of δ98Mo versus Na/Mo (log-scale) measured using the VG Axiom MC-ICPMS. Na 

represents an arbitrary matrix element and the delta value is derived by standard-sample bracketing. Error bars show 2.s.d. 
reproducibility of the standard. Clear offsets outside precision obtained using the Neptune MC-ICPMS was interpreted to 

reflect instability of the instrumental mass bias between samples. 
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External Element Spiking with Zr and Quality controls  
 

To guarantee high accuracy of the isotope measurements, laboratory manager Gwyneth Gordon 

established a set of quality controls for the Zr-doping procedure. The mass spectrometer was set up 

to measure 90Zr, 91Zr, 92Mo (+92Zr), 95Mo, 96Mo (+96Zr), 97Mo, 98Mo and 100Mo from which we 

could derive five Mo isotope ratios and one Zr isotope ratio; the latter was used to correct for 

instrumental mass bias. The quality criteria for acceptable data include: 

 

1. Internal consistency 

We checked for internal consistency and accepted data when maximum and minimum of 

δ/amu for δ92Mo, δ98Mo and δ100Mo differed by ≤ 0.1‰ per amu, where δxMo = 

[(xMo/95Mo)sample/(xMo/95Mo)standard -1] × 103. 

 

2. Instrumental mass bias  

We rejected data if the mass-bias corrected δ98Mo differed from δ 98Mo obtained from 

standard sample bracketing by more than 0.50‰, suggesting that significant correction for 

matrix effects was required. 

 

3. Accuracy 

Accuracy of the measurements was monitored by measurements of an ICP standard and the 

SDO natural sample by adding a gravimetrically measured amount of calibrated 95Mo spike 

to result in a -1‰ offset on δ97/95Mo. We accept data if the gravimetric standard is offset by 

less than the long-term reproducibility of the USGS rock standard SDO-1. Currently, 0.14‰ 

(2 s.d., n = 45) over a period of 19 months. 

 

4. Long term reproducibility 

In-house rock and ‘gravimetric’ standards were run repeatedly in each session to verify 

agreement with long-term averages. Three well-known standards were processed through 

chemical purification (SDO-1, Nod-A1, and Nod-P1) to verify that the methods are 

consistent with previous work [53, 70].  

 

5. Replicate analysis 
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Analysis of each sample solution in triplicate (in a few cases this has not been possible, see 

table A7). 

 

For data presentation we use the Zr-corrected 98Mo/95Mo ratio and compare to the average of the 

ASU in-house standard “RochMo” (Alfa Aesar Specpure Lot# 802309E) run immediately before 

and after each sample (standard-sample bracketing). Errors are reported as the 2 s.d. reproducibility 

for replicate analyses of the same sample.  

 

There is currently no certified Mo isotope standard, but the variations between the reference 

materials used at the two most productive laboratories Arizona State University and Universität 

Bern is likely small (<0.1‰ on the 98/95 ratio), and give modern seawater a value of 2.34 ±0.19‰ 

[53, 54]. 

 

 

Explaining low quality: 

The following quality tests are monitored to explain the data offset, but is not used to reject data.  

a) The intensity of the least abundant Mo isotope (97Mo) must give >0.1V otherwise the 

variation of the instrumental noise level will enhance the uncertainty. If this occurs, the 

sample would be re-analyzed at a higher concentration.  

b) The intensity change should not exceed 10%, otherwise the instrumental mass bias is 

probably changing during the run. If this occurs only for a few lines in the experiments, one 

can reject that part , otherwise the measurement should be repeated. 

c) The intensity of the sample relative to the bracketing standards should be matched within 

20% (both for Mo and Zr).  

d) The presence of organic matter in the sample (for example from the resin) can show up as 

>0.1mV on mass 99 (99Ru is never observed). This flags a reason to oxidize the sample 

again.  

e) If both the δ96/95Mo and δ97/95Mo are positively offset, there is reason to consider if Fe is still 

present in the sample (polyatomic interference from FeAr+). One would do an iron clean-up 

by repeating the cation column chemistry. 

f) If both δ97/95Mo and δ100/95Mo are positively offset, there is reason to consider contamination 

with double spike. One would repeat the experiment. 
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g) If δ97/95Mo is abnormally offset in the positive direction, there is reason to consider 

contamination with single spike. One would repeat the experiment. 

 

Double spiking and quality controls 
 

The mass spectrometer was set up to measure 92Mo, 94Mo, 95Mo, 96Mo, 97Mo, 98Mo, 99Ru and 
100Mo. The spike contains primarily 97Mo and 100Mo which is used together with two other isotopes 

to derive one ratio. This gives four independent isotope ratios 92Mo/95Mo, 94Mo/95Mo, 96Mo/95Mo, 

and 98Mo/95Mo (and 6 more dependent isotope ratios, e.g. 92Mo/94Mo). All of these isotope ratios is 

expected to follow a mass-dependent fractionation law, and we can test for internal consistency 

(criteria 1 above). Unfortunately, the data obtained using double spiking is rarely internally 

consistent, perhaps because all but one isotope ratios will be affected by interferences with Zr 

(figure A13). However, there is not tight a unique correlation between 91Zr intensity and internal 

δ/amu offset from the interference free δ98Mo/amu. The data reduction might cause offsets which 

also depends on Zr/Mo ratio. Moreover, δ94/98Mo falls off a mass dependent trend with other delta 

values for reasons that remain unclear.  

 

 
Figure A 13: Delta values versus mass for a double spiked sample ‘LC-3.0A2DS’. The δ98Mo is indistinguishable from 

the result obtained using external element spiking for the instrumental mass bias correction. However, all other delta values 
deviate severely from the expected relationship, possibly because the sample still contains some Zr. 
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If we neglect the extra information that we obtain having seven isotopes available and focus on the 

four necessary isotopes (95Mo, 97Mo, 98Mo, and 100Mo), we should still be able to derive accurate 

δ98Mo values. In this system there will be no interferences from Zr, and 98Ru is essentially not 

present in terrestrial samples.  

 

A set of successful quality controls for double spike data is still under development23. A number of 

samples have been measured both by double spike method and external element doping to show 

indistinguishable results within <0.15‰, for example oxic water samples from Lake Cadagno 

August 2007, but in other cases offsets of ~0.5‰ (table A7 and table A8). In this view, the double 

spike method is able to give accurate values. However, the results are not robust. Sometimes δ98Mo 

varies by up to ~1‰ between replicate analyses of the same sample. 

 

I have chosen the following quality criteria for the data presented in table A8: 

 

1. Sample/noise ratio:  Intensity on 95Mo > 0.15V Counting statistics 

2. Precision  DS reduced 95Mo/98Mo < 0.5‰ DS reduction + plasma stability 

3. Spike-sample ratio: 97Mo/98Mo within 1.4 – 5.624 DS reduction 

4. Low “99Ru” interference  <0.58mV   Limited organic matter:  

 

Moreover, we continuously measured a Mo standard solution known as “RochMo” or “RochMo2” 

(Johnson Matthey Specpure® Molybdenum Plasma Standard, Lot. 7024991) and confirmed δ98Mo 

values of each session to vary within 0.15‰ (2 s.d.). A rock standard with known isotope 

composition term reproducibility was analyzed for every 5-10 samples and the mean δ98Mo value 

was identical to the value obtained using Zr-doping (δ98Mo value 1.13 ± 0.15‰). 

 

The reproducibility of δ98Mo values derived using double spike is generally lower than using 

external spike method. A compilation of all data that meets the quality criteria is shown in table A8. 

Out of 84 analyses, 46 samples fail these quality criteria. Most samples fail the third criterion 

because too much spike had been added to these samples (the spike solution was 4 times more 

concentrated than anticipated). It was previously shown that accurate δ98Mo values can be obtained 

for 97Mo + 100Mo spiked samples with 97Mo/98Mo values between 1 and 10 using a Nu instruments 
                                                      
23 In the sense that most obscure δ98Mo results is associated with a ’low quality’ flag. 
24 A factor of 2 from the optimal spike ratio, 97Mo/98Mo = 2.8   
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MC-ICPMS [70]. This, however, depends on how well the spike composition is determined. The 

spike isotope composition is usually determined on the MC-ICPMS in dynamic mode with external 

doping of Pd to correct for instrumental mass bias. This approach will give an approximate 

composition of the spike, because the Pd instrumental mass bias correction is uncertain. Gwyneth 

Gordon ran standard solutions with different spike-sample ratios and showed that the spike 

composition needed to be adjusted as a second calibration in order to obtain precise results for 

samples with substantial variations in the spike/sample ratio. 

 

The work continues to improve the robustness of the Mo isotope analysis using double spike at the 

Neptune MC-ICPMS. Some of the problems that we need to solve are: 

 

• Improve spike composition 

• Improve the data reduction scheme 

• Create a robust quality control 

 
Figure A 14: The first double-spike analyses of water samples from September 2006 were severely over-spiked. Depth 

profiles with degree of overspiking 97Mo/98Mo in grey (optimal value = 3) and δ98Mo values (black curve) with error bars 
representing reproducibility of the samples (2 s.d., n=4, and n=3 for the two deep water samples). 
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Overspiking can cause problems if the spike is not well-calibrated. This occurs likely because the 

data reduction scheme is sensitive especially to the minor isotopes in the spike. The first isotope 

analyses from Lake Cadagno waters using double spike technique were overspiked by up to 400% 

(figure A 14). This was part of the reason for low reproducibility of the data. When the experiment 

was repeated with less double spike added to the samples, the variability was still not optimal (e.g. 

Lake C. Sept 12.4m and 19.4m in table A8). 

  

The double spike data is reduced with the geometric algorithm [70]. The algorithm is semi-iterative 

approach so that the iteration assumes a starting composition which is improved through a number 

of steps. However, the code contains an error which prevents the algorithm to liberate of its initial 

composition. The error is of second order in the natural fractionation law and thus minor. This 

causes severe offsets for not well-calibrated spikes. The work continues towards improved spike 

compositions by calibrating the spike isotope composition by measuring a series of spike-sample 

ratios and fitting the optimal spike composition using a Monte Carlo algorithm.  
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Quality controls Zr correction 
     

   δmax-δmin 
(92,98,100) 

δ97Μο/ 95Μο  
(normalized - 

measured) 
Comment 

 
 
 

δ98Mo 2 s.d. n 

Lake Cadagno water column June 2006: 3m 0.78 0.16 3 
TaisLC3A1_01 0.08 0.04 0.83 
_3A1_02 0.03 0.06 0.82 
_3A1_03 0.07 0.02 0.68 
Lake Cadagno water column 
June 2006: 3m, replicate 0.91 0.02 2 
_3A2_01 0.09 0.13 0.90 
_3A2_02 0.10 0.09 borderline 0.92 
LC3.0A2_03 6.22 69.94 
LC3A2_03 0.63 1.09 
Lake Cadagno water column 
June 2006: 16m filtrate 
_16F1_01 0.03 0.13 1.40 
_16F1_02 0.03 0.13 1.44 
LC16f1_03 0.05 -0.70 
LC16f1_05dat 0.06 -0.18 1.19 
Rock standard BCR-2 1.34 0.27 3 
BCR_2ASU_01 0.02 -0.09 0.42 
BCR_2asu_02 0.06 -0.58 
Lake Cadagno water column 
June 2006: 3m, replicate 0.42 1 
LC3.0A3_01 0.04 0.20 0.93 
LC3.0A3_02 0.06 -0.06 0.85 
LC3_0A3_03 0.04 -0.20 0.93 
Lake Cadagno water column 
June 2006: 7m 0.91 0.10 3 
LC7.0A1_01 0.05 0.14 0.99 
LC7.0A1_02 0.04 -0.13 0.95 
LC7_01A_03 0.06 -0.45 0.93 
LC7.0A1_04 1.65 12.46 
LC7.0A1_05 0.03 -0.03 0.94 
Lake Cadagno water column 
June 2006: 9.8m 0.95 0.05 4 
LC9.8A1_01 0.04 0.30 1.20 
LC9.8A1_02 0.03 0.08 1.34 
LC9.8A1_03 0.02 -0.19 1.34 
Lake Cadagno water column 
June 2006: 10.35m 1.29 0.17 3 
LC10.35A1_01 0.07 0.16 1.41 
LC10.35A1_02 0.04 -0.01 1.34 
LC10.35A1_03 0.06 -0.14 1.37 
Lake Cadagno water column 
June 2006: 11m 1.37 0.07 3 
LC11.0A1_01 0.05 0.32 1.38 
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LC11.0A1_02 0.05 0.02 1.49 
LC11.0A1_03 0.03 0.26 1.52 
LC11.0A1_04 0.54 7.92 
LC11.0A1_05 0.06 -0.06 1.39 
Lake Cadagno water column 
June 2006: 13m 1.45 0.14 4 
LC13.0A1_01 0.07 0.13 1.58 
LC13.0A1_02 0.06 -0.22 1.54 
LC13.0A1_03 0.06 -0.06 1.68 
LC13.0A1_04 0.13 1.46 
LC13.0A1_05 0.04 0.02 1.67 
Lake Cadagno water column 
June 2006: 16m 1.61 0.14 4 
LC16.0A1_01 0.08 0.02 1.78 
LC16.0A1_02 0.09 -0.42 1.70 
LC16.0A1_03 0.05 0.06 1.83 
LC16.0A1_04 0.10 -0.25 1.60 
LC16.0A1_05 0.07 -0.10 1.71 
LC16A1_06 0.07 -0.47 1.82 
Lake Cadagno water column 
June 2006: 19m 1.74 0.17 6 
_19A1_01 0.04 0.14 1.66 
_19A1_02 0.05 0.07 1.75 
LC19A1_03 2.53 5.44 
LC19.0A1_03 15.08 -259.00 
LC19.0A1_04 0.07 -1.06 
LC19A1_05 0.07 1.32 
LC19A1_06 0.07 1.32 
LC19A1_07 0.16 1.32 
Lake Cadagno June 2006: 
riverine inlet 1.71 0.13 2 
LCN22A1_01 0.05 0.08 0.86 
LCN22A1_02 0.05 -0.28 0.72 
LCN22A1_03 0.04 -0.21 0.94 
LCN22A1_04 0.11 -1.85 
LCN22A1_05 0.09 -0.06 0.93 
LCN22A1_06 0.08 0.73 
Lake Cadagno June 2006: 
swamp 0.86 0.20 4 
LCN21A1_01 0.06 -0.08 0.80 
LCN21A1_02 0.04 -0.27 0.76 
LC211A1_03 0.06 -0.16 0.79 
Lake Cadagno June 2006: 
riverine outlet 0.78 0.03 3 
LCW1A1_01 0.07 -0.13 1.01 
LCW1A1_02 0.02 -0.52 



184 
 

LCW1A1_03 0.07 -0.16 1.07 
LCW1A1_03 0.09 -0.19 0.97 
LCW1A1_04 15.97 14.40 
LCW1A1_05 0.11 0.06 

Rock standard SDO-1 1.02 0.10 3 
MySDO_1_01 62.30 1.05 
Lake Cadagno sediment core 
J (June 2006): -3.8cm 
TaisSed3_01 0.02 -0.10 0.95 
Sed3_02 0.05 -0.29 1.22 
Sed3_03 0.03 -0.17 1.34 
sed3_04 0.05 -0.25 1.07 
sed3_7 0.05 0.01 1.18 
Lake Cadagno sediment core 
J (June 2006): -5.0cm 1.15 0.29 5 
sed4_02 0.05 -0.07 1.19 
sed4_03 0.02 0.88 
sed4_04 0.02 -0.20 1.18 
sed4_05 0.01 -0.35 1.29 
sed4_4 0.61 -3.78 
Lake Cadagno sediment core 
J (June 2006): -6.3cm 1.22 0.12 3 
sed5_02 0.04 -0.10 1.30 
sed5_03 0.02 0.97 
sed5_04 0.05 -0.20 1.16 
sed5_4 17.53 1.53 
sed5_06 1.27 
Lake Cadagno sediment core 
J (June 2006): -10.0cm 1.25 0.15 3 
sed8_02 0.04 0.05 1.36 
sed8_03 0.04 0.87 
sed8_04 0.04 -0.08 1.31 
sed8_4 189.29 -5.52 
sed8_06 1.27 
Lake Cadagno sediment core 
J (June 2006): -11.3cm 1.31 0.10 3 
sed9_01 0.51 1.13 
sed9_02 0.06 -0.06 1.14 
sed9_03 0.04 0.84 
sed9_04 0.01 -0.02 1.27 
sed9_05 0.03 -0.17 1.18 
sed9_4 163.97 79.75 
Lake Cadagno sediment core 
J (June 2006): -15.0cm 1.19 0.14 3 
sed12_01 1.12 -0.77 
sed12_02 0.04 -0.09 1.47 
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sed12_03 0.04 0.85 
sed12_04 0.05 -0.17 1.39 
sed12_05 0.02 -0.17 1.46 
sed12_4 0.08 -1.74 
Lake Cadagno sediment core 
J (June 2006): -17.5cm 1.44 0.09 3 
sed14_01 0.04 0.61 
sed14_03 0.03 -0.13 1.45 
sed14_04 0.05 0.94 
sed14_05 0.05 -0.02 1.40 
sed14_06 0.03 -0.02 1.27 
sed14_4 0.03 0.84 
Lake Cadagno sediment core 
J (June 2006): -20.0cm 1.37 0.19 3 
sed16_01 0.02 0.57 
sed16_03 0.04 -0.13 1.06 
sed16_04 0.04 0.63 
sed16_05 0.02 -0.16 1.00 
sed16_06 0.04 -0.16 0.90 
sed16_4 0.02 0.86 
Lake Cadagno sediment core 
J (June 2006): -21.3cm 0.98 0.16 3 
sed17_01 - 1534.64 
sed17_02 0.03 -0.10 0.90 
sed17_03 0.08 0.47 0.75 
sed17_04 0.03 -0.02 0.88 
sed17_05 0.01 -0.02 0.96 
sed17_4 0.01 0.63 
Lake Cadagno sediment core 
J (June 2006): -22.5cm 0.87 0.18 4 
sed18_01 1535.07 
sed18_02 0.01 -0.04 1.12 
sed18_03 0.01 -0.22 1.14 
sed18_03 
sed18_04 0.01 -0.08 1.00 
sed18_05 0.01 -0.08 1.19 
sed18_4 0.02 0.70 
Lake Cadagno sediment trap 
54 days (August 2007): 7m 1.11 0.16 4 
ST54_1_01 0.62 0.70 -1.05 
ST54-1_02 2.54 0.70 1.16 
ST54_1_03 2.34 0.70 0.92 
Lake Cadagno sediment trap 
54 days (August 2007): 9m 0.34 2.43 3 
ST54_2_01 0.02 0.523 0.60 
ST54-2_03 9.14 0.11 0.96 
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Lake Cadagno sediment trap 
54 days (August 2007): 12m 0.60 1 
ST54_3_01 32.86 179.93 
Lake Cadagno sediment trap 
54 days (August 2007): 17m 
ST54_4_01 0.03 0.68 1.18 
ST54-4_02 29.74 0.68 
ST54_4_03 32.34 0.68 
Rock standard SDO-1 1.18 1 
SDO1_dec07_02 0.02 -0.20 1.19 
SDO1dec07_01 0.01 0.76 
SDO1_dec07_03 0.04 -0.27 1.09 
Rock standard SDO-1 1.14 0.14 2 
SDO1oct07_01 0.02 0.06 1.47 
Rock standard Nod A1 
NodA1_dec07_02 0.02 -0.22 -0.37 
NodA1dec07_01 0.02 0.63 
NodA1_dec07 0.04 -0.18 -0.14 
NodA1_dec07_04 0.03 -0.18 -0.24 
Rock standard Nod P1 -0.25 0.23 3 
NodP1oct07_01 58.44 642.99 
Rock standard SDO1 - fast 
column chemistry (lower 
yield, more matrix) 
SDO_FACC_01 0.30 2.56 
SDO1cph3_01 0.18 2.36 
Lake Cadagno water column 
Sept 2006: 3.4m 
S1_02 1.03 1.74 
S1_03 0.05 -0.04 1.04 
LCS3.4m1_01 0.02 0.07 0.96 
LCS3.4surv_03 0.06 -0.48 0.76 
Lake Cadagno water column 
Sept 2006 0.92 0.28 3 
S2_01 8.11 8.42 
Lake Cadagno water column 
Sept 2006: 16.4m 
S3_01 12.42 6.58 
LCS16.4surv_02 1.83 0.36 
Lake Cadagno water column 
Sept 2006: 12.4m filtrate 
LCS12.4f1_03 0.45 -0.13 
Sf2_02 69.91 -35.58 
Sf2_03 0.63 -0.11 
Sf2_04 0.56 -0.20 
Lake Cadagno water column 
Sept 2006: 13.4m filtrate 
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Sf3_02 1.08 1.83 
Sf3_03 0.08 -0.16 1.19 
Sf3_04 3.70 -0.13 
LCS13.3f1_01 0.05 0.09 1.14 
LCS13.4f1_03 3.77 -0.19 
Lake Cadagno water column 
Sept 2006: 14.3m filtrate 1.16 0.06 2 
Sf4_04 0.07 -0.15 1.29 
Sf4_04 1.15 2.79 
Sf4_04 0.11 -0.21 
LCS14.3f1_01 0.05 0.06 1.36 
LCS14.3f1_03 0.08 -0.40 1.35 
Lake Cadagno rocks: 
dolomite 1 1.33 0.08 3 
TaisDol1_01 0.07 0.59 1.53 
Dol1_02 0.09 0.14 1.56 
dol1_03 0.10 0.43 1.52 
dol1_04 0.06 0.85 1.65 
dol1_06 0.02 -0.04 1.56 
Lake Cadagno rocks: 
dolomite 2 1.56 0.10 5 
TaisDol2_01 0.06 -0.30 1.51 
Dol2_02 0.11 0.23 
dol2_03 0.08 0.22 1.55 
dol2_04 0.07 0.35 1.56 
dol2_06 0.03 0.14 1.58 
Lake Cadagno pore fluids 
core J (June 2006): 0cm 1.55 0.06 4 
TaisPW1_01 0.03 -0.04 1.63 
PW1_03 0.12 -0.04 
PW1_04 0.03 -0.55 
pw1_05 0.05 0.30 1.58 
pw1_06 0.03 0.04 1.64 
pw1011_03 0.04 0.69 
pw1_07 0.06 0.35 1.57 
pw1_7 0.08 0.69 
Lake Cadagno pore fluids 
core J (June 2006): 7.5+8.0cm 1.60 0.07 4 
pw67_01 0.09 -0.02 1.21 
pw6_7_01 11.47 -35.66 
pw67_06 0.04 0.15 1.49 
pw67_07 0.05 0.10 1.35 
PW6_7_02 10.24 105.34 
pw67_03 0.05 0.88 
pw6-7_03 0.08 0.32 1.19 



188 
 

Lake Cadagno pore fluids 
core J (June 2006): 
10.0+11.3cm 1.31 0.28 4 
pw89_01 0.17 0.10 
pw89_04 0.04 -0.05 1.07 
pw89_03 0.05 0.01 1.11 
pw89_02 0.05 0.73 
pw8-9_02 0.02 0.45 1.17 
Lake Cadagno pore fluids 
core J (June 2006): 
12.5+13.75cm 1.12 0.10 3 
pw10-11_02 0.05 0.27 0.83 
pw1011_01 0.01 0.14 1.11 
pw1011_04 0.01 -0.05 1.00 
pw1011_03 0.04 0.03 1.02 
pw10_11_2 0.04 0.22 0.91 
Lake Cadagno pore fluids 
core J (June 2006): 17.5cm 0.97 0.21 5 
pw14_02 0.03 0.37 0.95 
pw14_01 0.03 -0.03 0.97 
pw14_05 0.05 -0.06 0.98 
pw14_04 0.05 0.03 0.98 
pw14_03 0.03 0.75 
pw14_2 0.03 -0.29 0.96 
Lake Cadagno pore fluids 
core J (June 2006): 20cm 0.97 0.03 5 
pw16_01 0.04 -0.02 1.23 
pw16_04 0.03 0.02 1.29 
pw16_03 0.06 0.02 1.27 
pw16_02 0.04 0.93 
Lake Cadagno pore fluids 
core J (June 2006): 
21.3+22.5cm 1.26 0.06 3 
pw1718_01 0.03 -0.06 1.32 
pw1718_03 0.05 0.07 1.45 
pw1718_04 0.06 -0.10 1.31 
pw17_02 0.04 0.99 
Lake Cadagno water column 
August 2007: 12.1m using 
vacuum filtration 1.36 0.16 3 
LCA12VAC_01 0.05 0.90 1.30 
LCA12-1vac_02 0.19 -0.25 
LC12-1vac_03 0.17 -0.33 
LCA12vac_4 0.18 -0.92 
Lake Cadagno water column 
August 2007: 12.1m using 
anaerobic pressure filtration 1.30 

####
####

# 1 
LCA12R2D2_01 0.00 13.33 
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LCA12-1r2d2_03 0.06 -0.22 1.28 
LCA12R2D2_02 0.05 -0.20 1.23 
LC12-1r2d2_03 0.06 -0.35 1.44 
LCA12r2d2_4 0.02 -0.50 1.33 
Lake Cadagno water column 
August 2007: 7m 1.32 0.18 4 
LCA_A_01 0.06 0.70 
LCA_A_02 0.03 -0.07 0.98 
LCA-A_03 0.04 -0.25 0.95 
LCA-A_04 0.02 -0.22 0.88 
LCA-A_4 0.02 -0.29 0.88 
Lake Cadagno water column 
August 2007: 9m 0.92 0.10 4 
LCA_B_01 0.05 0.64 
LCA-B_02 0.01 -0.95 
LCA-B_03 0.01 -0.30 0.92 
LCA-B_04 0.05 -0.18 0.88 
LCA-B_4 0.03 -0.22 0.99 
Lake Cadagno water column 
August 2007: 10.3m 0.93 0.11 3 
LCA_C_01 0.66 -0.99 
LCA-C_02 0.02 -0.64 
LCA-C_03 0.03 -0.34 0.90 
LCA-C_04 0.01 -0.10 1.10 
LCA-C_4 0.03 -0.20 1.00 
Lake Cadagno water column 
August 2007: 11.0m 1.00 0.19 3 
LCA_D_01 0.10 0.90 1.33 
LCA-D_02 0.03 -0.40 1.30 
LCA-D_03 0.02 -0.23 1.33 
LCA-D_04 0.03 -0.25 1.22 
LCA-D_4 0.06 -0.32 1.16 
Lake Cadagno water column 
August 2007: 11.8m 1.27 0.15 5 
LCA_E_01 0.02 1.22 
LCA-E_02 0.02 -0.47 1.58 
LCA-E_03 0.06 -0.28 1.45 
LCA-E_04 0.04 -0.15 1.46 
LCA-E_4 0.05 -0.29 1.47 
Lake Cadagno water column 
August 2007: 12.5m 1.49 0.12 4 
LCA_F_01 0.08 1.20 
LCA-F_02 0.10 -0.78 
LCA-F_03 0.07 -0.34 1.67 
LCA-F_04 0.05 -0.16 1.73 
LCA-F_4 0.06 -0.28 1.64 
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Lake Cadagno water column 
August 2007: 15.0m 1.68 0.09 3 
LCA_G_01 0.03 1.69 
LCA-G_02 0.05 -0.42 1.71 
LCA-G_03 0.05 -0.33 1.67 
LCA-G_04 0.07 -0.12 1.59 
LCA-G_4 0.08 -0.45 1.45 
Lake Cadagno water column 
August 2007: 19.0m 1.61 0.23 4 
LCA_H_01 514.32 111.70 
LCA-H_02 0.04 -0.59 
LCA-H_03 0.07 -0.28 1.75 
LCA-H_04 0.05 -0.17 1.71 
LCA-H_4 0.04 -0.08 1.72 
Alum shale, Andrarum-3 drill 
core: Depth 3m 1.72 0.04 3 
Alum0300_01 0.05 -0.15 1.56 
Alum0300_02_042308PM 0.04 -0.37 1.20 
Alum300_03 0.03 -0.22 1.59 
Alum300_03 0.12 -0.22 
ALUM 3.00_04 0.04 -0.22 1.44 
Alum shale, Andrarum-3 drill 
core: Depth 7.6m 1.45 0.36 4 
Alum0760_01 0.05 -0.20 0.84 
Alum0760_02_042308PM 0.07 -0.39 outlier 0.35 
Alum760_03 0.04 -0.28 0.82 
Alum760_03 0.06 -0.28 outlier 1.01 
ALUM 7.60_04 0.02 -0.28 0.96 
  0.80 0.53 5 

Alum shale, Andrarum-3 drill core: Depth 7.6m replicate without outliers 0.88 0.15 3 
Alum760b_01 0.01 -0.28 1.09 
Alum760b_02 0.06 -0.28 0.92 
Alum760_b_03 0.00 -0.28 1.02 
Alum shale, Andrarum-3 drill 
core: Depth 10.54m 1.01 0.17 3 
Alum1054 0.07 -0.16 1.33 
Alum1054_03 0.03 -0.23 1.39 
Alum1054_03 0.13 -0.23 1.39 
ALUM 10.54_04 0.03 -0.23 1.32 
Alum shale, Andrarum-3 drill 
core: Depth 11.28m 1.35 0.08 3 
Alum1128_01 0.11 -0.06 
Alum1128_03 0.03 -0.18 1.12 
Alum1128_03 0.26 -0.18 
Alum shale, Andrarum-3 drill 
core: Depth 11.78m 1.12 1 
Alum1178_01 0.06 -0.15 1.02 
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Alum1178_03 0.09 -0.39 0.94 
Alum1178_03 0.12 -0.39 
ALUM 11.78_04 0.03 -0.39 0.98 
Alum shale, Andrarum-3 drill 
core: Depth 12.00m 0.98 0.09 3 
Alum1200_01 0.04 -0.13 0.83 
Alum1200_03 0.04 -0.24 0.78 
Alum1200_03 0.15 -0.24 
Alum shale, Andrarum-3 drill 
core: Depth 13.00m 0.81 0.08 2 
Alum1300_01 0.01 -0.09 1.49 
Alum1300_03 0.01 -0.29 1.40 
Alum1300_03 0.15 -0.29 
Alum shale, Andrarum-3 drill 
core: Depth 13.70m 1.44 0.12 2 
Alum1370_01042308PM 0.01 0.01 1.29 
Alum1370_03 0.03 -0.22 1.36 
Alum1370_03 0.11 -0.22 
Alum shale, Andrarum-3 drill 
core: Depth 21.09m 1.33 0.10 2 
Alum2109_01042308PM 0.01 -0.10 0.76 
Alum2109_03 0.01 -0.31 0.78 
Alum2109_03 0.07 -0.22 0.88 
Alum shale, Andrarum-3 drill 
core: Depth 23.60m 0.81 0.13 3 
Alum2360_01042308PM 0.09 -0.08 1.10 
Alum2360_03 0.05 -0.45 0.94 
Alum2360_03 0.06 -0.45 1.00 
Alum shale, Andrarum-3 drill 
core: Depth 27.29m 1.02 0.16 3 
Alum2729_01042308PM 0.03 -0.11 0.42 
Alum2729_03 0.02 -0.32 0.40 
Alum2729_03 0.02 -0.32 0.34 
Alum shale, Andrarum-3 drill 
core: Depth 31.06m 0.39 0.08 3 
Alum3106_01042308PM 0.00 0.09 0.83 
Alum3106_03 0.02 -0.22 0.75 
Alum3106_03 0.31 -0.22 
ALUM 31.06bare 0.02 -0.22 0.71 
Alum shale, Andrarum-3 drill 
core: Depth 4.43m 0.76 0.13 3 
Alum79_01 0.08 -0.07 1.10 
Alum79_02 0.03 -0.11 1.17 
Alum79_03 0.06 -0.22 1.17 
Alum shale, Andrarum-3 drill 
core: Depth 5m 1.15 0.09 3 
Alum78_01 0.03 -0.12 0.95 
Alum78_02 0.03 -0.03 1.19 
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Alum78_03 0.02 -0.03 1.12 
Alum shale, Andrarum-3 drill 
core: Depth 6.5m 1.09 0.25 3 
Alum75_01 0.07 -0.12 0.98 
Alum75_02 0.04 -0.17 1.03 
Alum75_03 0.29 -0.17 
Alum shale, Andrarum-3 drill 
core: Depth 8.5m 1.01 0.07 2 
Alum71_01 0.08 -0.07 0.99 
Alum71_02 0.03 -0.14 1.07 
Alum71_03 0.02 -0.14 1.08 
Alum shale, Andrarum-3 drill 
core: Depth 10m 1.05 0.10 3 
Alum68_01 0.05 -0.15 1.28 
Alum68_02 0.02 -0.21 1.31 
Alum68_03 0.05 -0.21 1.34 
Alum shale, Andrarum-3 drill 
core: Depth 12m 1.31 0.06 3 
Alum64_01 0.09 -0.06 0.95 
Alum64_02 0.07 -0.14 1.01 
Alum64_03 0.03 -0.14 0.87 
Alum shale, Andrarum-3 drill 
core: Depth 14m 0.94 0.13 3 
Alum60_01 0.02 0.00 1.41 
Alum60_02 0.06 -0.12 1.44 
Alum60_03 0.06 -0.12 1.38 
Alum shale, Andrarum-3 drill 
core: Depth 15m 1.41 0.06 3 
Alum58 0.04 -0.01 1.09 
Alum58_02 0.03 -0.22 0.98 
Alum58_03 0.00 -0.22 0.98 
Alum shale, Andrarum-3 drill 
core: Depth 16m 1.02 0.13 3 
Alum56_01 0.01 -0.02 1.19 
Alum56_02 0.02 -0.20 1.14 
Alum56_03 0.03 -0.22 1.11 
Alum shale, Andrarum-3 drill 
core: Depth 18m 1.15 0.07 3 
Alum52_01 0.06 -0.17 1.18 
Alum52_02 0.04 -0.27 1.17 
Alum52_03 0.02 -0.27 1.30 
Alum shale, Andrarum-3 drill 
core: Depth 19m 1.22 0.15 3 
Alum50_01 0.03 -0.09 0.88 
Alum50_02 0.04 -0.21 0.81 
Alum50_03 0.03 -0.21 0.89 
Chuar Group mudrocks 
(black shales), Sixty-Mile 0.86 0.08 3 
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Canyon: 2m below Walcott 
base 
C3D_01 (AK106013) 0.36 -0.11 0.61 
C3D_02 0.27 -0.11 0.64 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 6m above Walcott 
base 0.63 0.03 2 
C3E_01 (AK106016) 0.127 -0.11 1.06 
C3E_02 0.131 -0.11 0.94 
C3E_03 0.143 -0.11 0.94 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 9m above Walcott 
base 0.98 0.14 3 
C3F_01 (AK106019) 0.16 -0.11 0.45 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 145m above Walcott 
base 
C3G_01 (AK106028) 0.02 -0.11 0.96 
C3G_02 0.02 -0.11 0.86 
C3G_03 0.01 -0.11 0.86 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 150m above Walcott 
base 0.89 0.12 3 
AK106029_01_042308PM 0.01 -0.06 0.96 
AK106029_02 0.03 -0.12 0.83 
AK-10-60-29_03 0.55 -0.12 
AK-10-60-29_04 0.02 -0.12 0.81 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 175m above Walcott 
base 0.87 0.17 3 
12AK106031_01 0.02 -0.22 0.88 
AK106031_02 0.02 -0.11 0.76 
Alum31_03 AK106031 0.29 -0.12 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 175m above Walcott 
base replicate 0.82 0.17 2 
C4C_01 (AK106031b) 0.51 -0.11 0.95 
C4C_03 0.60 -0.11 0.81 
Chuar Group mudrocks 
(black shales), NE Flank of 
Nankoweap Butte: 235m 
above Walcott base 0.88 0.19 2 
C3C_02 (AK105313A) 0.50 -0.11 
C3C_02 0.08 -0.12 0.73 
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C3C_03 0.09 -0.12 0.69 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 202.2m above 
Walcott base 0.71 0.06 2 
AK106033 0.01 0.00 0.94 
AK106033_02 0.02 -0.13 0.82 
AK-10-60-33_03 0.35 -0.13 
AK-10-60-33_04 0.00 -0.13 0.66 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 210m above Walcott 
base 0.81 0.28 3 
08AK106034 0.09 -0.22 1.04 
AK106034_02 0.07 -0.10 0.91 
AK-10-60-34_03 0.34 -0.10 
AK-10-60-34_04 0.08 -0.10 0.77 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 215m above Walcott 
base 0.91 0.27 3 
AK106035_01 0.02 0.10 1.27 
AK106035_02 0.02 -0.13 1.00 
AK-10-60-35_03 0.23 -0.13 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 215m above Walcott 
base replicate 1.13 0.38 2 
C4E_01 (AK106035) 0.04 -0.13 1.13 
C4E_02 0.03 -0.13 1.03 
C4E_03 0.02 -0.13 1.02 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 217m above Walcott 
base 1.06 0.12 3 
AK106036_01 0.06 -0.27 0.88 
AK106036_02 0.03 -0.10 1.24 
AK-10-60-36_03 0.29 -0.10 
AK-10-60-36 0.04 -0.10 1.04 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 217m above Walcott 
base, replicate 1.05 0.37 3 
C4D_02 (AK106036b) 0.04 -0.10 1.10 
C4D_03 (AK106036b) 0.04 -0.10 1.20 
Chuar Group mudrocks 
(black shales), Sixty-Mile 
Canyon: 219.5m above 
Walcott base 1.15 0.14 2 
AK106039_01 0.01 0.06 1.16 
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Table A 7: δ98Mo values for samples measured using Zr-doping to correct for instrumental mass bias. 

  

AK106039_02 0.02 -0.15 0.86 
AK-10-60-39_03 0.23 -0.15 
Chuar Group mudrocks 
(black shales), NE Flank of 
Nankoweap Butte: 235m 
above Walcott base 1.01 0.43 2 
C3A_01 (AK105312) 0.03 -0.15 0.18 
C3A_02 0.02 -0.15 0.17 
C3A_03 0.03 -0.15 0.19 
Chuar Group mudrocks 
(black shales), NE Flank of 
Nankoweap Butte: 248.5m 
above Walcott base 0.18 0.02 3 
C3B_01 (AK105313) 0.06 -0.15 
C3B_02 0.02 -0.15 1.28 
C3B_03 0.04 -0.15 1.16 
C3B_04 0.06 -0.15 1.13 
Chuar Group mudrocks 
(black shales), NE Flank of 
Nankoweap Butte: 40m above 
Walcott base 1.19 0.16 3 
C3I_01 (AK105315) 0.04 -0.15 0.51 
C3I_02 0.03 -0.15 0.45 
C3I_03 0.03 -0.15 0.56 

Rock standard: SDO-1 0.51 0.10 3 
SDOjune08_01 0.03 -0.15 1.29 
  1.29 1 
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    Results      Data quality 
number 

of 
replicate 
analyses

Signal-
noise 
ratio Precision 

Spike-sample 
ratio 

Interference 
w/organics 

Sample Name δ98Mo 2 s.d. n 
95Mo 
(V) 

‰sd 
98Mo/95Mo 97Mo/98Mo ”99Ru(V)” 

Lake C water column, September 2006             

3.4m Ch3.4 0.85 0.55        0.07  1.73    0.000316 
3.4m Che3_1 0.85 0.27        0.21  1.71    0.000151 
3.4m Che3_1 0.92     0.27        0.17  1.72    0.000151 
3.4m   0.87 0.09 3         
3.4m, 
replicate MoSp1b_02 1.04 0.33        0.08  2.63    0.000022 
3.4m, 
replicate MoSp1b_03 1.11 0.21        0.14  2.63    0.000025 
3.4m, 
replicate   1.07 0.10 2         
10.4m MoSp2b_02 1.25 0.36        0.13  2.74    0.000035 
10.4m MoSp2b_03 1.28 0.22        0.14  2.75    0.000035 
10.4m   1.26 0.05 2         
10.9m MoSp11b_02 1.04 0.43        0.13  2.47    0.000172 
10.9m MoSp11b_03 1.40 0.29        0.13  2.48    0.000115 
10.9m   1.22 0.50 2         
11.2m MoSp12b_02 1.04 0.47        0.10  2.49    0.000209 
11.2m MoSp12b_03 1.46 0.30        0.12  2.50    0.000130 
11.2m   1.25 0.59 2         
11.4m MoSp3b_02 1.34 0.30        0.28  2.57    0.000116 
11.4m MoSp3b_03 1.42 0.17        0.18  2.57    0.000067 
11.4m   1.38 0.11 2         
11.7m MoSp4b_02 1.74 0.33        0.37  2.84    0.000048 
11.7m MoSp4b_03 1.59 0.19        0.18  2.85    0.000040 
11.7m   1.67 0.20 2         
12.4m MoSp5b_02 2.56 0.26        0.10  3.68    0.000113 
12.4m MoSp5b_03 2.11 0.17        0.36  3.68    0.000081 
12.4m   2.34 0.65 2         
16.4m MoSp7b_02 3.52 0.20       0.32  4.95   0.000660 
16.4m MoSp7b_03 1.90 0.15        0.58  4.96    0.000439 
16.4m   2.71 2.29 2         
19.4m MoSp8b_02 1.81 0.43        0.09  3.85    0.000648 
19.4m MoSp8b_03 1.32 0.27        0.17  3.86    0.000365 
19.4m   1.57 0.70 2         
Inflow 
(water fall) MoSp9b_02 0.86 0.29        0.11  2.59    0.000301 
Inflow 
(water fall) MoSp9b_03 1.25 0.19        0.15  2.59    0.000186 
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Inflow (water fall) 1.05 0.55 2         
Outflow 
(creek) MoSp10b_02 0.79 0.28        0.09  2.56    0.000203 
Outflow 
(creek) MoSp10b_03 1.09 0.18        0.13  2.57    0.000132 
Outflow 
(creek)   1.22 0.42 2         

Lake Cadagno water column June 2006             

3m LC3.0A2DS 0.93 0.48        0.12  1.68    0.000021 
3m LC3.0A2DS_02 0.97 0.24        0.14  1.68    0.000018 
3m LC3.0A2DS_02 0.80 0.16        0.38  1.61    0.000000 
3m   0.90 0.18 3         
                  

Lake Cadagno water column August 2007             

7m LCA-A_DS_03 0.87 1 0.20        0.13  2.79    0.000042 
9m LCA-B_DS_03 1.11 1 0.31        0.12  2.54    0.000060 
10.25m LCA-C_DS_03 1.08 1 0.19        0.19  2.82    0.000034 
11.0m LCA-D_DS_03 1.32 1 0.23        0.13  2.67    0.000082 
11.75m LCA-E_DS_03 1.41 1 0.18        0.13  2.30    0.000103 
12.5m LCA-F_DS_03 1.79 1 0.15        0.41  3.61    0.000232 
12.1m LCA-X_DS_03 1.84   1 0.37        0.12  2.17    0.000105 

Lake Cadagno sediment traps 54 days             

12m ST54_3B2_03 0.60 1.06        0.18  1.57    0.000541 
12m ST54B2_04 1.24 0.24        0.16  1.59    0.000126 
12m   0.90 0.90 2         
17m ST54_4C1_03 1.09   1 0.43 0.31 3.58    0.000820a 

 
Table A 8: δ98Mo derived using double spike correction for instrumental mass bias. Only these 38 out of 84 analyses 

meet the quality criteria. Many samples were overspiked. In all runs a rock standard reproduce accurately its true 
value to within <0.1‰.  
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